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ABSTRACT 
 
Seismic studies of interactions between the accretionary, tectonic, fluid flow, and sedimentary 




 The oceanic lithosphere makes up approximately two-thirds of the surface of the earth. 
Oceanic crust, which is underlain by lithospheric mantle, is formed at mid-ocean ridges and is 
shaped by a combination of igneous accretionary processes at and near the ridge axis, and post-
emplacement tectonic and hydrothermal processes as it evolves. Through time the crust is covered 
by sediments, sealing it from the overlying ocean, which influences hydrothermal circulation and 
cooling in the lithosphere below. Finally, oceanic lithosphere is subsumed at subduction zones. In 
this thesis I utilize seismic data to investigate the oceanic lithosphere from formation to near 
subduction using seismic datasets from the East Pacific Rise (EPR) and the Juan de Fuca (JdF) 
plate.  
 In my first chapter I investigate the hypothesis that eustatic sea level fluctuations induced 
by the glacial cycles of the Pleistocene influence mantle-melting at mid-ocean ridges (MORs) 
using a unique bathymetry and crustal thickness dataset derived from a 3D multi-channel seismic 
(MCS) investigation of the East Pacific Rise from 9°42’ to 57’N. The results of this study show 
variations in crustal thickness and bathymetry at timescales associated with Pleistocene glacial 
cycles, supporting the inference that mantle melt supply to MOR may be modulated by sea level 
variations. 
 Further investigations of the hypothesis that sea level variations may influence MOR 
dynamics are presented in appendices one and two. In appendix one I explore whether variations 
at the timescales of glacial cycles are apparent in MCS datasets from the intermediate spreading 
JdF ridge as well as bathymetry data from the fast spreading EPR. In appendix two I present a case 
study in which I re-examine the crustal thickness and bathymetry data from the northern EPR 
presented in chapter one in order to assess how fine-scale segmentation of the ridge axis appears 
in data, and compare different methodological approaches to describing MOR generated 
topography.  
 In my second chapter I present results from a wide-angle controlled source seismic 
experiment conducted along a transect crossing the JdF plate from ~20 km east of the axis at the 
Endeavour segment of the JdF ridge to the Cascadia margin off of Washington state. I utilize a 
joint refraction-reflection traveltime inversion to generate a two-dimensional tomographic Vp 
model of the sediments, crust and upper mantle. Analysis of this Vp model, along with 
characterization of the basement topography along the transect, reveals three intervals (spanning 
millions of years) of distinct crust and upper mantle properties indicating a spatially heterogeneous 
JdF plate which is interpreted as inherited from changes in the mode of accretion at the paleo-JdF 
ridge, differences in plate interior processes, and deformation near the subduction zone.  
 In my third chapter I present results of a MCS study of the sediment section conducted 
along a transect spanning ~350 km along the Cascadia margin from offshore southern Oregon to 
offshore Washington state. In this study I utilize prestack depth migrated MCS data to describe the 
reflectivity of the sediment section and invert for impedance and density. I also present results of 
amplitude variation with angle of incidence analysis conducted using pre-stack seismic gathers. 
Results indicate along margin variations in the characteristics of the sediments as well as complex 
changes in the stress state along the Cascadia margin. Synthesis of these analyses provides an in-
depth assessment of patterns of sedimentation and properties of the sediment section as it 
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 The global mid-ocean ridge is the largest volcanic chain on earth at which approximately 
60% of earth’s lithosphere is created. Despite the fascinating nature and geologic importance of 
mid-ocean ridges (MOR), they are relatively underexplored as compared to subaerial volcanoes. 
At MORs worldwide, tectonic plate separation leads to upwelling and melting of the underlying 
mantle, resulting in accretion of layered crust (e.g. Wilson et al., 2006). MOR generated crust is 
modified by brittle failure, with normal faults formed near the ridge axis in response to extensional 
stress contributing to the growth of abyssal hills (e.g. Macdonald et al., 1996; Bohnenstiehl & 
Kleinrock, 2000; Buck & Poliakov, 1998). As crust is passively rafted away from the ridge axis 
seawater circulates through altering the chemistry, mineralogy, and physical properties of the crust 
(e.g. Mottl and Wheat, 1994). Over time, sediments accumulate on top of oceanic crust amassing 
to be kilometers thick near the continents. Eventually, most oceanic plates are reincorporated into 
the deep mantle at subduction zones. The desire to understand each of these processes, from the 
birth of the plate at the MOR to its eventual subsumption at the subduction zone, is the driving 
force that motivated this thesis.  
 The fundamental structure of oceanic crust accreted at MORs is generated through 
magmatic processes at the ridge axis. Seismic, drilling, and mapping studies going back decades 
have shown that oceanic crust formed at intermediate and fast spreading ridges is composed of 
layers. The topmost layer corresponds to extrusive basalts underlain by the sheeted dike section, 
and below that, making up the majority of the crust, are gabbroic rocks. Seismic studies identify 
three layers of distinct velocity gradient (seismic layer 2A, 2B and 3) that approximately 
correspond with these three lithologic layers although the relationships, particularly at layer 
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boundaries, are complex (e.g. Karson, 1998; Christeson et al., 2007; 2019). At the base of the crust 
is the Mohorovičić Discontinuity (Moho), which marks the transition between the crust and the 
upper mantle. 
 A prominent geologic feature in the study of MOR generated crust are abyssal hills. These 
features, which cover the deep ocean floor, form at MOR and correspond with relatively regularly 
spaced ∼1 to 10 km wide fault-bounded bathymetric highs and lows oriented parallel to the ridge 
axis (e.g. Macdonald, 1982; Goff and Jordan, 1988). Models of abyssal hill formation fall into two 
end member groups: those that invoke primarily extensional faulting linked to seafloor spreading 
versus those that suggest magmatic cycles related to fluctuations in mantle melt supply (e.g. 
Kappel and Ryan, 1986; Carbotte and Macdonald, 1994; Macdonald, 1998; Buck et al., 2005).  
 In the near ridge region normal faulting is thought to play a significant role in shaping 
MOR generated crust, with faults generally confined to the topmost 3 km of the crust at fast-to-
intermediate spreading ridges and active up to a few tens of kilometers from the ridge axis (e.g., 
Macdonald et al., 1996; Bohnenstiehl & Carbotte, 2001). Further alteration of oceanic crust is 
facilitated through the thermally driven convection of seawater, beginning at the ridge axis and 
persisting as the crust ages for tens of millions of years (e.g. Carbotte & Scheirer, 2004). The 
majority of fluid flow through the crust occurs at low temperatures away from the ridge axis, at 
crustal ages > 1 Ma (Parsons & Sclater, 1977; Mottl & Wheat 1994; Stein & Stein, 1994). As the 
plate becomes covered in sediments, fluid pathways are sealed off from the overlying ocean, 
effectively eliminating new influxes of water to the plate. However, low temperature circulation 
is believed to continue to alter the upper crust even after complete sediment burial (Mottl & Wheat, 
1994).  Sediments accumulate atop oceanic plates over millions of years, often amassing to be 
many kilometers thick by the time the plate nears the subduction zone. The amount, composition, 
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and physical properties of incoming sediments play an important role in both the development of 
the accretionary wedges at subduction zones and in subduction zone processes. 
In this thesis I explore the interactions between the accretionary, tectonic, fluid flow, and 
sedimentary processes that impact the structure and properties of oceanic lithosphere. 
  In my first chapter I explore the hypothesis that melt supply to MOR may be modulated by 
glacially induced changes in sea level, resulting in variations in crustal thickness that may be 
expressed in bathymetric variations in abyssal hill spacing. In this study (as well as appendix two) 
I utilize a dataset derived from a 3-D multichannel seismic (MCS) survey of the EPR between 
9°42’ to 57’N. MCS data here provides a measure of crustal thickness (distance between the top 
of oceanic crust and the Moho), with processing detailed in Aghaei (2013). This unique dataset is 
the most complete high-resolution crustal thickness grid for any region in the oceans with a spatial 
resolution of 37.5 m. In addition to the crustal thickness data set, I also examine a coincident 25 m 
grid interval bathymetry dataset derived from the same experiment. Results of this chapter show 
that at the EPR, crustal thickness and bathymetry vary at timescales of 40 and 80-100 ka, similar 
to timescales at which the dominant sea level variations of the Pleistocene took place. I further 
show that sea level and crustal thickness are well correlated, with crustal thickness lagging sea 
level by ~45 ka, which aligns thick crust zones with the ∼100 ka periods of lower sea level. Sea 
level modulated mantle melting provides a plausible mechanism for observed variations at the 
EPR, however, results are complicated by accretion processes and faulting. This study was 
published in Earth and Planetary Science Letters as Boulahanis et al. (2020).  
In appendices one and two I further investigate the hypothesis that sea level variations may 
influence MOR melt supply using data from the fast spreading EPR and the intermediate spreading 
Juan de Fuca (JdF). In addition to the datasets described in chapter 1, at the EPR I utilize three 
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long bathymetric transects extracted from regional gridded swath sonar bathymetry data (Ryan et 
al., 2009). At the JdF I utilize two MCS datasets, the first includes three transects crossing the JdF 
ridge (Carbotte et al., 2008) and the second JdF dataset was collected as a part of the Ridge to 
Trench survey (Carbotte et al., 2013). Appendix one explores whether variations at the timescales 
of glacial cycles are apparent in MCS datasets from the intermediate spreading JdF ridge as well 
as bathymetry data from the fast spreading EPR. In appendix two I present a case study focused 
on the northern EPR assessing the impact of fine-scale segmentation of the ridge axis on crustal 
thickness and bathymetry, and comparing different methodological approaches to describing MOR 
generated topography. 
In my second chapter I utilize a seismic dataset extending from near the ridge axis of the 
Juan de Fuca Ridge to the Cascadia subduction zone in order to characterize the structure of the 
oceanic crust and upper mantle spanning an entire oceanic plate – evaluating how accretionary and 
tectonic processes have varied over the last ~8 Ma. This data was collected as a part of the JdF 
Ridge to Trench experiment, which collected three transects of coincident MCS and wide-angle 
seismic reflection and refraction data crossing the Juan de Fuca plate. In chapter two of this thesis 
I utilize data from the Washington transect, crossing the JdF plate from ~20 km east of the axis at 
the Endeavour segment of the JdF Ridge to the Cascadia margin off of Washington state. Wide-
angle data utilized in chapter two were acquired using short period ocean bottom seismometers, 
and I use joint reflection-refraction traveltime inversion to generate a two-dimensional 
tomographic Vp model of the sediments, crust and upper mantle. Results of this study show 
variations in velocities along the Washington transect indicating three regions of distinct crustal 
and upper mantle characteristics, with 2 regions of smoother basement topography and higher 
crustal/upper mantle velocities at 1-3.4 and 6-8 Ma and a region of rougher basement topography 
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and lower/more variable velocities at 3.4 to 6 Ma. Comparison with results from coincident seismic 
reflection imaging and a velocity model offshore Oregon indicates that the three intervals of 
distinct crust and upper mantle Vp structure found on the Washington transect are also present on 
the Oregon transect and coincide with changes in spreading rate history. These results suggest that 
crustal and upper mantle properties are partially controlled by accretionary processes that are vary 
on the plate scale through time. This chapter is in preparation for publication. 
In my final chapter I utilize MCS data from the Margin transect of the Ridge to Trench 
experiment, which is located ~5-20 km seaward of the deformation front spanning approximately 
350 km along the Cascadia margin. In this study I utilize pre-stack depth migrated MCS data to 
describe the reflectivity of the sediment section and to invert for impedance and density. I further 
utilize pre-stack gathers to evaluate amplitude variation with angle of incidence within the 
sediment section. Results of these analyses support inferences that the amount of sediment coupled 
with the downgoing plate is variable along the Cascadia margin. I show that the decollement, the 
boundary between sediments accreted to the wedge and subducted with the plate, transitions from 
being ~1.5 km above the top of oceanic crust in the southern portion of our transect to being within 
500 m of the top of oceanic crust at 44°46’N. This transect crosses the Astoria and Nitinat fans, 
which results show have distinct sedimentary characteristics, with the Astoria fan characterized by 
more chaotic packages of sandy sediments and the Nitinat fan by more continuous layered horizons 
of mixed silt and sand. Results of this study further facilitate the characterization of properties of 
the sediments prior to subduction from central Oregon to Washington, spanning regions of marked 






Do sea level variations influence mid-ocean ridge magma supply? 
A test using crustal thickness and bathymetry data from the East 
Pacific Rise. 
 
This chapter has been published in the following paper: 
Boulahanis, B., Carbotte, S. M., Huybers, P. J., Nedimović, M. R., Aghaei, O., Canales, 
J. P., & Langmuir, C. H. (2020). Do sea level variations influence mid-ocean 
ridge magma supply? A test using crustal thickness and bathymetry data from the 
East Pacific Rise. Earth and Planetary Science Letters, 535, 116121.  
 
1.1. Abstract 
Recent studies suggest that eustatic sea level fluctuations induced by glacial cycles in 
the Pleistocene influence mantle-melting and volcanic eruptions at mid-ocean ridges, with 
models predicting variations in oceanic crustal thickness and seafloor bathymetry linked to 
sea level change. Analyses of seafloor bathymetry have found evidence of significant 
spectral energy at frequencies consistent with Milanković cycles of 1/23, 1/41, and 1/80 -
1/120 ka-1. However, other studies emphasize the need for crustal thickness observations 
to test the “sea level hypothesis”.  
Here we investigate the hypothesis of climate driven periodicity in mid-ocean ridge 
magmatism through analysis of a unique bathymetry and crustal thickness dataset derived 
from a 3D multi-channel seismic investigation of the East Pacific Rise from 9°42’ to 57’N. 
Crustal thickness data spans the last ~235 ka in age and reveals three axis-parallel zones of 
200-800 m thicker crust. The amplitude and spacing of these thick crust ridges, which are 
most prominent on the east flank of the ridge, are consistent with predictions of sea level 
modulated mantle melting. Similarly spaced ridges are apparent in the longer duration (470 
ka) seafloor bathymetry data. Spectral analysis of these datasets shows peaks centered near 
1/80 ka-1 and locally near 1/41 ka-1 on the east flank in both bathymetry and crustal 
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thickness. West flank spectral results show intermittent peaks near 1/100 ka-1 and 1/41 ka-
1 in crustal thickness and no coherent peak frequencies in bathymetry data. We attribute 
differences between the east and west flank to the impacts of spatially variable asymmetric 
spreading and small changes in the locus of accretion. Observed half spreading rates are 
dominantly faster to the east with small ridge jumps transferring crust from the west flank. 
Lagged cross-correlations between sea level and crustal thickness indicate a maximum 
when the latter is lagged by ~45 ka, which align thick crust zones with the ~100 ka periods 
of lower sea level. Crustal thickness is also directly compared with seafloor bathymetry, 
indicating a component of compensated topography with RMS relief at the seafloor of 10 
to 29% of crustal thickness variations. However, complexity inherited from variable 
asymmetric spreading and seafloor faulting is also apparent, and results provide new 
insights into how the crustal accretion filter modulates the recording of magma supply 
variations in the crust and in seafloor relief.  
 While the significance of the statistical analysis of these ridge records is limited by 
the short duration of the available crustal thickness dataset and effects of asymmetric 
spreading, the novel observations of crustal thickness varying at timescales of ~ 80-100 ka 
require a mechanism, and the sea level hypothesis provides a plausible explanation.   
1.2 Introduction 
The abyssal hills that cover the deep ocean floor are the most common morphologic 
features on earth’s surface (e.g. Macdonald et al., 1996). These structures form at Mid-
Ocean Ridges (MORs) and correspond with relatively regularly spaced ~1 to 10 km wide 
fault-bounded bathymetric highs and lows oriented parallel to the ridge axis (e.g. 
Macdonald et al., 1982; Goff, 1988). Models of abyssal hill formation fall into two end 
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member groups: those that invoke primarily extensional faulting linked to seafloor 
spreading versus those that suggest magmatic cycles related to fluctuations in mantle melt 
supply (e.g. Kappel and Ryan, 1986; Carbotte and Macdonald, 1994; Macdonald, 1998; 
Buck et al., 2005). Extensional faulting models are generally favored. However, recent 
studies have led to renewed debate concerning the origin of these features, suggesting that 
variations in melt supply to MORs due to glacially modulated fluctuations in sea level 
contribute to abyssal hill relief (Huybers and Langmuir, 2009; Lund and Asimow, 2011; 
Crowley et al., 2015). A related hypothesis is that both direct orbital forcing and sea level 
change may contribute to the frequency of seafloor eruptions, which generate the extrusive 
layer of oceanic crust and contribute to abyssal hill topography (Tolstoy, 2015).  
Glacial-interglacial cycles during the Pleistocene account for a transfer of 5x1019 kg of 
water between continental ice sheets and the ocean, leading to eustatic sea level variations 
on the order of 100 m (e.g. Tushingham and Peltier, 1991). Models of mantle melting 
beneath MOR predict that changes in lithostatic pressure associated with sea level rise and 
fall of this magnitude will result in variations in decompression melting in the mantle of 
±10% (Crowley et al., 2015). The effect of sea level variations on MOR magmatic systems 
could lead to variations in hydrothermal metal fluxes (Lund and Asimow, 2011; Lund et al., 
2016; Middleton et al., 2016; Costa et al., 2017), ridge CO2 emissions (Burley and Katz, 
2015; Tolstoy, 2015; Huybers and Langmuir, 2009; 2017; Cerpa et al., 2019), frequency 
of seafloor eruptions (Tolstoy, 2015; Lund et al., 2018), and oceanic crustal thickness 
(Crowley et al., 2015). If variations in crustal thickness contribute to abyssal hill 
topography through isostatic or flexural compensation then temporal modulations in 
mantle melt supply to the crust may be expressed in the width and height of abyssal hills. 
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As a test of the proposed relationship between glacial cycles and abyssal hill 
topography, Crowley et al. (2015) employed spectral analysis of bathymetry records from 
a portion of the Australian-Antarctic Ridge and found that abyssal hill topography is 
periodic at the Milanković frequencies associated with sea level variations of ~1/100 ka-1, 
1/41 ka-1, and 1/23 ka-1. Tolstoy (2015) analyzed bathymetry from the southern East Pacific 
Rise (EPR) and found evidence for periodic variations at 1/100 ka-1.  
Other studies, based on numerical models of MOR faulting as well as statistical 
characterization of abyssal hill relief, conclude that the periodic signals detected in recent 
spectral studies are more likely to reflect fault-growth processes rather than temporal 
fluctuations in mantle melt supply (Olive et al. 2015; Goff, 2015). Olive et al. (2015) 
present a simple tectono-magmatic model of abyssal hill formation by faulting that predicts 
changes in dominant fault spacing with spreading rate, that are broadly consistent with 
prior observations of abyssal hill characteristics. A recent global-scale study showed that 
averaging seafloor bathymetry over large regional areas as a function of crustal age in order 
to suppress expected random variability (e.g. due to faulting and seafloor volcanism) shows 
no statistically significant indication of climate driven variations in bathymetry (Goff et al., 
2018).  
A number of crustal emplacement processes are expected to act as a low-pass filter on 
how the flux of magma from the mantle is recorded in crustal properties. These include 
volcanic eruptions, where lava flows can extend 1 km or more from the axis (e.g. Soule et 
al., 2007), and the damping effects of the 4-6 km wide magma storage zone within the 
lower crust inferred from seismic studies (Dunn et al., 2000; Canales et al., 2012). Olive 
et al. (2015) suggest that volcanic eruptions and faulting contribute most directly to 
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seafloor relief and will effectively overprint any temporal fluctuations in mantle melt 
supply, making the influence of Milanković-period variations, if they exist, undetectable 
in seafloor bathymetry.  
Oceanic crustal thickness provides a direct measure of magma flux to the crust over the 
width of the active accretion zone. At fast spreading ridges, predicted crustal thickness 
variations due to sea level modulated mantle melt supply (on the scale of hundreds of 
meters) are an order of magnitude larger than the typical seafloor relief (tens of meters) 
and should be readily detectable in crustal thickness records of sufficient resolution. 
Further, the effects of seafloor faulting and volcanic overprint that dominate abyssal hill 
topography will have less impact on crustal thickness records. Hence, analysis of crustal 
thickness provides arguably the best and most direct test of the hypothesis that production 
of oceanic crust is modulated by glacially driven sea level variations. In this study, we 
utilize a unique high-resolution crustal thickness and bathymetry data set from the fast 
spreading northern EPR derived from 3D multi-channel seismic imaging in order to 
investigate the sea level hypothesis. This dataset provides a near complete image of the 
base of the crust to ages of 235 ka on average, and reveals three ridge-parallel zones of 
thicker crust spaced ~ 80 ka apart. Co-located high-resolution bathymetry data are available 
to crustal ages of ~ 470 ka and reveal lineated ridges of similar spacing. We utilize spectral 
analysis, cross-correlations, and evaluation of root-mean square relief to further 
characterize the variability in these datasets, examine correlations between crustal 




2. Study Area 
Our study is centered on the EPR from 9°42`N to 9°57`N (Fig. 1) where the Cocos and 
Pacific places are spreading apart at a half rate of ~ 55 mm/yr (Carbotte & MacDonald, 
1992). The region crosses the youngest of the Lamont Seamounts (Sasha seamount) in the 
northwest and a portion of the volcanic flow field associated with the Watchstander 
seamounts in the northeast (Fornari et al., 1998; Macdonald et al., 1982). Off-axis melt 
bodies in the crust have been detected in the region on both ridge flanks (Canales et al., 
2012). Three previously identified fine-scale discontinuities are located along the ridge axis 
centered at ~9°44’N 9°48-49’N and 9°51.5’N with a fourth extending beyond the northern 
end of our study region from 9°56’-58’N (Haymon et al., 1991; White et al., 2002, 2006; 
Haymon and White, 2004; Carbotte et al., 2013). Seismic imaging shows disruptions in 
the mid-crust axial magma lens (Carbotte et al., 2013) and local zones of lower and higher 
melt content in the uppermost mantle melt reservoir (Toomey et al., 2007) from which 
along-axis segmentation of the modern day magmatic system from crust to upper mantle 
is inferred (Marjanovic et al., 2018). 
Previous studies of crustal thickness in the region include a 2D study conducted in the 
1980s that revealed small variations (few 100 m) in crustal thickness along crustal flow-
lines, from which near steady-state accretion was inferred (Barth and Mutter, 1996). A 
later regional tomography study was conducted which revealed long-wavelength crustal 
thickness variations over 10’s of kilometers primarily in the ridge-parallel direction 
(Canales et al. 2003). In 2008 a 3D multi-channel seismic (MCS) study was conducted, 
providing the highest resolution image of the base of the crust of anywhere in the global 
oceans (Aghaei et al., 2014). For their study, Aghaei et al (2014) used post-stack time 
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migration (Post-STM) imaging and were able to identify Moho in 87% of the imaged 
volume in contrast to the intermittent Moho imaged in prior 2D studies in the region 
(Supplemental text 1). 
3. Crustal Thickness and Bathymetry Data 
The data used for the current study were derived from the same 3D MCS investigation 
but using crustal thickness derived from more advanced analysis using 3D Kirchhoff pre-
stack time migration (Pre-STM) (Aghaei, 2013) which yields more accurate imaging in 
regions of complex structure. The input to the Pre-STM was the full 3D data set with the 
output grid of 6.25 m in the cross-axis direction and 300 m in the along-axis direction. The 
Pre-STM provides further improvement in imaging over the earlier Post-STM results with 
Moho identified in 92% of the imaged volume. However, the more significant advantage 
over the prior study is for the crustal thickness estimation derived from the Moho picks, 
which makes use of the detailed 3D velocity model obtained from Pre-STM to convert 
crustal travel-times to crustal thickness. This velocity model is obtained directly from the 
MCS dataset using the migration velocity analysis method and exploits the high MCS data 
density to provide a much more accurate model than the 2D OBS-derived model used in 
the Aghaei et al. (2014) study (Supplemental text 1). 
In addition to the crustal thickness data set, we also examine a coincident 25 m grid 
interval bathymetry dataset derived from the same experiment. This dataset is of higher 
resolution than the prior bathymetry data available for the region and is derived by gridding 
the multiple passes of redundant coverage multi-beam swath sonar data acquired 




Crustal thickness data reveal a series of lineated, ridge-parallel zones of alternating 
thicker and thinner crust that extend for much of the study area (Fig. 1B). On the east flank 
of the EPR, three prominent Thick Crust Regions (TCRs) of 200-800 m thicker crust are 
present, each ~2-3 km wide (Fig. 1B). Where crustal thickness data extends farthest from 
the ridge axis there is evidence of a fourth band of thicker crust measuring at least 2 km 
wide (centered at ~9°47’N).  
On the west flank, three TCRs can also be identified but 2 of the 3 are more intermittent 
than those on the east flank (Fig. 1B). TCR 1 is located closer to the modern ridge axis 
with less along-axis continuity than its east flank counterpart and is narrower (~1.5 km 
wide). The second west flank TCR is ~4 km wide and up to 800 m thicker than adjoining 
crust. TCR 3 is intermittently identified south of Sasha Seamount, and corresponds with a 
narrow (~0.5 km) band of ~200 m thicker crust than the surrounding region.  
On both ridge flanks the along-axis continuity of the three TCR are interrupted, 
defining a v-shaped zone of offset ridges that is centered about the ridge axis at ~9°49’N. 
This location coincides with one of the small discontinuities in the modern axial zone and 
in the crustal magmatic system below (Fig. 1). The presence of this ridge flank 
discontinuity zone indicates this small ridge offset has persisted in the region, migrating 
north along the ridge axis through time. 
Seafloor bathymetry in the region is typical of magmatically robust regions of fast 
spreading crust and shows numerous ridge-parallel faults with offsets of tens of meters.  A 
prominent ~3 km wide axis-parallel ridge is also evident on the east flank extending north 
of ~9°44’N (Fig. 1A).  In order to better highlight the intermediate scale variations in 
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bathymetry on these length scales, we remove the long wavelength trends associated with 
the shallow axial high and seafloor subsidence (Fig. 2). 
 Filtered bathymetry indicates ridge parallel bands of shallower and deeper seafloor of 
similar widths as the TCRs. On the east flank, we identify 6 regions of shallow seafloor 
over the 25 km extent of our data, with peaks rising 20-60 m above average depths and 
widths of ~2 km. Much like TCR observations, bathymetry ridges are more laterally 
continuous on the east flank than on the west. West flank bathymetry shows 5 regions of 
shallow seafloor, with similar amplitudes but more variable widths (ranging 1-4 km) than 
on the east flank.   
3.2 Conversion to Crustal Age 
In order to assess the timescale of the quasi-periodic variations apparent in bathymetry 
and crustal thickness data, as well as to explore the potential relationship with the history 
of global sea level, the datasets are converted to crustal age. An age model is constructed, 
first using the location of the Brunhes-Matuyama (B/M) magnetic reversal at 780 ka (from 
Carbotte & Macdonald, 1992. Fig. S1). Utilizing this age model yields significantly 
different ages for TCRs across the two ridge flanks, suggesting asymmetric spreading that 
is not accounted for using spreading rates determined for the duration of the Brunhes period 
(Fig. 3A). In order to account for this asymmetric accretion, we generate a new age model 
assuming that conjugate TCRs on the two ridge flanks are coeval. We estimate ages along 
each TCR by identifying the peak in crustal thickness along each TCR (Fig. S2A), 
measuring the distance between conjugate TCR peaks along profiles oriented 
perpendicular to the ridge axis, and converting to age using the full spreading rate 
determined from the B/M reversal. This analysis yields average ages of 48 ± 9, 124± 15, 
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and 202 ± 16ka for TCRs peaks 1-3 respectively (Fig. 3A), indicating an average spacing 
of 77 ka. Average ages of the bathymetric ridges identified beyond the extent of our crustal 
thickness dataset are 306 ± 29, 371 ± 23, and 445 ± 4 (east flank only) respectively, yielding 
an average spacing of 80 ka over the 470 ka duration.  
Comparing the TCR ages generated using the B/M reversal with those assuming coeval 
TCRs provides a measure of average temporal uncertainties of 9 ± 2 ka in crustal ages (Fig. 
3A), which we attribute to variable asymmetric spreading. Half spreading rates calculated 
from the coeval TCR model indicate average differences of 20, 13, and 3 mm/yr for TCRs 
1, 2, and 3 respectively, with spreading on the east flank generally faster than the west (Fig. 
S2B). The amount and sense of spreading asymmetry also varies spatially along the ridge 
axis, with step-wise shifts broadly consistent with the ridge segmentation (Fig. 3B). It is 
likely that small (hundreds of meters to kilometer-scale) jumps in the locus of accretion 
within individual spreading segments contribute to the variable spreading asymmetry we 
infer in the study area. The zone of active crustal formation, as indicated by anomalously 
thin crust surrounding the ridge axis, is on average ~1.5 km wide in our study area (Fig 
1B). Small ridge jumps of ~ 0.5 km equivalent to the estimated average temporal 
uncertainty of 9 ± 2 ka would be readily accommodated within this crustal accretion zone.  
Given the significant evidence for variable asymmetric accretion we favor the coeval 
TCR age model and use this model for comparisons with the history of relative sea level 
(RSL) variations. Analyses using the age model determined using the B/M reversal only 
are also provided in the supplemental material (Figs. S3-S5) for comparison.  
3.3 Comparison with Relative Sea Level. 
We compare bathymetry and crustal thickness records with the RSL curve of Grant et 
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al. (2014), which provides a high-resolution record of sea level variations over the last 500 
ka. RSL is observed to vary at periodicities of ~ 1/23 ka-1, 1/41 ka-1 and between 1/80 ka-1 
and 1/120 ka-1 (e.g. Raymo, 1997). Variations in bathymetry and crustal thickness on the 
timescale of ~80 ka are therefore roughly of the same wavelength as long period ice age 
cycles evident in the RSL record.  
Comparing an example profile taken from our region of longest crustal thickness data 
with RSL (Fig. 4) indicates that two of three TCRs are roughly aligned with sea level highs 
and one with a low sea level period. East flank TCRs are of comparable widths and spacing 
to glacial cycles, as is TCR 2 on the west flank, but west flank TCRs 1 and 2 are narrower 
though comparably spaced. Bathymetry ridges are generally narrower than either glacial 
cycles or TCRs on both flanks. Shallow bathymetry regions 4 and 5 align with a transition 
from low to high RSL, while ridge 6 peaks in a period of low sea level. While bathymetry 
and crustal thickness ridges align in some places, there is significant misalignment in others. 
Comparison profiles for the entire study area are provided in supplemental figures S6 and 
S7.  
4. Statistical analyses of Crustal Thickness, Bathymetry and Correlations with 
Relative Sea Level  
4.1 Methods 
In order to examine regional variability profiles are extracted perpendicular to the ridge 
axis every 150 m along axis from the bathymetry data and every 300 m along axis from 
the crustal thickness data. Crustal thickness profiles extend up to a maximum of 16 km 
from the ridge axis corresponding to crustal ages of 310 ka, with an average profile length 
of 12.5 km (235 ka). Our high-resolution bathymetric data coverage extends further from 
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the ridge axis to 25 km (~ 470 ka). Prior to analyses we remove data from the presumed 
zone of active accretion, where MOR crust is still in the process of forming. In bathymetry, 
we exclude the shallow axial high, demarcated here as the region shallower than 2650 m. 
In crustal thickness data we exclude the zone of anomalously thin crust and intermittent 
Moho imaging bounding the ridge axis (crustal thickness values <= 5600 m, Fig. 1B). Prior 
to analysis, bathymetry data are also detrended by subtracting the square root of age in 
order to remove long-term trends associated with seafloor subsidence as newly formed 
lithosphere cools (e.g. Parsons and Sclater, 1977).    
Spectral analysis is undertaken using a windowed periodogram with a single discrete 
prolate spheroidal sequences taper (e.g. Percival & Walden, 1993). This approach is 
equivalent to the multitaper method used in Crowley et al (2015) but with use of a single 
taper due to the short duration of our time series. The data are prepared for spectral analysis 
by prewhitening, taking the first derivative of the data in order to reduce the slope of the 
background continuum, facilitating the identification of spectral peaks (ibid). There are a 
number of factors that contribute to frequency resolution and need to be considered in the 
interpretation of results. These include the dataset sampling interval, temporal uncertainties 
in the crustal age model, and the length/duration of the available data. 
The nominal spatial resolutions of both the crustal thickness (6.25 m and 37.5 m 
respectively in the ridge-normal direction) and bathymetry datasets should be adequate for 
resolving the range of Milanković cycles. However, the practical spatial resolution of the 
crustal thickness dataset will be much less than the nominal resolution given that the pre-
stack velocity analysis used to derive crustal thickness from crustal travel times is 
conducted on a coarser interval and making use of neighboring common image gathers up 
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to 1 km away (Aghaei, 2013). Based on this consideration, we conservatively do not 
interpret frequencies higher than 1/27 ka-1 (spatially < 1.5 km, Supplemental text 2) in 
crustal thickness spectra. 
In addition to issues of spatial resolution, uncertainty in the age model used to convert 
from distance to crustal age may impact results of spectral analysis. Temporal uncertainties 
estimated from comparison of Brunhes-Matuyama and coeval TCR ages are of order of 
±10 ka and are not uniform across the study area. Previous studies have shown how 
frequencies shorter than ~1/100 ka-1 may be difficult to detect with a temporal “jitter” of 
this magnitude (e.g. Huybers and Wunsch, 2004).  
The ability of spectral analysis to resolve frequencies of interest also depends on the 
duration of the time series available; at the lowest-resolved frequencies and using a 
minimum number of tapers, data spanning at least three cycles are needed for purposes of 
distinguishing between peaks and background variability (Percival & Walden, 1993). 
Given this constraint we expect the ~ 500 ka duration of our bathymetry dataset will be 
adequate to resolve Milanković periods of interest but the shorter crustal thickness dataset 
may be inadequate to resolve the longest ice age cycles with timescales of ~100 ka. To 
illustrate how the limited length of our dataset influences resolvable frequencies, we 
compute spectral estimates for varying durations of the sea level record. Results of spectral 
analysis of the RSL record, after limiting to ages of 200 to 500 ka (Fig. 5), show maximum 
spectral power near Milanković frequencies at all dataset lengths. At lengths of less than 
300 ka (comparable to our crustal thickness dataset), frequencies within the precession 
(1/22 - 1/25 ka-1) and obliquity (1/37 and 1/44 ka-1) bands are well resolved, and a broad 
weak band of power is observed between 1/77 and 1/143 ka-1 which spans but is wider than 
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the band of 1/80 to 1/120 ka-1 generally observed in climate records. There is also a band 
of weak power outside of Milanković frequencies centered at 1/65 ka-1 in spectra of profiles 
up to 425 ka in length. At lengths of 450 ka and greater (comparable to bathymetry data 
extent), spectral peaks become sharper and narrower with power at the longest frequencies 
more clearly focused from 1/83 ka to 1/112 ka-1. These results show how the limited length 
of our time series smears spectral peaks into broader regions of power (and weaker for the 
~1/100 ka-1 band), and provides a framework for interpreting spectral power in crustal 
thickness and bathymetry results.  
The relationships between RSL and crustal thickness are further explored using lagged 
cross-correlation analysis. We do not conduct coherence analysis between crustal thickness 
and RSL as it generally requires twice the tapers as multitaper spectral analysis (Percival 
and Walden, 1993), and a longer time series would be a requirement for assessing 
coherence. Profiles are filtered to frequencies between 1/10 ka-1 and 1/150 ka-1 to remove 
the presence of high frequency noise and long-term trends outside our frequencies of 
interest. Cross-correlations are calculated between RSL and crustal thickness profiles to 
determine the time offset, or lag, of best correlation. Correlations are calculated only in the 
direction of RSL change occurring prior to crustal thickness variation, and so lags in this 
analysis are positive in sign. Correlation results are plotted by latitude of the ridge axis 
intersection along each profile (Figs. 8 A&B). Example stacked profiles are plotted for 
each ridge flank bounding the regions where the highest correlations are observed with the 
calculated optimal time lag applied (Fig. 8C).  
Cross-correlations are also calculated between crustal thickness and bathymetry 
datasets following the same methods in term of distance from the ridge axis rather than 
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time (Figs. 9 A&B). Correlations are calculated in this case with positive lags indicating 
crustal thickness profiles are shifted to further from the ridge axis and negative indicating 
crustal thickness shifted closer to the ridge axis to match bathymetry. Maximum and mean 
correlation coefficients are reported as well as standard deviation (±). As a measure of the 
typical amplitude of variation in bathymetry and crustal thickness, we calculate the root 
mean square (RMS) height and thickness (Fig. 9C). The calculated RMS amplitudes for 
bathymetry and crustal thickness correspond to the average variation from the mean depth 
and thickness respectively.  
4.2 Results  
4.2.1 Spectral analysis 
 Results of spectral analysis of crustal thickness data are shown in figure 6. Crustal 
thickness spectra for the west flank indicate intermittent power centered at 1/100 ka-1 
(spanning 1/77 – 1/125 ka-1, Fig. 6A). From 9°47’N to 9°51’N power is centered at 1/44 
ka-1 and north of 9°51’N is broadly distributed. Crustal thickness spectra on the east flank 
show power focused along two main bands (Fig 6B). In the south, from 9°42’N to 9°47’N 
power is centered between 1/36 ka-1 and 1/63 ka-1. Increased spectral power is observed on 
the east flank from 9°43’N to 9°52’N centered at 1/83 ka-1 (spanning 1/67 to 1/125 ka-1). 
North of 9°52’N power is intermittent. 
West flank bathymetry spectra show little evidence of consistent frequencies of 
increased spectral power except at the northern end of our study area, where Sasha 
seamount dominates topography (Fig. 7A). East flank bathymetry spectra show increased 
spectral power south of 9°48’N spanning 1/30 to 1/50 ka-1, centered at ~ 1/41 ka-1 (Fig. 7B). 
North of 9°48’N power shifts to be centered at 1/77 ka-1 (spanning 1/66 to 1/90 ka-1). 
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Intermittent power is observed throughout bathymetry spectra from both flanks, with 
regions displaying increased power at ~1/25 ka-1. 
4.2.2 Correlations between crustal thickness and RSL 
Cross correlations between crustal thickness and RSL are variable but show good 
correlations at a dominant time lag of ~ 45 ka across much of the study region. The average 
lag of maximum correlation on the west flank is 46 ± 28 ka, with 66% of profiles displaying 
maximum correlations within that range (Fig 8A). Average peak correlation coefficients 
on the west flank are 0.43 ± 0.17, with maximum correlation coefficients of 0.74. The 
average lag of maximum correlation on the east flank is 44 ± 16 ka, with 77% of profiles 
displaying maximum correlations within that range (Fig. 8B). Average east flank peak 
correlation coefficients are 0.36 ± 0.12 with maximum correlation coefficients of 0.60. 
Shifting example profiles from each flank to the regional lag of best correlation aligns the 
dominant periods of thicker crust with the ~100 ka periods of lower RSL and thin crust 
during periods of high RSL (Fig. 8C).  
4.2.3 Comparisons between crustal thickness and bathymetry records 
Cross correlations calculated between crustal thickness and bathymetry indicate 
good correlations at lags near 0 offset for some of the study area, consistent with isostatic 
compensation. However, for much of the region maximum correlations are at non-zero 
offsets. West flank correlations between bathymetry and crustal thickness are variable 
along axis – good correlations are observed at an offset of approximately -2.25 km south 
of 9°45’N, with the negative lag indicating thickness data needs to be shifted to ridgeward 
to match bathymetry (Fig. 9A). Average west flank correlation coefficients are 0.55 ± 0.22, 
and maximum correlation coefficients are 0.95. The strongest east flank correlations are at 
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a negative lag of ~1.75 km found north of 9°46.5’ N (Fig. 9B). Average east flank peak 
correlation coefficients are 0.55 ± 0.17 with maximum correlation coefficients of 0.88.  
 On the east flank, bathymetric RMS amplitudes average 39 ± 10 m and for the west 
flank south of Sasha seamount bathymetric RMS amplitudes average 54 ± 11 m (Fig. 9C). 
East and west flank crustal thickness RMS amplitudes average 210 ± 37 m and 221 ± 79 
m respectively (Fig. 9D). On the east flank bathymetry RMS amplitudes average 19% of 
crustal thickness RMS amplitudes, whereas on the west flank bathymetry RMS amplitudes 
average 25% of crustal thickness RMS amplitudes.  
5. Discussion 
5.1 Testing the sea level hypothesis 
The high-resolution crustal dataset used in this study reveals a series of ridge-parallel 
bands, ~1.5-4 km in width, of alternating thicker and thinner crust (Fig. 1B, 2) particularly 
apparent on the east flank of the ridge axis. While the width and axis-parallel continuity of 
these thick/thin bands is less on the west flank, crustal thickness ridges of similar scale and 
periodicity as those on the east flank are observed. Temporal variations in mantle melt 
production and/or episodicity in melt delivery to the crust on short time intervals of ~80 ka 
are indicated.  
Simple models of depressurization mantle upwelling suggest sea level changes on the 
order of 100 m associated with the glacial cycles of the late Pleistocene could be associated 
with 10% changes in melt production, equivalent to 600 m for a 6 km average crustal 
thickness (Huybers and Langmuir, 2009; Lund and Asimow, 2011). More sophisticated 
mantle upwelling and melt transport models show the amplitude of the response depends 
on the frequency of the sea level forcing and spreading rate (Crowley et al, 2015; Burley 
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and Katz, 2015). The variations in crustal thickness of 200-800 m found on both flanks in 
our study (Fig. 1B) are consistent with these model predictions. Further, spectral analysis 
of crustal thickness data confirms the presence of ~ 1/80 ka-1 frequencies on the east flank 
and more intermittent ~1/100 ka-1 power on the west (Fig. 6). These periods are comparable 
to the long wavelength ice age cycles of the late Pleistocene. Spectral analysis also 
indicates intermittent crustal thickness variations at the ~1/41 ka-1 obliquity frequency, 
which are predicted by the numerical models of Crowley et al (2015) at fast spreading 
ridges.  
 In prior studies, primarily using geochemical observations, where temporal variability 
in crustal accretion processes are inferred, melting events due to convective instabilities in 
the upper mantle or presence of melting anomalies due to the mantle heterogeneities have 
been invoked (e.g. Batiza et al., 1996; Regelous et al., 1999). These and other crustal level 
processes, such as off-axis volcanism and the lateral flow of erupted lavas, (e.g., Sims et 
al., 2003) may contribute to our observation of temporal variability in crustal production. 
However, the findings of quasi-periodic crustal thickness variations consistent with model 
predictions in both amplitude and frequency are a novel observation that point to sea level 
variations as a potential modulating force in crustal production in this region.     
Results of cross-correlation analysis between crustal thickness and RSL (Fig. 8) 
provide further support for this hypothesis. In the Crowley et al. (2015) model, the 
generation of depressurization mantle melt anomalies is expected to be most sensitive to 
the rate of sea level change relative to the time required to deliver melt from depth to the 
surface. Cross-correlations calculated between crustal thickness and rate of sea level 
change (dRSL) are negligible, which may be attributed to the high frequencies that 
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dominate the rate of sea level change record (Fig. S8). Good lagged correlations between 
RSL records and crustal thickness are observed, which align the large amplitude crustal 
thickness changes with the lowest frequency glacial cycles.  
A quarter cycle time lag between sea level change and mantle melting response is 
expected, as well as further lags due to the time required for mantle melt perturbations to 
traverse the melting column, and the impacts of the finite width over which crust is formed 
(e.g. Lund and Asimow, 2011; Crowley et al., 2015; Burley and Katz 2015; Olive et al., 
2015; Tolstoy, 2015). The ~1.5 km (equivalent to ~14 ka) wide zone of accretion centered 
at the ridge axis may account for part of the dominant lag of ~ 45 ka between crustal 
thickness and RSL, implying a residual lag of ~ 30 ka attributable to mantle melting 
response and melt ascent times. The presence and magnitude of a lag beyond that due to 
the width of the accretion zone has important implications for the sea level model. However, 
our crustal thickness dataset is short and observed correlations with RSL are modest. Future 
studies with longer crustal thickness time series and in other regions will be needed to 
further explore these implications.  
5.2 Comparisons of spectral results for east and west flanks  
 Results of our spectral analysis indicate major differences between the east and 
west flanks that warrant further examination. While variations in bathymetry and crustal 
thickness on both flanks at similar long periodicities are evident from visual inspection, 
these similarities are less apparent in spectral analysis, particularly in bathymetry data. 
Spectrograms of east flank crustal thickness and bathymetry show evidence for a spectral 
peak centered at 1/80 ka-1 (Figs. 6A and 7A) and local regions with spectral peaks near 
1/41 ka-1. West flank crustal thickness spectral results also show regions of power centered 
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at slightly lower frequencies of  ~1/100 ka-1, though less consistent than the east flank, and 
little coherent signal in spectral analysis of bathymetry (Fig. 6B and 7B). We attribute these 
results to differences in ridge flank structure due to the variable spreading asymmetry 
inferred for the region.  
While conjugate bands of thicker crust are present on both ridge flanks, the TCR 
are not mirror image structures about the ridge but rather are mostly narrower, thinner and 
are more discontinuous features on the west flank than the east (Fig. 1B). Assuming the 
TCRs are coeval structures requires significant spreading asymmetry in the region, which 
has varied in sense and magnitude through time (Fig. 3B).  Small (hundreds of meters to 
kilometer-scale) jumps in the locus of accretion within individual spreading segments 
likely transfer of crust from the west to the east, contributing to the narrower and more 
discontinuous TCRs on the west flank. As a result of their inconsistent and narrow width, 
the ~ 80-100 ka spaced TCR on the west flank would be expected to be more difficult to 
detect as a long-wavelength signal in spectral analysis (Fig. S9).  
There are other geologic factors that may also contribute to differences in west and 
east flank structure including the off-axis volcanism associated with Sasha Seamount 
which has obscured ‘normal’ MOR topography and crustal thickness from the northern 
extent of our data to as far south as 9°50’N.  The ridge flank discontinuity, which disrupts 
the thick crust ridges on both sides of the ridge axis, corresponds with a wider zone of 
thinner crust on the west flank and likely accounts for the diminished along-axis continuity 
of the TCR in this region.  Overall however, we expect these factors to contribute less to 
differences in crustal spectra than the effects of the variable spreading asymmetry. 
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5.2 Seafloor Relief as a Record of Crustal Thickness Variations 
An important question arising from the recent studies of abyssal hill topography and 
the sea level hypothesis (Crowley et al., 2015; Tolstoy, 2015; Olive et al., 2015, Goff, 2015) 
is the nature of the relationship between seafloor relief and crustal thickness. In Crowley 
et al. (2015), the hypothesis that sea level variations result in changes in mantle melting 
and melt delivery to the crust is tested using seafloor bathymetry under the assumption that 
thicker crust is recorded in the bathymetric undulations of the seafloor through isostasy. 
For an Airy isostasy approximation, bathymetric variations that are 13-26% of crustal 
thickness variations are predicted for plausible crustal and mantle densities (Turcotte and 
Schubert, 2014).  
Seafloor RMS amplitudes of 25-51 m are measured in our study, except in the vicinity 
of Sasha Seamount (Fig. 9C), similar to previously reported values, (Goff, 1991 – 34 ± 4 
m to 56 ± 4 m) based on stochastic analysis of bathymetry in the region. These RMS 
amplitudes range from 10 to 29% of the observed RMS crustal thickness amplitudes, close 
to the percentages predicted for bathymetric relief due to isostatic compensation of crustal 
thickness.  
Cross-correlations calculated between crustal thickness and bathymetry show good 
correlations at zero offset in parts of our study (Fig 9A&B), as expected for direct isostatic 
compensation of seafloor topography. However, strong correlations at non-zero offsets are 
also found, with consistent patterns in the east flank dataset north of ~9°46.5’N.  In this 
region, maximum correlations are at offsets of -1.75 km with the sense of offset indicating 
a shift of crustal thickness ridges closer to the MOR to best align with the seafloor ridges 
above.  
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We attribute the non-zero offsets to differences in the width of the crustal accretion 
zone in the upper and lower crust and misalignment in the locus of accretion linked to 
asymmetric spreading. Dike intrusion, which is the dominant process in the formation of 
the upper crust, is believed to be narrowly focused within the few 100 m wide axial summit 
trough that bisects the shallow ridge axis high (e.g. Fornari et al., 1998). The crustal 
thickness dataset shows a wider region (~1.5 km) of thin crust bounding the ridge axis (Fig. 
1B), consistent with (albeit narrower than) the wider zone of distributed melt and high 
temperatures in the lower crust inferred from seismic tomography studies in the region 
(Dunn et al., 2000; Canales et al. 2012). Provided the loci of accretion in the upper and 
lower crust are aligned, periods of increased crustal production should result in collocated 
seafloor ridges and thick crust zones. However, small ridge jumps with misalignment of 
the locus of accretion in the upper and lower crustal could lead to offset bathymetry and 
crustal thickness ridges transported to the ridge flanks. The change from dominant offsets 
in the east flank data from near 0 to -1.75 km north of 9°46.5’N coincides with the observed 
ridge segmentation and is plausibly linked to small ridge jumps that have transferred crust 
to the east during asymmetric spreading in this region. 
Complexity in the relationship between bathymetry and crustal thickness is also evident 
in the differences in spectral signatures of the two parameters across the study region. 
Bathymetry spectrograms show more power at higher frequencies than crustal thickness 
records, which likely reflects both higher resolution imaging in bathymetry records 
compared to crustal thickness as well as the effect of faulting which dominates seafloor 
relief and is largely confined to the upper crust. Average fault spacing in the area measured 
from a comprehensive regional mapping study is 0.9 km ± 0.1 km (Carbotte and 
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Macdonald, 1994) and similar results are obtained using a subset of bathymetry data from 
our study (Fig. S10). Based on these observations we can attribute the diffuse spectral 
energy in bathymetry between 1/14 ka-1 and 1/20 ka-1 (equivalent to ~750 m – 1 km) to the 
dominant fault spacing (Fig. 7). The weak ~1/41 ka-1 signal apparent in bathymetry in the 
southern half of the east flank is consistent with the characteristic abyssal hill spacing 
measured in this region from prior analysis (Goff 1991, average of ~2.0 km) and likely 
reflects the spacing of the larger amplitude longer-lived faults (Olive et al., 2015). It is 
important to note, however, that faulting and variations in crustal magma supply may be 
closely linked (e.g. via crustal thermal structure, impact on crustal stress state). The 
presence of an intermittent 1/41 ka-1 signal in our crustal thickness data does not rule out 
magmatic variability on these length scales. Recent fault modeling studies show faulting 
driven by sea level modulated magma supply at the 41 ka periodicities (Huybers et al., 
2019).   
6. Conclusions 
High-resolution crustal imaging of a 25 km long region of the EPR extending to 
crustal ages of ~235 ka reveals three prominent ridge-parallel zones of 200-800 m thicker 
crust implying temporally variable crustal production in this region on ~80 ka time scales. 
Spectral analysis indicates peak frequencies near 1/80 to 1/100 ka-1, consistent with visual 
observations, as well as near 1/41 ka-1 in parts of the region. Both the amplitude and 
wavelengths of the crustal thickness fluctuations are consistent with models of mantle 
melting in response to sea level variations of the Pleistocene. Cross-correlations between 
crustal thickness and RSL indicate maximum correlation at lags of ~45 ka, which aligns 
the thick crust zones with periods of lower sea level. While other processes could contribute 
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to the fluctuations in crustal thickness observed in the region, glacially modulated mantle 
melting provides a plausible mechanism. Future high-resolution studies of crustal thickness 
that sample longer crustal ages and using modern longer offset streamers, providing further 
improvements in crustal velocity estimation, in other regions will be needed to further test 
the hypothesis.  
The availability of coincident high-resolution crustal thickness and bathymetry data 
provides the opportunity to examine the relationship between these two crustal properties 
and to address the question of if, and how, crustal thickness variations are recorded in 
bathymetry. Spectral analysis indicates similar spatial variations and similar longer 
wavelength peak frequencies in both datasets. The relative scales of seafloor and crustal 
thickness relief support a component of compensated topography. However, the data also 
indicate that the relationship between the two crustal properties is complicated. Cross-
correlations between bathymetry and crustal thickness show strong correlations in parts of 
the study area at non-zero offsets, which could reflect the different widths of the upper and 
lower crustal accretion zone and misaligned locus of accretion during the variable 
asymmetric spreading and related ridge jumps inferred for the region. Spectral analysis 
shows more power overall, though diffuse, at higher frequencies in bathymetry data, which 
we attribute to the effects of data resolution and ridge-flank faulting. From the combined 
observations we infer that bathymetry and crustal thickness variations are linked, but that 
the effects of faulting, asymmetric spreading and the variable width accretion zone 
complicate the record.  
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Figure 1. Seafloor bathymetry and crustal thickness data from the East Pacific Rise. A. 
Bathymetry with outline of region of crustal thickness data superimposed (white line). Sasha 
Seamount, located in the northwest corner of the study region, is indicated. Note that the 
bathymetry data used in analysis extends beyond the region shown to ~25 km from the ridge axis 
(Fig. 2). B. Map of crustal thickness from Aghaei, (2013). Numbers indicate thick crust regions 
(TCRs). Also shown is location of ridge axis (solid black line), previously identified ridge-axis 




Figure 2. Filtered seafloor bathymetry. Residual bathymetry filtered to remove long wavelength 
trends and highlight intermediate wavelength topography (pass band 75 m to 6.25 km). Numbers 
indicate interpreted intermediate-scale ridges of shallower bathymetry. Sasha Seamount and MIB 
Seamount are labeled; greyed region in south indicates data not included in analysis. Other 







Figure 3. Age models, half spreading rate, and percent asymmetry. A. Ages of crustal thickness 
peaks at each TCR (for full TCR peak locations, see Fig. S2A) calculated using the coeval TCR 
age model (magenta) and the Brunhes-Matuyama (B/M) based model for the west flank (bold 
black) and east flank (narrow black) of the ridge axis. Black dashed line is location of profile 
shown in Figure 4. Using the B/M age model, ages of the conjugate TCRs differ for each ridge 
flank, suggesting substantial asymmetric spreading that is not accounted for using the spreading 
rate determined for the duration of the Brunhes period (See section 3.2).B. Percent spreading rate 
asymmetry determined  from TCR age model compared with asymmetry calculated  from the 
Brunhes-Matuyama reversal. Colors as in legend. Asymmetry is calculated as the percent 
difference between half spreading rates (for TCRs 1, 2, 3 and the B/M) and the mean half spreading 
rate along each profile (~53 mm/yr), with positive values indicating a faster half spreading rate for 
the east flank. Average percent differences between half spreading rates are 19%, 13%, 3%, and 




Figure 4. Time series comparison of relative sea level (RSL), crustal thickness, and bathymetry. 
A. RSL (blue) from Grant et al. (2014), with grey bars indicating low RSL (glacial) periods as 
indicated by even Marine Isotope Stages. B. Example crustal thickness profile taken from period 
of longest data (see Fig. 3) after converting to crustal age using the Brunhes-Matuyama (B/M) 
regional magnetics model (See Section 3.3) with the east flank in red and west flank in maroon. 
This model results in age offsets between conjugate TCRs on the two flanks, particularly TCR1. 
C. Example crustal thickness profile as in B, but converted to crustal age using coeval TCR age 
model. East flank (red) and west flank (maroon) TCRs are better aligned with this model, with the 
location of peak TCRs indicated by black dots. D. East flank crustal thickness (red) and residual 
bathymetry (black), converted to age using the coeval TCR age model. On the east flank crustal 
thickness and bathymetry appear to covary, with periods of thick crust associated with shallow 
bathymetry. E. West flank crustal thickness (maroon) and residual bathymetry (black). On the west 
flank bathymetry and crustal thickness are less well aligned than the east, with little indication that 
the two are covarying. Black numbers indicate interpreted locations of crustal thickness and 




Figure 5. Spectral analysis of the relative sea level record at increasing dataset lengths. Analysis 
on the Grant et al., (2014) RSL record is undertaken using the multitaper method with a single 
taper. Spectral power is normalized between 0 and 1and shown in terms of frequency and dataset 
length (ka), with spectral power indicated by color. The red dashed line indicates the average 
crustal thickness dataset length (235 ka), the blue dashed line the average bathymetry dataset 
length (470 ka). Vertical black dashed lines indicate frequencies surrounding Milanković 
frequency bands where spectral power is increased at dataset lengths comparable to average crustal 
thickness profile length: surrounding the precession band between 1/22 and 1/25 ka-1, the 
obliquity band between 1/37 and 1/44 ka-1, and between 1/77 and 1/143 ka-1 which spans but is 
wider than the eccentricity band of 1/80 to 1/120 ka-1 (e.g. Raymo, 1997).  The distribution of 
spectral power near Milanković frequencies show how the limited length of our time series smears 
spectral peaks into broader regions, and provides a framework for interpreting spectral power in 




Figure 6. Normalized crustal thickness spectrograms. Spectrograms of western (A) and eastern 
flank (B) crustal thickness calculated using the multitaper method with a single taper on profiles 
extracted from full crustal thickness grids (Fig. 1B) after prewhitening (see Methods, 4.1) are 
shown plotted by latitude of the ridge axis crossing on each profile, with warmer colors indicating 
greater spectral energy. Black dashed lines indicate frequencies of increased power surrounding 
Milanković cycles as in Fig. 5. The grey shaded region on the west flank indicates the area in 
which the anomalously thick crust and shallow bathymetry in the area of Sasha Seamount 




Figure 7. Normalized bathymetry spectrograms. Spectrograms of western (A) and eastern flank 
(B) bathymetry calculated as for crustal thickness (Fig. 6) for profiles extracted from full 
bathymetry grid to average crustal ages of 470 ka (Figs. 1A & 2) and plotted by latitude of the 




Figure 8. Correlations between crustal thickness and relative sea level. Cross correlations are 
calculated between RSL (Grant et al., 2014) and crustal thickness on the west (A) and east (B) 
flanks, and plotted by lag time at latitude of profile intersection with the ridge axis, with color 
indicating correlation coefficient.  Profiles were extracted from crustal thickness grids and filtered 
to frequencies between 1/10 ka-1 and 1/150 ka-1 prior to correlation calculation (see Methods, 
4.1). Peak correlation for each profile is indicated with black dots. Correlations are calculated only 
in the direction of RSL change occurring prior to crustal thickness variation; hence lags are all 
positive Black lines indicate the location of two example profiles (northern profile- NP, southern 
profile- SP) shown in C. East (red) and west (maroon) flank profiles NP and SP, shifted by 
calculated lags  (labeled) of best correlation compared with RSL (blue), with grey bars indicating 




Figure 9. Correlations between crustal thickness and bathymetry. Cross correlations are calculated 
between co-located crustal thickness and bathymetry profiles after filtering to frequencies between 
1/75 m-1 and 1/7 km-1 to eliminate high frequency variations and any long term trends associated 
with seafloor subsidence (see Methods, 4.1). Correlations are shown for the west (A) and east (B) 
flanks, and plotted by offset in km and latitude of the ridge axis crossing of each profile, with color 
indicating correlation coefficient. Correlations are calculated with positive lags indicating crustal 
thickness profiles are shifted to further from the ridge axis.  C. Calculated RMS amplitudes for 
bathymetry on the east flank (black) and west flank (grey). D. Calculated RMS amplitudes for 
crustal thickness on the east flank (red) and west flank (maroon). 
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Chapter 1 supplementary text and figures 
______________________________________________________________________________ 
Supplemental text 1: Improvements in crustal thickness estimates from 3D MCS imaging.  
For their study, Aghaei et al (2014) used post-stack time migration (Post-STM) imaging of 
3D MCS and were able to identify Moho in 87% of the imaged volume in contrast to the 
intermittent Moho imaged in prior 2D studies in the region. The imaging improvements achieved 
reflect the superior tuned seismic source used for acquisition and high data density which supports 
3D processing, as well as application of modern advanced noise suppression techniques. Aghaei 
et al (2014) used the Post-STM volume to examine variations in properties of the Moho reflection 
as well as regional variations in crustal thickness which were obtained by converting two-way 
travel times between the seafloor and Moho reflections to depth using a 2D velocity model derived 
from the earlier seismic tomography study in the region (Canales et al. 2003; 2012).  
Supplemental text 2: 3D seismic velocity estimation via Pre-STM and considerations 
regarding spatial resolution  
The base-of-crust reflection is digitized at the output resolution of the 3D Pre- STM volume 
(6.25 m in the across axis direction, 300 m along-axis) and this resolution should be adequate for 
resolving the range of Milankovic cycles from 1/23 to 1/100 ka-1 with the important caveat that 
the age model used to convert locations to crustal age is correct. However, the spatial resolution 
of the crustal thickness data set will be much less than the output resolution of the imaged volume 
due to the more limited resolution of the seismic velocity model used to convert crustal travel times 
to thickness. This velocity model is obtained using 3D Kirchhoff PreSTM to determine the seismic 
velocity that will best flatten the Moho reflection within common image gather (CIG) bins. The 
seismic traces that contribute to this estimation pass through the crust at a range of orientations 
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with different seafloor entry points and hence sample the crust along different paths. The velocity 
that is ultimately derived represents an average over the crustal volume traversed by the different 
seismic ray paths. Given that a portion of the crustal volume traversed by seismic rays located 
within each CIG will also be traversed by rays that fall in neighboring CIGs, the pre-stack velocity 
modelling makes use of information from neighboring CIGs to come up with the best model. In 
this study, neighboring CIGs that are located up to 1 km from each bin center are used defining a 
2 by 2 km analysis volume. However, not all ray paths within this volume will contribute equally 
with most of the signal from a particular reflection point derived from a smaller area than the full 
width of the region included in migration velocity analysis. Given these considerations we choose 
a frequency cut-off of 1.5 km and which we provide as a conservative estimate of the spatial 
resolution limits.  
 
 
Figure S1. Regional Brunhes-Matuyama age model. Map of age model derived from regional 
magnetic isochrons assuming a constant spreading rate along flow lines between the modern ridge 
axis and the location of the Brunhes-Matuyama magnetic reversal at 780 ka in the region (from 
Carbotte & Macdonald, 1992). Also shown is outline of region of crustal thickness data (white 
line), the location of ridge axis (solid black line) and the interpreted trace of a long-lived ridge axis 




Figure S2. Coeval thick crust region age model. A. Map of crustal thickness (as in Fig. 1B) with 
identified locations of crustal thickness maxima along thick crust regions (TCRs) 1, 2, and 3 on 
both flanks. We identify the maximum in crustal thickness along each TCR, selected to minimize 
short wavelength fluctuations in strike and to follow the younger side of the TCRs in regions of 
wide bands with multiple crustal thickness peaks. Ages along each TCR are estimated by 
measuring the distance between conjugate TCR peaks along profiles oriented perpendicular to the 
ridge axis, and converting to age using the full spreading rate determined from the regional 
magnetics. B. Half spreading rates determined from coeval TCR age model compared with rates 
calculated from the B/M reversal. West flank spreading rates are in bold; TCR 1 in blue. TCR 2 in 
red, TCR 3 in green, and the B/M in black. Half spreading rates are calculated by dividing distance 
from modern ridge axis to each TCR by it’s age – ages are determined as described in section 3.2. 
Half spreading rates for each TCR sum to the full spreading rate as determined by the location of 
the B/M (~106 mm/yr) along each profile. Small (hundreds of meters to kilometer-scale) jumps in 
the locus of accretion within individual spreading segments likely contribute to the variable 
spreading asymmetry we observe in this study area (see main text).  C. Map of the resulting age 
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model after linearly interpolating to estimate ages between TCRs 1, 2, 3, and the Brunhes-
Matuyama reversal. 
 
Figure S3. Crustal thickness spectrograms calculated using Brunhes-Matuyama age model. 
Normalized spectrograms of western (A) and eastern flank (B) crustal thickness, annotated as in 
Figure 6. The presence of peaks at longer wavelengths of ~1/80 ka-1 is consistent with 
spectrograms calculated using the coeval TCR age model (Figure 6). However spectral peaks at 
higher frequencies are offset between the two age models (e.g. the shift in power on the west flank 




Figure S4. Bathymetry spectrograms calculated using Brunhes-Matuyama age model. Normalized 
spectrograms of western (A) and eastern flank (B) bathymetry for comparison to Figure 7. As with 
crustal thickness, the presence of peaks at longer wavelengths of ~1/80 ka-1 is found using both 
coeval TCR and Brunhes-Matuyama age models, however the higher frequency signals are offset 




Figure S5. Cross-correlation between relative sea level and crustal thickness calculated using 
Brunhes-Matuyama age model. Annotated as in Figure 8. Lags of maximum correlation calculated 
using the Brunhes-Matuyama age model differ on the two flanks, with the west flank showing a 
dominant lag of ~60 ka and the east flank a dominant lag of ~35 ka. This difference is reconciled 
using the coeval TCR age model where a similar dominant lag of ~ 45 ka is found on both flanks. 
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Figure S6. East flank stacked profiles of crustal thickness and bathymetry. Profiles stacked over 
1.5 km corridors along axis with filtered bathymetry (Fig. 2) in black and crustal thickness (Fig. 
1B) in red for the entire east flank of the study area. Profiles are numbered starting at the 
southernmost extent of the study area, with the highest numbered profiles indicating the 
northernmost profiles extracted. Profiles are converted to age using the coeval TCR age model. 





Figure S7. West flank stacked profiles of crustal thickness and bathymetry. Annotated as in S5. 
Bathymetry profiles 141- 180 are plotted with a larger scale than 1-140 given the large bathymetric 




Figure S8. Figure S8. Cross correlations between crustal thickness and rate of change in relative 
sea level. Cross correlations are calculated between rate of change in RSL (dRSL) and crustal 
thickness on the west (A) and east (B) flanks. Annotated as in Figure 8. Correlation coefficients 
between dRSL and crustal thickness are negligible (averaging 0 on both flanks) which can be 
attributed to the much shorter timescale of most sea-level change (on the annual to millennial scale) 
relative to the timescale of crustal thickness change. Cross-correlations calculated after filtering 
dRSL data to include only the longer wavelengths detected in the crustal thickness record yields 
better correlations, but results in a dRSL dataset that is no longer reflective of sea level changes 
(e.g. filtered dataset indicates that sea level is rising continuously throughout glacial cycles, which 




Figure S9. Comparison of two synthetic time series and their spectra. A. Two datasets plotted in 
the time domain, dataset 1 (blue) is a sinusoid periodic at 1/23, 1/41, and 1/100 ka-1 with random 
noise superimposed. Dataset 2 (red) is also a sinusoid periodic at 1/23 and 1/41 ka-1, with random 
noise superimposed as well as impulsive peaks every 100 ka. B. Normalized spectral analysis of 
dataset 1 (blue) and dataset 2 (red). Vertical dashed lines are at frequencies of 1/23, 1/41, and 1/100 
ka-1. Results indicate that narrow or impulsive peaks, even when periodic, are difficult to detect 




Figure S10. Fault spacing analysis.  A. Map of region of fault analysis with red dots indicating 
where faults were picked along 6 profiles. Faults were picked in map view and then confirmed in 
profile display. Picks correspond with the tops of fault scarps. Faults were picked to correspond 
with narrow linear zones of high gradient and lateral continuity. The black line indicates the 
location of the example profile plotted in (B) versus distance after removing a linear trend, with 
fault picks indicated by vertical dashed lines. C. Histogram of fault spacings for the population of 
fault picks in A as well as results from a comprehensive regional mapping study (Carbotte and 
MacDonald, 1994). Fault spacings are binned at 0.5km intervals. Results from our study indicate 
a fault spacing of 0.84 ± 0.05km, which aligns well with the reported Carbotte and Macdonald 






Structure and evolution of northern Juan de Fuca crust and 




 We present results from a wide-angle controlled source seismic experiment 
conducted along a transect crossing the Juan de Fuca (JdF) plate from ~20 km east of the 
axis at the Endeavour segment of the JdF ridge to the Cascadia margin off of Washington 
state. A joint reflection-refraction traveltime inversion is used to generate a two-
dimensional tomographic Vp model of the sediments, crust and upper mantle. Velocity 
model results are compared to a plausible baseline Vp model assuming plate cooling and 
realistic lithologies of the crust and mantle. Using effective medium theory, we infer the 
degree of hydration within the crust and upper mantle required to reconcile Vp results with 
the baseline velocity model. Results indicate a somewhat fractured and hydrated upper 
crust (≤ 2.3 wt % water) but a relatively dry lower crust (≤ 0.8 wt %) and upper mantle ( ≤ 
0.3 wt %). Variations in velocities along the Washington transect outline three regions of 
distinct crustal and upper mantle characteristics: (1) 180-125 km from the deformation 
front  (1–3.4 Ma) characterized by near uniform high velocities approximately equivalent 
to predicted Vp in the lower crust and upper mantle, (2) 125-50 km from the deformation 
front (3.4 – 6 Ma) with variable and lower velocities, and (3) 50-0 km from the deformation 
front (6 – 8 Ma) with increased velocities in the lower crust and upper mantle. Comparison 
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with results from coincident seismic reflection imaging and a velocity model offshore 
Oregon indicates that the velocity-inferred porosity of the upper crust offshore Washington 
is lower than offshore Oregon, which may reflect the greater extent of ridge flank faulting 
within the south-central part of the JdF plate. Approaching the deformation front, 
Washington transect Vp structure indicates dryer conditions than offshore Oregon, 
consistent with earlier findings from reflection imaging of more extensive subduction bend 
faulting offshore Oregon. The three intervals of distinct crust and upper mantle Vp 
structure found on the Washington transect are also present on the Oregon transect and 
coincide with changes in basement roughness and spreading rate history. We attribute these 
coincident changes to differences in the mode of accretion at the paleo-JdF Ridge, with the 
shift at 6 Ma attributable to a change in plate motion and the one at ~4 Ma possibly related 
to hotspot proximity. Combined results indicate a spatially heterogeneous JdF plate with 
variable hydration potential inherited from changes in accretion, differences in plate 
interior processes, and from deformation near the subduction zone.  
1.2 Introduction 
 The structure of oceanic crust is determined by a combination of igneous 
accretionary processes that occur at or near the ridge axis and post-emplacement tectonic 
and hydrothermal processes that modify crust as it evolves on the ridge flanks, leading to 
a complex heterogenous crustal section. The fundamental structure of oceanic crust 
accreted along magma-dominated (i.e., intermediate-to-ultra-fast spreading) mid-ocean 
ridges (MORs) is generated through magmatic processes at the ridge axis. Here plate 
separation leads to upwelling and melting of the underlying mantle, resulting in accretion 
of layered crust (Wilson et al., 2006), with the topmost layer corresponding to extrusive 
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basalts underlain by the sheeted dike section, and below that, making up the majority of 
the crust, are gabbroic rocks. Seismic studies identify three layers of distinct velocity 
gradient (seismic layer 2A, 2B and 3) that approximately correspond with these three 
lithologic layers although the relationships, particularly at layer boundaries, are complex 
(e.g. Karson, 1998; Christeson et al., 2007; 2019). At the base of the crust is the 
Mohorovičić Discontinuity (Moho), which marks the transition between the crust and the 
upper mantle that also is of variable complexity (Nedimović et al, 2005).  
Crust formed at and near ridge-axis discontinuities typically differs in seafloor 
morphology and crustal properties from crust formed away from these zones (e.g. 
Langmuir et al., 1986, Macdonald, 1988; Carbotte et al., 2016). Propagating rifts, common 
at fast and intermediate spreading centers, are a type of ridge axis discontinuity where one 
ridge segment grows (or “propagates”) into preexisting crust formed at an adjacent “dying” 
ridge segment (Hey et al., 1980; Wilson, 1988). This propagation leaves large scale wakes 
of rotated and sheared crust transferred from one plate to another. Seismic studies suggest 
that propagator wakes may be regions of higher porosity and alteration in the crust (e.g. 
Canales et al., 2003) and partial upper mantle serpentinization (McClymont & Clowes, 
2005).  
Seamounts are common features that may modify young MOR generated crust. Hot 
spot volcanos, in particular, are known to have profound impacts on the thermal and 
mechanical structure of the lithosphere, and can lead to formation of anomalously shallow 
topography, thickened crust, and eruption of basalts at the ridge axis with distinct hotspot 
geochemical signatures when they are located within a few hundred kilometers of a MOR 
(e.g. Ito & Lin, 1995, Cannat et al., 1999; Detrick et al., 2002).   
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MOR generated crust is modified by brittle failure over a wider zone than igneous 
accretionary processes, with normal faults formed near the ridge axis in response to 
extensional stress contributing to the growth of abyssal hills (e.g. Macdonald et al., 1996; 
Bohnenstiehl & Kleinrock, 2000; Buck & Poliakov, 1998). These faults are believed to be 
confined to the topmost 3 km of the crust at fast-to-intermediate spreading ridges and active 
up to a few tens of kilometers from the ridge axis (e.g., Macdonald et al., 1996; 
Bohnenstiehl & Carbotte, 2001). Further from the ridge axis, within the plate interior, 
crustal faulting is thought to be rare (Bergman, 1986; Wiens & Stein, 1983).  
Thermally driven convection of seawater through oceanic crust is thought to begin 
at the ridge axis and persist as the crust ages for tens of millions of years (e.g. Carbotte & 
Scheirer, 2004 and references therein). Some of the hydration of an oceanic plate occurs at 
the mid-ocean ridge, where the thermal gradients associated with crustal formation drive 
high-temperature hydrothermal circulation. However, the majority of fluid flow through 
the crust occurs at much lower temperatures further from the ridge axis, at crustal ages > 1 
Ma (Parsons & Sclater, 1977; Mottl & Wheat 1994; Stein & Stein, 1994). As crust moves 
away from the ridge axis and cools, circulation of water continues, altering the chemistry, 
mineralogy, and physical properties of the crust. As the plate becomes covered in sediments, 
fluid pathways are sealed off from the overlying ocean, effectively eliminating new 
influxes of water to the plate. However, low temperature circulation is believed to continue 
to alter the upper crust even after complete sediment burial (Mottl & Wheat, 1994).   
Where an oceanic plate approaches a subduction zone, flexure induced bending is 
believed to reactivate normal faults formed near the ridge axis or generate new faults if 
bending stresses exceed the yield strength of the plate (Billen & Hirth, 2007). Bending-
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related faulting is believed to provide hydration pathways within the crust and upper 
mantle, where fluid flow may cause serpentinization (e.g. Nedimović et al., 2009; 
Grevemeyer et al., 2018; Han et al., 2016; Shillington et al., 2015). 
Developing a comprehensive understanding of the contribution of these various 
processes to the evolution of crustal structure from the mid-ocean ridge to subduction at 
oceanic trenches has been difficult given the paucity of studies providing continuous 
coverage along crustal corridors. Here we present data from the Juan de Fuca (JdF) Ridge 
to Trench experiment, which is the first study designed to characterize the detailed velocity 
structure of the crust and upper mantle spanning an entire oceanic plate.  
The Ridge to Trench survey collected multichannel seismic (MCS) reflection and 
coincident wide-angle seismic reflection and refraction data along two transects crossing 
the JdF plate from near the ridge axis to the Cascadia subduction zone, and one trench-
parallel transect near the Cascadia deformation front (the Oregon, Washington and Margin 
transects, Fig. 1). Previous publications resulting from this experiment include studies of 
crustal reflectivity structure across the JdF plate and near the deformation front from the 
MCS data (Han et al., 2016; 2018), velocity models derived from OBS data and associated 
water content estimates for the Oregon (Horning et al., 2016) and Margin transects 
(Canales et al., 2017), JdF Plate sediment properties (Zhu et al., 2020) and comparisons of 
the structure of the sediment section near the deformation front offshore Oregon and 
Washington (Han et al., 2017). In this study, OBS data from the Washington transect is 
used for a 2D travel time tomography study of the compressional P-wave velocity structure 
of the sediments, crust, and upper mantle extending near the Endeavour segment of the JdF 
ridge, across the plate, to the accretionary wedge offshore Grays Harbor. We utilize 
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velocity model results, a thermal model, and assumptions of plausible mineralogical 
assemblages in order to the estimate variations in water content across the plate. The results 
are compared with the previous studies of the Ridge to Trench experiment, providing the 
most comprehensive description to date of regional structure of the crust and uppermost 
mantle from accretion to subduction across the JdF plate.  
2. Geologic Setting 
The JdF ridge is an intermediate spreading center comprised of seven spreading 
segments between the Blanco and Sovanco transform faults (Fig. 1). Average full 
spreading rates range from 56 to 58 mm/yr (Wilson, 1993), and the ridge axis is migrating 
to the northwest in the absolute motion reference frame (Small & Danyushevsky, 2003). 
There are abundant seamounts near the JdF ridge with mantle melt sources that likely 
interact with seafloor spreading processes (Davis & Karsten, 1986; Clague et al., 2000) 
Axial Seamount is an on-axis hotspot volcano underlain by the Cobb hotpot, and 
the youngest volcano of the Cobb-Eickleberg seamount chain. The seamount and its two 
adjoining rift zones form the Axial segment of the JdF ridge. There is ample evidence for 
interactions between the Cobb hotspot and the JdF ridge, with studies suggesting a 
westward jump of the JdF ridge to override the Cobb hotspot at ~0.5 Ma (Delaney et al., 
1981; Tivey &l Johnson, 1990; Carbotte et al., 2008; Ferguson et al., 2017). Bathymetry 
and gravity studies infer a mantle thermal anomaly of up to 40°C extending ~100 km along 
axis from Axial seamount (Hooft & Detrick, 1995) and seismic studies show thickened 
crust from Cleft to Coaxial segments attributed to the influence of Cobb hot spot on mantle 
melting beneath the ridge-axis (Carbotte et al., 2008). Direct Cobb melt flux is thought to 
be more spatially limited, with geochemical studies indicating that only the Axial segment 
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is enriched in the alkalis and highly incompatible elements associated with Cobb hotspot 
melts (Chadwick et al., 2005; Rhodes et al., 1990). 
The JdF ridge flanks are transected by the wakes of several propagating rifts or 
pseudofault zones, with nine major ridge propagation events over the last 18 Ma identified 
from offset magnetic anomalies (Fig. 1, Wilson, 1988; Wilson, 1993). These propagator 
wakes are sites of thinner and more dense crust (Marjanović et al., 2011), enhanced 
alteration in the upper crust (Nedimović et al., 2008), and local velocity anomalies across 
the crust and upper mantle (Horning et al., 2016; Canales et al., 2017).  
 The JdF plate interior is blanketed by sediment, with significant terrigenous 
sedimentation from the nearby North American continent (McNeill et al., 2000; 
Underwood et al., 2005). There is a north/south gradient in sedimentation, with the northern 
JdF plate fully blanketed by sediment closer to the ridge axis than to the south (Nedimović 
et al., 2008).  
Subduction of the JdF plate occurs at young crustal ages (6-10 Ma; Wilson & Kirby, 
2002) and the Cascadia Subduction zone is considered a young warm end-member in the 
global subduction system with limited hydration expected in the downgoing plate 
(Hyndman & Wang, 1995). However, numerous observations from the subduction zone 
including of abundant episodic tremor and slip, reduced velocities within the mantle wedge, 
and changes in Cascade arc volcanism, require significant water storage in the downgoing 
JdF plate (e.g., Audet et al., 2009; Bostock et al., 2002; Walowski et al., 2015). Previous 
Ridge to Trench studies indicate the presence of outer rise bending fault related hydration 
of the plate occurring near the deformation front, but the extent of the hydration is modest 
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and variable north-south along the trench (Han et al., 2016; 2018, Horning et al., 2016; 
Canales et al., 2017).  
3. Methods 
3.1 OBS data acquisition and preparation 
 The JdF Ridge to Trench survey was conducted in 2012 as a two-ship experiment 
using the R/Vs Langseth and Oceanus to collect coincident MCS and wide-angle seismic 
reflection and refraction data along the three primary transects (Fig. 1). Wide-angle data 
were acquired using short period ocean bottom seismometers (OBSs) with an OBS sample 
rate of 200 Hz recording shots from Langseth’s 6600 cu inch air gun array. Each of the 
three transects were shot twice, at shot intervals of 37.5 m for the MCS imaging and 500 
m for the wide-angle survey, with OBS recording throughout. Further details on MCS and 
OBS data acquisition are described in Han et al. (2016) and Horning et al. (2016). 
 Wide-angle data from the Washington transect, which is the focus of our study, 
were acquired along a 250 km line with 15 ocean bottom seismometers spaced 
approximately 15 km apart. The co-located MCS transect consists of three sections, lines 
2A and 2 collected during the Ridge to Trench study (separated by a ~20 km gap due to 
marine mammal mitigation) and line 17-3-1 acquired during survey EW0207 (Han et al., 
2016; Nedimović et al., 2008). We utilize the dense spatial sampling provided by the MCS 
shots for identification of near-offset arrivals from the sediments and upper crust, and the 
wider shot spacing of the wide-angle survey for identifying crustal and upper mantle 
arrivals. 
 From each OBS record section, traveltime picks were made for sediment refractions 
(Ps), crustal refractions (Pg), wide-angle Moho reflections (PmP), and mantle refractions 
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(Pn). Data were filtered between 5 and 20 Hz prior to phase picking. Estimated OBS pick 
errors are included in Table 1.   
3.2 Velocity Modeling  
 Our 2D tomographic velocity model was generated using the Tomo2D method by 
jointly inverting refraction and reflection traveltimes (Korenaga et al., 2000). This method 
utilizes OBS traveltime picks, a 2D starting velocity model, and depth to a hanging 
reflector (basement or Moho). We generated the starting model for the sediment section 
using velocities from Han et al. (2017, 2018) derived from the MCS data using prestack-
depth migration analysis (for line 2A) and semblance analysis (line 2 and line 1-3-17). For 
the crust, layer 2A and topmost 2B velocities from Nedimović et al. (2008) were used 
where available and a 1D depth dependent velocity profile derived from the Horning et al. 
(2016) Vp model for the Oregon Transect was used for layer 2B and layer 3. A one-
dimensional starting model for the mantle was generated assuming shallowest velocities of 
7.8 km/s increasing with a gradient of 0.04 s-1 with depth below Moho. The full starting 
model for each layer is shown in Figure S1. Depth to reflectors (basement and Moho) for 
the starting model were derived from prestack time-migrated multichannel seismic 
reflection images, with processing details described in Han et al. (2016).  
 Node spacing was selected to match Canales et al. (2017) and Horning et al. (2016), 
with a constant horizontal spacing of 250 m and vertical spacing of 100 m in the shallowest 
2 km, 200 m between depths of 2 and 4 km, 300 m from 4 to 7 km, and 500 m at model 
depths greater than 7 km below seafloor. Model dimensions are 1295 nodes in the X 
direction and 107 nodes in the Z direction.  
	 60	
 Tomo2D solves the forward problem, calculation of travel times and ray paths, 
using a combination of the graph and ray bending methods (Korenaga et al., 2000, Van 
Avendonk et al., 1998). The inverse problem of velocity estimation uses a sparse matrix 
solver LSQR (Korenaga et al., 2000; Paige & Saunders, 1982). We evaluate data fit 
utilizing the root-mean-square value of the difference between predicted and observed 
travel times and the χ2 parameter (RMS misfit normalized by pick error, Table 1). We 
follow a top down modeling approach to generate our final velocity model, inverting first 
using Ps traveltime picks for the sediment section, then Pg arrivals for the crust, then PmP 
to further refine lower crustal velocities and crustal thickness, and finally Pn picks for the 
upper mantle. Within each depth interval the velocities of the overlying layer were held 
fixed using a damping parameter provided in Tomo2D. Further details on the Tomo2D 
inversion process are described in Horning et al. (2016) and Korenaga et al. (2000). The 
final 2D tomographic velocity model is shown in Figure 2A.  
Table 1. Traveltime Fit Statistics  
Phase N ε (ms)  RMS (ms) χ2  
Ps 860 10 16 0.90 
Pg 1345 15 26 1.90 
PmP 1941 30 37 1.58 
Pn 1263 * 26 1.36 
Ps: Sedimentary first arrivals, Pg: crustal first arrivals, PmP: Moho reflections, Pn: 
Mantle first arrivals. N is total number of traveltime picks made for each phase. ε is pick 
uncertainty; for Pn picks * we use a variable uncertainty linearly dependent on source-




3.3 Velocity Model Uncertainty  
 In order to minimize potential bias in velocity model results due to the choice of 
starting model and to quantify uncertainty, we utilize a Monte Carlo approach for error 
analysis. For each stage of the tomographic inversion (sediment, crust using Pg arrivals, 
crust using PmP arrivals, and upper mantle), we generate 100 randomized one-dimensional 
velocity models. All initial models are generated utilizing normally distributed random 
values within prescribed ranges as described in supplement Figure S2. One standard 
deviation of all randomized Monte Carlo solutions is taken to be the uncertainty of the final 
velocity model with uncertainty estimates for each layer combined into a single model and 
shown in Figure S3.  
4. Analysis & Interpretation of the velocity model  
 To facilitate the identification of variations in velocity along our transect, we extract 
average velocities from our final Vp model over three layers of interest in the crust and 
mantle (Fig. 3). Vp values are averaged across depth intervals corresponding to the upper 
crust, defined here as a region 0.5-1.5 km below the basement (after applying a 10 km 
smoothing to basement to remove high frequency variations), the lower crust defined as 
0.5-2.5 km above the Moho, and the upper mantle at 0.5-1.5 km below the Moho (after 
applying a 5 km smoothing to eliminate high frequency variations). 
 In order to aid interpretation of velocity variations for accretionary and post 
emplacement processes, we compare our velocity results to a plausible baseline velocity 
model based on plate cooling through time with realistic oceanic lithologies. First, we 
convert model distance along the profile to crustal age and calculate an age-dependent plate 
thermal model. The thermal model is then used to predict velocities for expected lithologies 
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within the three representative depth intervals. Finally, we utilize effective medium theory 
as described by Kuster and Toköz (1974) in order to infer extent of alteration and water 
content required to reconcile our velocity results with predicted velocities calculated based 
on the thermal model. All steps follow Horning et al. (2016) in order to facilitate direct 
comparison of results with the Oregon transect.  
4.1 Thermal model 
In order to generate a baseline thermal model, we follow the processing steps as 
described in Horning et al. (2016), taking into account plate cooling with age, sediment 
thickness, and, at the eastern extent of our profile, the structure of the accretionary prism 
and continental margin.  
We convert distance along our profile to crustal age utilizing the locations of 
magnetic reversals and assuming a constant spreading rate between anomalies (Wilson, 
1988, 1993). The locations of magnetic reversals used as age tie points along our profile, 
and the locations of propagator wakes identified from offset magnetic anomalies and 
basement relief are from Wilson et al. (1988).  
From the western extent of our model to 30 km from the deformation front we 
utilize SEDTEM, a one-dimensional finite element model which allows for the calculation 
of thermal structure based on sedimentation rate and plate cooling (Wang & Davis, 1992). 
Sedimentation rate with crustal age was estimated from MCS derived sediment thickness 
(Han et al. (2016), and sediment parameter constants for the JdF plate from Hyndman and 
Wang (1993).  To estimate thermal structure from 30 km west of the deformation front 
across the accretionary prism we used a 2D numerical model of plate subduction based on 
Syracuse et al. (2010). This model, utilizes the geotherm derived from SEDTEM at 30 km 
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west of the deformation front, MCS derived sediment thickness, plate age, and plate 
convergence speed.  The full 2D thermal model for our profile is shown in Figure S4.  
4.2 Baseline velocity model 
 We calculate a predicted Vp along our transect based on the temperature 
dependence of velocity for basalt, gabbro, and peridotite from Christenson (1979) for our 
three representative depth intervals from upper crust, lower crust, and upper mantle. 
Reference Vp values at room temperature for each rock type are 6.7km/s for diabase 
(Carlson, 2014), 7.35 km/s for gabbro (Miller & Christensen, 1997), and 8.5 km/s for 
peridotite (Ismail & Mainprice, 1998). Average temperature vs plate age for each depth 
interval are extracted from our thermal model and predicted velocities at these temperatures 
are calculated using the empirically derived Vp variation with temperature for each 
lithology as reported in Christenson (1979). The resulting predicted velocities are shown 
as dashed lines in Figure 3. 
5. Results 
5.1 Inverted Velocity Model 
Velocity model results are described in terms of distance from the intersection of the 
Washington transect and the trench parallel Margin transect near the deformation front 
(Fig. 2). Two propagator wakes are crossed on the transect, one at the western edge of the 
profile at -195 to -180 km, the other at the eastern end of the profile beneath the 
accretionary prism at distance 36 to 50 km. We do not interpret results from within the 
propagators as both are near the edges of our dataset, where ray coverage is limited and 
uncertainty is high.  
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The sedimentary layer is negligibly thin west of -150 km, but gradually thickens 
moving eastward to 3 km thick at the deformation front (Fig. 2). Average sediment 
velocities are 1.91 ± 0.22 km/s west of the deformation front, and display only small 
variations from the sediment starting model.   
In the upper crust (0.5-1.5 km below basement) velocities are less than predicted based 
on assumed lithologies and temperature for the full length of the transect, and show 
significant variability over length scales of tens-of-km (Fig. 3a). Velocities are lowest (~ 5 
km/s) at the western end of our profile, closest to the ridge axis. Upper crustal velocities 
gradually increase from -200 to -150 km to ~ 6.4 km/s and remain near constant to -135 
km. Vp in the upper crust decreases from -135 to -110 km, and is lower (6.14 ± 0.10) from 
-110 to -60 km. Upper crustal Vp then increases to -55 km where it approaches predicted 
velocities, before decreasing gradually toward the deformation front. East of the 
deformation front, upper crustal velocities are more variable, where ray coverage is limited 
and Vp uncertainties are highest (Fig. S3). 
Velocities in the lower crust (0.5 – 2.5 km above Moho) are relatively uniform at 
approximately 7.10 ± 0.07 km/s, within error of predicted velocities across the transect 
(Fig. 3b). At the westernmost end of the profile, where ray coverage is limited and a 
propagator wake is present, velocities are locally higher than predicted Vp. Within the plate 
interior, lower crustal Vp are modestly lower from distances -110 to -45 km, although still 
within error of predicted velocities. East of the deformation front, where again ray coverage 
is limited and uncertainties are higher, lower crust velocities increase to a peak at 6 km 
(7.32 km/s) before decreasing to a minimum value of 6.91 km/s in the region of the eastern 
propagator.  
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Upper mantle velocities (0.5 -1.5 km below Moho) average 8.08 ± 0.09 km/s across the 
transect (Fig. 3c). From the western extent of our profile to -115 km upper mantle velocities 
increase to the east and remain within error of predicted Vp, reaching values of 8.15 km/s. 
At -115 km upper mantle Vp decreases, and from -110 to -45 km velocities are the lowest 
observed along the transect averaging 8.01 ± 0.03 km/s. East of -50 km velocities again 
gradually increase, closely tracking predicted Vp to near the easternmost extent of the 
profile.  
Velocity uncertainties estimated from the Monte Carlo model simulations are generally 
low across our profile except beneath the accretionary wedge region (Fig. S3). Sediment 
layer uncertainties average 0.16 km/s, with the highest values observed within the 
accretionary wedge of up to 1.24 km/s (average uncertainty west of the deformation front 
is 0.13 km/s). In the upper crust Vp uncertainties average 0.13 km/s, in the lower crust 0.11 
km/s, and 0.12 km/s in the upper mantle. Velocity uncertainties in the crust are highest east 
of the deformation front (with peak values of 0.75 km/s in mid crust), while mantle 
uncertainties are relatively uniform across the profile.  
5.2 Water Content Estimation 
Differences between predicted velocities and inverted Vp model indicate that processes 
not accounted for in our simple thermal/lithologic model contribute to the velocity structure 
of the crust and upper mantle along the Washington transect. We utilize effective medium 
theory as described by Kuster and Toksöz (1974), which postulates that seismic velocities 
are controlled by the dry matrix and hydrous infill (porosity and alteration materials). We 
infer from our Vp tomography results the amount of porosity, alteration, and water content 
required to reconcile our results with the predicted baseline velocities. We assume that all 
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differences between the baseline velocity model and our velocity model are due to porosity, 
with cracks and pore space filled with either water or hydrous alteration products. The 
potential influence of variable lithologies or changes in anisotropic fabric are not 
considered. We follow the methodology of Horning et al. (2016) in order to derive water 
content estimates for each representative layer in our model for end member cases of 
porosity filled with free water and with alteration products. Hydration estimates are derived 
from residual velocities (difference between measured and predicted Vp), and so the spatial 
variations in the velocity model propagate into inferred water contents, with regions of 
higher residual Vp associated with lower water contents and vice versa. Water contents 
calculations for all layers are plotted in Figure 4. Uncertainty in estimated water content is 
calculated using one standard deviation of the average velocities extracted from each 
Monte Carlo run. 
In the upper crust we assume all water to be of the form of free water infilling cracks 
with crack aspect ratios of 0.01 and 0.1, and find that west of the deformation front the 
residual Vp across our transect can be explained by 0.41-2.13 wt % water and 0.09-0.47 
wt % water respectively. We do not consider the presence of alteration minerals in the 
upper crust because alteration minerals commonly found in the upper crust have elastic 
contents almost identical to those of diabase, rendering Vp insensitive to alteration of 
diabase (Horning et al., 2016; Alt et al., 1986). In the lower crust (layer 3) we consider the 
free water case (crack aspect ratio of 0.1) as well as two alteration mineral assemblages 
following Horning et al. (2016); mineral assemblages 1 (MA1) and 2 (MA2) appropriate 
for olivine gabbro at 400°C and at 500°C respectively. Residual Vp across our transect 
west of the deformation front indicate a range of 0-0.32 wt % water in the lower crust. In 
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the mantle we calculate the free water case for cracks with an aspect ratio of 0.1 as well as 
peridotite alteration products of serpentinite and talc, which indicate ranges of 0 to 0.05 wt 
%, 0.26 wt %, and 0.13 wt % water respectively. Estimated water contents increase east of 
the deformation front, with maximum values of 2.3, 0.77, and 0.22 wt % water for the 
upper crust, lower crust, and upper mantle respectively. 
6. Discussion 
 Our velocity model for the Washington transect reveals spatial variations in crust and 
upper mantle structure along a continuous crustal corridor from near the JdF ridge to the 
Cascadia subduction zone. Various accretionary and post emplacement processes can 
impact velocity structure along this transect including tectonism and alteration during 
crustal formation, faulting, sedimentation and hydrothermal circulation in the plate interior, 
and subduction-related bending faulting and alteration near the deformation front. Our 
plate transect study provides the opportunity to assess potential contributions of these 
processes to plate structure under the assumption that Vp variations are indicators of 
alteration and porosity changes. We compare velocity structure along the Washington 
transect with results from the earlier complementary study of the Oregon transect (6.1), 
and discuss implications of regional differences found in upper crust structure across the 
plate interior (6.2) and near the deformation front (6.3). On both transects abrupt changes 
in plate structure at similar plate ages are found indicating temporal variability in crustal 
accretion (6.4), and implications of these temporal changes in accretion are considered in 
6.5.   
6.1 Comparison of Washington and Oregon transects.  
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 The two plate-crossing transects of the Ridge to Trench experiment are separated 
by ~250 km, crossing the mid and northern portions of the JdF plate and sampling distinct 
crustal corridors. The previously published velocity model for the Oregon transect of 
Horning et al. (2016) was conducted utilizing the same methodology as adopted in our 
study and provides a basis for comparisons across the JdF plate. Average velocities for the 
upper crust, lower crust, and upper mantle along the Washington transect are defined for 
the same depth intervals as in Horning et al. (2016) to facilitate comparison for each of the 
representative depth layers.  
Upper crustal velocities are significantly below predicted Vp across both the 
Washington (residual Vp averaging -0.51 ± 0.21) and Oregon (-0.93 ± 0.28) transects, 
indicative of some degree of fractured and hydrated crust within layer 2B across the plate 
interior (Figs. 2, 5). Water content estimates, which for this layer are provided for the case 
of water-filled porosity only, range from 0.09 – 2.13 wt% and 0.20-4.23 wt % west of the 
deformation front along the Washington and Oregon transects respectively (Fig. S5). 
Average velocities are consistently higher along the Washington transect than the Oregon 
transect. Both transects also show some evidence of a gradual decrease in velocities 
towards the deformation front (Section 6.3) and of a broad mid-plate region of lower Vp 
(Section 6.4). 
Within the lower crust, velocities are close to predicted Vp (within estimated 
uncertainties) across the Washington transect, including near the deformation front (Fig. 
3). On the Oregon transect lower crustal velocities are somewhat more variable, but remain 
close to predicted Vp until approaching the deformation front, where they decrease 
significantly (Fig. 5, Section 6.2). Velocities along both transects suggest an overall dry 
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lower crust (0-0.32 wt% and 0-1.14 wt% water for Washington and Oregon west of the 
deformation front respectively). There is a mid-plate region of modestly lower Vp on the 
Oregon transect and, albeit within model uncertainties, on the Washington transect (Fig. 3, 
S5, Section 6.2) 
Upper mantle velocities are generally within 0.1 km/s of predicted Vp across the 
Washington transect, except for an ~65 km wide region of lower and more variable 
velocities within the plate interior from distance -110 km to -45 km (Fig. 3). Oregon 
transect upper mantle velocities are more variable across the plate interior, averaging 0.27 
± 0.23 below predicted Vp. Some minor degree of hydration within the upper mantle on 
both transects is inferred, with slightly greater hydration within the Oregon transect upper 
mantle (0-0.26 wt% and 0-0.81 wt% water for Washington and Oregon west of the 
deformation front respectively, Fig. 4, S5).  
6.2 The impacts of shallow processes on JdF upper crustal velocity structure   
The higher velocities in the upper crust along the Washington transect compared to 
the Oregon transect indicate lower porosities in layer 2B across the plate interior prior to 
reaching the subduction zone. Sedimentation history differs along these two transects and 
there is other evidence indicating differences in extent of faulting. Both sedimentation and 
faulting could contribute to the inferred differences in porosities and hydration state, and 
in complex ways. The presence of faults facilitates fluid flow through the crust, with free 
water and hydrous alteration minerals potentially infilling cracks. Numerous faults are 
detected in MCS images in the upper crust along the Oregon transect, but in comparison 
little reflectivity is found in the upper crust along the Washington transect until ~ 100 km 
from the deformation front (Han et al., 2016). Lower Vp within layer 2B along the Oregon 
	 70	
line could reflect increased hydrous faulting into layer 2B and greater fracture-related 
porosity. Significant levels of intra-plate seismicity are detected at present in the 
southeastern portion of the JdF plate crossed by the Oregon profile (e.g. Stone et al., 2018), 
and the upper crustal faults and lower Vp detected on this profile may reflect a longer-term 
history of intra-plate deformation in this region.  
Sediment cover has also been shown to influence the degree of alteration in the 
crust. Prior studies show that the evolution of velocities within the uppermost crust (layer 
2A) depends on the degree and onset of sediment cover, as full sediment blanketing seals 
off the crust from the overlying ocean, limiting open exchange of seawater and the porous 
crust below (Kardell et al., 2019; Estep et al., 2019; Nedimović et al., 2008; Rohr, 1994). 
Along the Washington transect, the oceanic crust is fully buried by sediment within 20 km 
of the ridge axis, while the Oregon transect remains sediment free to ~60 km from the ridge 
axis. In their study of the Line 17-3-1 portion of our Washington transect, Nedimović et al. 
(2008) find that velocities within layer 2A increase more rapidly with crustal age than along 
transects to the south where sediment burial occurs further on the ridge flanks. The higher 
velocities we measure within layer 2B along this same Washington line could reflect effects 
of increased alteration infilling of porosity, due to the young crust age of sediment sealing 
of basement in this region. 
6.3 The effects of plate bending on crustal and upper mantle structure 
 MCS reflection imaging shows that the onset and degree of plate bending near the 
deformation front differs between these two transects, with the combined effects of 
sediment loading and subduction initiating bending of the plate at ~75-80 km and 65-70 
km west of the deformation front offshore Oregon and Washington respectively (Han et 
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al., 2016). Evidence for bend faulting is focused within 40 km of the deformation front on 
both transects, though the extent of bending faulting is greater offshore Oregon.  
The evidence for more extensive subduction bend faulting along the Oregon 
transect compared with Washington suggests greater hydration potential offshore Oregon. 
Comparisons of the tomographic velocity models from the two transects further support 
this inference (Figs. 3 & 5). Within 40 km of the deformation front Washington transect 
average velocities for all reference depth intervals are consistently higher than offshore 
Oregon (6.15 ± 0.11, 7.14 ± 0.06, and 8.15 ± 0.05 km/s for upper crust, lower crust and 
upper mantle, compared with Oregon averages of 5.57 ± 0.1, 6.84 ± 0.06, and 7.84 ± 0.12 
km/s). While maximum water contents inferred from residual Vp within this 40 km region 
are low on both transects, we estimate maximum values (Fig. 4) that are 1.64, 0.86, and 
1.46 wt % lower than offshore Oregon (Fig S5) in the upper crust, lower crust, and upper 
mantle respectively layer.  
These differences in water content estimates are consistent with the inferences of 
MCS reflection results (Han et al., 2016). Few reflective bend faults are detected in the 
crust along the Washington transect and those imaged are confined to the upper crust, while 
on the Oregon transect these faults are more common and extend through the entire crust 
and up to 7 km into the mantle. Along the Washington transect we observe increased 
estimated water content confined to the upper crust with no evidence of increased hydration 
in the lower crust and upper mantle. Along the Oregon transect estimates of water content 
increase across all depth levels. 
 Canales et al. (2017) present a velocity model for the Margin transect following 
the same methodology used in our study and in Horning et al. (2016), and find significant 
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north-south variations with a transition at 45°50’N, south of which significantly greater 
hydration is inferred in the lower crust than to the north. These results align well with our 
inference of less hydration near the deformation front on the Washington transect 
compared with Oregon. Combined, these studies indicate an overall relatively dry 
subducting JdF lower crust and upper mantle, but with along margin variations that can be 
attributed to variable bend faulting along the Cascadia margin.  
6.4 Temporal variability in Juan de Fuca crust and upper mantle structure over the last 
8 Ma 
Comparison of velocity models for the Washington and Oregon transects reveals a 
mid-plate region of lower velocities in the crust and upper mantle bounded by regions of 
higher and, at some depth intervals, more uniform Vp on both transects. To further explore 
the significance of these variations, we compare age evolution along both transects, 
converting the Oregon transect to crustal age and removing the propagator wake regions 
along both (Fig. 5). Modest differences in Vp with crustal age are expected due to 
differences in thermal structure linked to regional sedimentation patterns, and hence we 
compare residual velocity (ΔVp = Vp measured – Vp predicted) along each transect (Fig. 5A-C). 
Comparison of ΔVp averaged for each of the three representative depth intervals indicates 
that the regions of distinct crustal structure roughly coincide in age on the two transects. 
To provide further context, we compare basement topography derived from the MCS data 
of Han et al. (2016) (Fig. 5D), as well as Moho reflectivity, and the distribution of faults 
and other reflectors from the MCS study. Basement roughness is calculated from depth to 
top of oceanic crust as the root mean square (RMS) relief and corresponds to the average 
basement variation from mean depth calculated for 2.5 km wide bins across our profile 
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(Fig. 5E). We also calculate spreading rates and % asymmetry from the magnetic anomaly 
crossings identified by Wilson (1993) along each profile (Fig. 5F, S6). Based on the 
combined data set, we identify 3 age intervals of distinct crust and upper mantle 
characteristics; 8-6 Ma, 6-3.4 Ma /6- 4 Ma, and 3.4-1/4-1 Ma on Washington/Oregon 
respectively. Crust and mantle properties within each age interval are summarized below 
and in Table 2. 
8-6 Ma: At crustal ages of 8-6 Ma, ΔVp are close to zero in the lower crust and upper 
mantle along both transects, though deviations from predicted Vp are generally larger along 
the Oregon than Washington transect (Fig. 5, Table 2). While velocities in the lower crust 
are within error of predicted along the Washington transect, ΔVp along the Oregon transect 
become more negative eastward with age, which is attributed to the greater fracturing due 
to sediment loading and subduction bend faulting offshore Oregon (Section 6.3). Basement 
is markedly smooth over this age range particularly on the Oregon transect with average 
basement RMS amplitudes of 27 ± 14 m and 53 ± 7 m on the Oregon and Washington 
transects respectively. MCS reflection imaging reveals the presence of closely spaced (1-4 
km) ridge-ward dipping Lower Crustal Reflectors (LCRs, Han et al., 2016), which are not 
found at any other crustal ages on either transect. On the Oregon transect LCRs disappear 
from reflection images abruptly at 6 Ma. On the Washington transect the youngest LCRs 
imaged are in 6.5 Ma crust, although given the MCS data gap from 6.5 – 6 MA, it is not 
possible to assess if LCRs exist in this region. Moho reflectivity is continuous and strong 
on both transects during this period.  
6-3.4/4 Ma: At ~6 Ma residual velocities on both the Washington and Oregon transects 
become more negative, particularly in the upper crust and mantle (Fig. 5, Table 2). 
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Basement topography increases in roughness with near doubling of average RMS 
amplitudes, to 92 ± 25 and 74 ± 30 on the Washington and Oregon transects respectively. 
MCS reflection results show negligible intra-crustal reflectivity on both transects, and more 
intermittent and weak Moho reflections as compared to other age ranges (Han et al., 2016). 
Spreading rates averaged over this period are slightly lower than in older crust and 
spreading asymmetry increases markedly from negligible up to 16 % with slower half rates 
generally on the JdF plate.  
3.4/4-1 Ma: On the Washington transect from 3.4 Ma to the edge of the propagator wake 
at ~1.6 Ma, less negative residual velocities and lower basement RMS amplitudes are found 
in comparison to the 6-3.4/4 Ma period (Fig. 5, Table 2). MCS reflection data shows a 
continuously reflective Moho in this region as well as the presence of two prominent 
reflective lower crustal faults. On the Oregon transect, average residual velocities and 
basement RMS amplitudes also decrease, but the transition occurs at somewhat older 
crustal ages of 4 Ma and remain low to 1 Ma. MCS reflection results along the Oregon 
transect in this age range show a continuously reflective Moho and an increase in the 
number of reflective faults in the upper crust. RMS amplitudes decrease to 35 ± 13 and 37 
± 17 on the Washington and Oregon transects respectively. Spreading rates averaged over 
this period are similar to the prior age interval and spreading asymmetry diminishes to 
negligible. 
1-0 Ma: Neither the Oregon and Washington transect tomographic velocity models extend 
to crustal ages much less than 1 Ma, and where they do ray coverage is limited. Results of 
other analyses (basement roughness, spreading rate asymmetry, MCS derived crustal 
thickness) indicate that along both transects this period is dominated by local geologic 
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processes – with Cobb hotspot related volcanism on the Oregon transect, and a recent 
history of ridge jumps and Heckle seamount influence at Endeavour along the Washington 
transect. 
6.5 Origin of temporal variability in crust and upper mantle properties across the JdF 
Our findings of coincident periods of distinct crustal and uppermost mantle 
properties on two widely separated transects of the JdF plate provide strong evidence for 
changes in accretionary processes along the JdF ridge. Ridge flank processes that could 
modify oceanic crust post emplacement, which include sedimentation and off-axis faulting, 
would be expected to show progressive trends with crustal age and cannot account for the 
quasi-abrupt transitions evident in the combined dataset of plate properties (Fig. 5). We 
attribute the period of lower Vp, rougher basement, less well imaged Moho to a phase of 
more tectonically-dominated accretion and the two periods of higher Vp, smoother 
basement, and bright, near continuously imaged Moho with conditions of magma-
dominated accretion. In the following, we discuss possible origins for the temporal changes 
in crustal accretion at the paleo JdF ridge over each of the three time periods of distinct 
crustal and upper mantle properties. 
8-6 Ma: In their study of the MCS data from the Oregon and Washington transects, Han et 
al. (2016) attributed the LCR’s identified within 6-8 Ma crust as ductile shear zones formed 
at the ridge axis through basal drag due to faster flowing mantle during periods of active 
mantle upwelling (Kodaira et al., 2014; Bécel et al., 2015). In our study, we find lower 
crust velocities in the region where the LCR are imaged that are very close to predicted, 
indicating a dry unfractured lower crust, consistent with the interpretation that the LCR are 
magmatic features inherited from accretion and not tectonic features. Han et al. (2016) note 
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that two major changes in plate motion bound the LCR crust at 8.5 and 5.9 Ma, both 
associated with an abrupt change in spreading direction (Wilson & Kirby, 2002; Wilson, 
1993). They propose that these plate reorganization events were associated with changes 
in mantle melting or in the efficiency of melt delivery to the ridge axis and that the 
reorganization at 8.5 Ma resulted in a change in the alignment of the ridge axis with respect 
to the underlying asthenosphere, such that a faster flowing uppermost mantle resulted in 
increased basal drag and LCR formation. 
6-4/3.4 Ma: At 6 Ma a synchronous change on both transects is apparent, with crustal and 
upper mantle characteristics transitioning to a period of more negative ΔVp, rougher 
basement with higher average basement RMS amplitudes, and intermittent Moho 
reflectivity -- all indicative of an accretional phase of increased tectonic extension and 
faulting. The JdF plate reorganization identified from magnetic anomalies at 5.9 Ma is 
characterized by an abrupt 10-15° rotation in plate motion with respect to the Pacific plate, 
the initiation of the Blanco Fracture Zone, and a decrease in JdF spreading rates (Wilson 
& Kirby 2002; Wilson, 1993). Spreading rate asymmetry also increases at this time to 16% 
slower on the JdF plate. This change in plate motion direction and spreading rate may 
contribute to the change in mode of accretion at the paleo-JdF to more tectonically 
enhanced in several ways. First, an abrupt plate motion change may lead to a mis-alignment 
and less efficient delivery of mantle melt within the axial zone. Second, studies of modern-
day intermediate spreading ridges indicate a threshold repose to magma supply such that 
small reductions in mantle melt delivery lead to abrupt transitions to more tectonically 
dominated axial and ridge flank morphology (e.g. Goff et al., 1997). In addition to the 
threshold-response effect of decreased spreading rate, the increased spreading asymmetry 
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could also contribute to greater tectonic disruption of the JdF crust during this time period 
via small eastward ridge jumps within the axial zone transferring crust to the western flank. 
3.4/4-1 Ma: The change observed in crustal and upper mantle properties at 3.4 and 4 Ma 
along the Washington and Oregon transects respectively is followed by a period of less 
negative crustal and upper mantle ΔVp, decreased basement RMS amplitudes, a stronger 
and more continuous Moho reflection, and negligible spreading rate asymmetry (Fig. 5). 
We attribute these characteristics to a shift from a more tectonic phase of accretion at the 
paleo-JdF ridge back to a more magmatic phase. At approximately 4 Ma the Explorer plate 
separated from the northern Juan de Fuca plate (e.g. Wilson & Kirby, 2002), which may 
have resulted in another shift in the alignment of mantle melt supply relative to the 
orientation of the JdF ridge axis. However, the offset in the timing of the transition between 
Oregon and Washington is not easily explained by this reorganization event given the 
younger age of the transition on the Washington line closest to Explorer plate.  
Some geochemical observations suggest that the Cobb hotspot, a stationary melt 
anomaly currently located below Axial Volcano, may have provided an influx of hot spot 
melt to the JdF ridge around ~3.5 Ma (Desonie & Duncan, 1990) although the hotspot was 
located ~60 km from the ridge at this time (Karsten & Delaney, 1989). The transitions in 
crustal regimes to more magma dominated could reflect this inferred influx of hot spot melt 
with the differences in transition age due to earlier arrival of hotspot melt in the south in 
the Axial segment region and northward propagation along axis, reaching Endeavour 
segment at a later time. The time delay of 0.6 Ma indicates a propagation rate of ~0.42 
m/yr. 
Geochemical analysis of lavas from Axial seamount and from the axis of adjoining 
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ridge segments suggests that at present, only the Axial segment is enriched in the alkalis 
and highly incompatible elements associated with direct Cobb melt flux (Chadwick et al., 
2005; Rhodes et al., 1990). However, bathymetry and gravity studies indicate that the 
thermal anomaly associated with the Cobb hotspot extends ~100 km along axis from Axial 
(Hooft & Detrick, 1995). Carbotte et al. (2008) identify thickened crust for the past ~0.5 
Ma extending over 200 km, from the Cleft to Coaxial segments, which they attribute to 
effects of the Cobb hot spot on ridge axis melt supply over this time period. Observations 
of MOR-hot spot interactions from elsewhere in the world support decoupling between the 
thermal and compositional effects of hot spots (Ito et al., 2003). For example, bathymetry 
and gravity data from the Azores hot spot (Thibaud et al., 1998) indicate that the thermal 
effect of the hot spot extends over 800 km further than geochemical measures of increased 
mantle source signature in axial lavas (Schilling et al., 1983; Debaille et al., 2006). The 
presence of a transition in accretion style from more fault dominated to magma rich at the 
same time that the Cobb hot spot may have provided an influx of melt to the JdF is 
suggestive that the presence of the hot spot played a role in this transition.  
It is also possible that other local changes in accretion occurred independent of hot 
spot influence resulting in the transitions we observe at 4 and 3.4 Ma. A previous study 
conducted at the Costa Rica Rift (CRR), which is spreading at similar intermediate rates as 
the JdF, also found evidence for variations in crustal characteristics similar to those we 
observe and at similar crustal ages (Wilson et al., 2019). Using OBS and MCS transects 
crossing the CCR and extending to crustal ages of 8 Ma, Wilson et al. (2019) find evidence 
for discrete periods of rough basement with reduced upper crustal velocities and periods of 
smooth basement and higher upper crustal velocities. They attribute differences between 
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these regions of distinct crustal properties to variations in magma supply at the ridge axis. 
The authors suggest that the discrete crustal regimes they observe on the flanks of the CRR 
reflect the tipping-point between magma dominated accretion and faulting enhanced 
spreading as inferred in prior studies of the axial zone along modern intermediate spreading 
ridges (Baran et al., 2005; Blacic et al., 2004; Carbotte et al., 2006; 2016). Further, the 
major transitions that they identify occur at 6 Ma and 4 Ma, identical to those we observe 
at the JdF. There is ample evidence of a Pacific wide change in plate motion at ~ 6 Ma 
(Austermann et al., 2011) which could impact both the CRR and the JdF. However, Wilson 
et al. (2019) attribute the change they observe at 4 Ma not to Pacific plate motion changes, 
but to the stagnation of spreading at the Malpelo ridge and associated reorientation of the 
Panama Fracture zone (Lonsdale & Klitgord, 1978). It is possible that the local changes 
that occurred at both the CCR and JdF at ~4 Ma are unrelated, however, the similarities 
between these transitions in both timing and characteristics suggests that they may be 
linked to Pacific wide changes in plate motion. Further studies of Pacific plate motion 
during this time period would clarify whether these two simultaneous transitions are 
related.  
7. Conclusions 
 Utilizing the data from the Ridge to Trench seismic wide-angle refraction and 
reflection experiment, we generate a 2D tomographic Vp model of the Juan de Fuca plate 
offshore Washington state, extending from the flank of the Endeavor segment to the 
Cascadia margin. Velocity results and inferred water contents indicate a somewhat hydrous 
upper crust and relatively dry lower crust and mantle along our transect, with significant 
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variations in velocity within the plate interior. Comparisons with previous Ridge to Trench 
studies provide regional and geologic context, leading to the following conclusions:  
1. Velocities in the upper crust along the Washington transect indicate a less 
hydrous layer 2B than along the Oregon transect. MCS reflection profiles show little 
reflective faulting along the Washington transect as compared to the Oregon transect, 
which may indicate limited fluid pathways and therefore upper crustal hydration. The 
Washington transect is also fully blanketed in sediment at younger crustal ages than the 
Oregon transect, sealing off fluid pathways from new influxes of water from the overlying 
ocean.  
2. While evidence for faulting due to subduction of the JdF plate is observed within 
40 km of the deformation front on both transects, the extent of bending faulting is greater 
offshore Oregon than Washington. Near the deformation front, crust and upper mantle 
velocities are higher on the Washington transect, suggesting greater hydration of the 
downgoing plate offshore Oregon than Washington. Overall, Ridge to Trench study results 
suggest a relatively dry subducting JdF lower crust and upper mantle, but with along 
margin variations that can be attributed to variable bend faulting along the Cascadia 
deformation front. 
 3.Three intervals of distinct crust and upper mantle properties are found on both 
Washington and Oregon transects with two periods (6-8 Ma and 1-3.4/4 Ma) of smooth 
basement, high Vp, and low spreading asymmetry bounding a period of rough basement, 
lower Vp, lower spreading rate and higher spreading asymmetry. We attribute these 
changes to a Pacific-wide plate motion change at 6 Ma with reduced spreading rates and 
increased spreading asymmetry at the paleo JdF Ridge leading to a period of more fault 
	 81	
enhanced accretion. The change at ~4 Ma from tectonic to magmatically dominated 
spreading may be due to an influx of Cobb Hotspot melt to the paleo ridge or plate small 
motion changes.  
 4. The combined dataset indicates a spatially heterogeneous JdF plate inherited 
from changes in mode of accretion at the paleo-JdF ridge, differences in plate interior 
processes, and deformation near the subduction zone. This heterogeneous structure predicts 
differences in the hydration state of the downgoing Juan de Fuca plate through time, and 
indicates that the current plate structure entering the Cascadia Subduction Zone may not 
reflect past structure.  
 
 82 
Figure 1. Locations of seismic reflection and refraction profiles of the Ridge to Trench experiment 
with transect names indicated. OBS positions utilized in this study are identified along the 
Washington transect with yellow circles (red circle indicates OBS that did not return data). Color 
bands correspond to magnetic isochrons (Wilson, 2002), with ages indicated in legend with 
locations of propagator wakes in dark gray shading. The Juan de Fuca ridge axis shown in white 
line, with ridge segments labeled in black. Dotted black line indicates the location of the Cascadia 
deformation front. JDF, Juan de Fuca plate; EX, Explorer plate; GA, Gorda deformation zone; 
RDTF, Revere-Dellwood transform fault; STF, Sovanco transform fault; NF, Nootka fault zone; 
BTF, Blanco transform fault; and MTF, Mendocino transform fault. Figure is modified from 




Figure 2. Final P-wave velocity (Vp) model and line drawing interpretation of the coincident MCS 
reflection image of the JdF plate along the Washington Transect.  (A) Two-dimensional velocity 
model with contours every 0.5 km/s. Locations of OBS stations utilized are indicated by numbered 
+s at the seafloor. Depth to seafloor, top of oceanic crust, and the Moho are marked with think red 
lines.  (B) Crustal thickness along transect as defined by distance between MCS reflection imaging 
of basement and Moho after applying a 10 km smoothing to remove high frequency variations 
associated with basement faulting. (C) Interpretation of depth converted multichannel seismic 
image of the Washington transect from Han et al. (2016). Black arrows indicate the location of the 
three profiles which make up the composite Washington Transect reflection profile; MCS lines 2A 
and 2 of the Ridge to Trench survey, separated by a ~20 km data gap due to marine mammal 
mitigation (grey shaded region), and Line 1-3 collected during a previous MCS survey (EW0207) 
and analyzed by Nedimović et al. (2009). Features are annotated in legend. In all panels the 





Figure 3. Average Vp extracted from tomographic velocity model (Fig. 2) for representative depth 
intervals from the crust and uppermost mantle. Solid black line denotes Vp averages, with 1 
standard deviation error based on Monte Carlo analysis (Fig. S3) indicated with grey shading. 
Horizontal grey bars indicate the location of propagator wakes. Black numbered dots indicate plate 
age in Ma based on magnetic anomalies (Figure 1). Averages are shown for (A) the upper crust 
(0.5 – 1.5 km below basement), (B) the lower crust (2.5 – 0.5 km above Moho), and (C) the upper 
mantle (0.5 – 1.5 km below Moho). Dashed black lines indicate predicted velocities for the same 




Figure 4. Estimated water contents for representative depth intervals from the crust and uppermost 
mantle. Water contents are calculated using the difference between predicted velocities and 
average Vp (Fig. 2) for each depth interval as in Fig. 3 with shading indicating uncertainty derived 
from ±1 standard deviation uncertainty in the velocity model (Fig. S3). We assume that all 
differences between predicted velocities and our velocity model results can be explained by cracks 
and pore space filled with either water or hydrous alteration products (see section 5.2). Horizontal 
grey bars indicate the location of propagator wakes, and black numbered dots indicate plate age in 
Ma based on magnetic anomalies (Fig. 1). (A) Upper crust (0.5 - 1.5 km below basement) for the 
case of free water filling cracks with aspect ratios of 0.01 (dark blue) and 0.1 (green). (B) Lower 
crust (2.5 - 0.5 km above Moho) for the case of free water infilling cracks with aspect ratio 0.01 
(dark blue), mineral assemblage 1 (green) and mineral assemblage 2 (cyan). Mineral assemblages 
are identical to those used in Horning et al. (2016), and are described in section 5.2. (C) Upper 
mantle (0.5 – 1.5 km below Moho) for the case of free water infilling cracks with aspect ratio 0.01 




Figure 5. Variations in plate characteristics with crustal age along the Washington and Oregon 
transects. (A-C) Washington transect (red) and Oregon transect (blue) (Horning et al., 2016) 
average residual velocity (difference between predicted Vp and tomography model Vp for each 
layer) for the three representative depth intervals after removing the propagator wakes zones and 
converting to crustal age using the locations of magnetic reversals and assuming a constant 
spreading rate between isochrons (Wilson, 1988). Data gap in Washington transect data from ~1 
– 1.8 Ma is due to propagator wake removal, as are the regions of overlap in Oregon transect data.  
(D) Basement depth below sea level on the Washington transect (red) and Oregon transect (blue) 
derived from Han et al., (2016). Data gap at approximately 6 – 6.7 Ma on the Washington transect 
is due to interruptions for marine mammal mitigation (Fig. 2B). (E) Root Mean Square (RMS) 
basement relief corresponding to the average basement variation from the mean depth determined 
from 5 km wide regions along the Washington (red) and Oregon transects (blue). RMS amplitudes 
are calculated every 250 m and averaged before plotting every 2.5 km, with vertical error bars 
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indicating one standard deviation of RMS measurements within the 2.5 km window. (F) Percent 
asymmetry in spreading rate calculated from location of magnetic isochrons on both sides of the 
ridge axis at the Endeavour segment (red) and the Coaxial segment (blue). Negative % asymmetry 
indicates that the west flank (Pacific plate) is spreading faster than the east (Juan de Fuca plate). 
Location of profiles used for spreading rate calculations were selected to minimize the impact of 
propagator wakes. Corresponding full spreading rates are shown in figure S6. In all panels color 
shading highlights age ranges of similar crustal and upper mantle characteristics (residual Vp, top 
of oceanic crust, RMS top of crust relief, percent spreading rate asymmetry and structures 
identified in MCS reflection imaging (Section 6.2 & 6.3; Table 2). Age ranges of similar properties 
are shown in green (6-8 Ma), pink (6 – 3.4 Ma on Washington transect and 6 – 4 Ma on Oregon 
transect), yellow (3.4 – 1 Ma on Washington and 4 – 1 Ma on Oregon transect) with 3.4 – 4 Ma 
shown in orange to highlight that the pink-to-yellow transition is offset between Washington (3.4 
Ma) and Oregon (4 Ma). Dashed vertical pink line indicates the location of the deformation front 












































Figure S1. Starting velocity models used for tomographic inversion. (A) Starting Vp model for 
the sediment section generated using a combination of velocities from prestack-depth migration 
analysis (line 2A) and stacking velocity analysis (line 2 and line 1-3-17).  (B) Crustal starting 
model generated using a combination of velocities for the upper crust from Nedimović et al. (2008) 
where available and a one-dimensional depth dependent average of Horning et al. (2016) results 
from the Oregon Transect for the lower crust. (C) Mantle starting model generated assuming 





Figure S2. One-dimensional random starting velocity models for 100 Monte Carlo iterations. (A) 
Initial models for the sediment layer (red) generated for Vp values at the top of the sediment section 
randomly distributed from 1.6 – 2.3 km/s and assuming Vp increases at a random gradient between 
0.1 and 0.4 s-1. (B) Initial models for the crust, which is split into two layers. The upper crust 
models assume Vp at top of crust is uniformly distributed random values between 4 and 6 km/s, a 
randomly distributed thickness of 1-3 km, and bottom with Vp not to exceed 6.5 km/s. Top of 
lower crust velocities match those at bottom of the upper crust, and Vp at base of lower crust is 
randomly distributed between 6.6 and 7.2/km/s. Full crust Vp models are shown in blue and full 
crustal thickness in cyan (constrained to be between 5 and 7.5 km, also randomly distributed). (C) 
Starting models for mantle (green), with top Vp randomly distributed between 7.4 and 8.26 km/s 
and a gradient range of 0.001 – 0.0225 s-1. (D) Standard deviation of the initial models shown in 
A-C. Sediment starting model std (red) is plotted in terms of depth below seafloor, crust (blue) in 




Figure S3. Velocity model uncertainty defined as one standard deviation of all randomized Monte 
Carlo solutions (Section 3.3). Annotated as in figure 2A. Greatest model uncertainty is for the 











Figure S4. Thermal model of predicted temperature with depth based on plate age and 
sedimentation (Section 4.2). Depth to seafloor, basement, and Moho are shown with bold black 





Figure S5. Comparison of calculated water contents along the Washington and Oregon transects. 
Water contents are determined from Vp models for the same depth intervals and using same 
methods, for the Washington transect (panels A-C, from figure 4) and Oregon transect (panels D-
F, from Horning et al. 2016) with both plotted by crustal age after removing propagator zones (see 















Figure S6. Full spreading rates within crustal corridors crossing Endeavour and Coaxial Segments. 
(A) Map showing the location of profiles and magnetic isochrons used to calculate spreading rates, 
annotated as in figure 1. The profile crossing the Endeavour segment (red) overlaps on the east 
flank with our Washington transect. In order to avoid the region of Axial seamount overprint at 
young crustal ages and propagator wakes in older crust, spreading rates are calculated for a profile 
located ~70 km to the north of the Oregon transect, centered on Coaxial segment. For this profile, 
full spreading rates are not calculated from 6.63 to 8.22 Ma due to the presence of a propagator 
wake. (B) Full spreading rates along the Endeavour profile (red) and the Coaxial segment (blue), 







Figure S7. Basement roughness and spreading rate estimated from additional MCS reflection 
profiles. Further constraints on crustal properties of the JdF plate are provided by the earlier studies 
of Carbotte et al. 2008, Nedimović et al. 2009 and Marjanović et al., 2011, which present three 
MCS transects crossing the ridge axis and extending to crustal ages of up to 5 Ma on both ridge 
flanks. (A) Map, annotated as in figure 1, showing the location of transects: Endeavour (purple, 
coincident with the Washington transect of our study), Northern Symmetric (green) and Cleft 
(black). (B) Depth to top of basement from Marjanović et al., 2011. Data is presented after 
removing propagator wake crust and converting to crustal age. (C) Average basement RMS relief 
calculated as described in figure 5.  (D) Half spreading rates calculated utilizing distance along 










Figure S8. Comparison of Vp results from the Washington transect and previous tomographic 
studies. (A) Bathymetric map of the Endeavor segment of the Juan de Fuca ridge, with the location 
of the ridge axis indicated by red dashed line. Solid red line indicates location of Washington 
Transect. Solid green line outlines extent of 3D Vp model derived from the seismic tomography 
study of Arnoux et al., (2019). Black line indicates extent of 3-D Vp and Vs model from Kim et 
al. (2019). Yellow box indicates the location of a P-wave seismic velocity model provided for a 
shallow mantle slice at 7.8 km beneath the seafloor as published in VanderBeek et al. (2016). 
Black + indicates the location of the 1D profile plotted in part B, and cyan line shows the projection 
of the Washington transect through these additional velocity models as plotted in parts C-E. (B) 
Comparison of 1D velocity profiles extracted from our Vp model for the Washington transect (red) 
with error bars indicating 1 standard deviation (Fig. S3), and the Arnoux et al. (2019) velocity 
model (cyan) taken from a location where the 2 datasets overlap in order to facilitate comparison. 
Models overall agree well, with the Arnoux et al. Vp results generally within error of our Vp results 
from the Washington transect. (C-E) Average Vp for the three depth intervals as in Figs. 3-5. 
Results from the Washington transect in solid red line with 1 standard deviation error based on 
Monte Carlo analysis indicated with grey shading. Vertical purple bar indicates location of 
propagator wake, and dashed black lines indicate predicted Vp for the same depth ranges for an 
assumed plate thermal model and lithology (Section 4.3). The upper crust is defined as 0.5 – 1.5 
km below basement, the lower crust as 2.5 – 0.5 km above Moho, and the upper mantle as 0.5 – 
1.5 km below Moho.  Cyan lines indicate extracted velocities for the same depth ranges from 
Arnoux et al., 2019, VanderBeek et al., 2016 and Kim et al., 2019. Results of these prior studies 
show lower velocities centered at the ridge axis as expected in the crustal accretion zone increasing 
with distance from the axis to reach velocities comparable to those we observe along the adjoining 









Characterization of the sediment section off the Cascadia subduction 




We present results of a multichannel seismic (MCS) study of the sediment section conducted along 
a transect spanning ~350 km along the Cascadia margin from offshore southern Oregon (44°18’N, 
125°18’W) to offshore Washington state (47°48’N, 126°24’W). We use prestack depth migrated 
(PSDM) MCS data to describe the reflectivity of the sediment section and identify important 
stratigraphic boundaries within our dataset. We evaluate the characteristics of the sediment section 
by inverting the PSDM section for impedance and density as well as assessing amplitude variation 
with angle of incidence (AVA) using the pre-stack gathers. Results of our analysis support the 
presence of a shallow proto-décollement (~1.5 km above basement) in the southern part of the 
region as a low permeability layer capping a more hydrous underlying sediment section. We 
interpret a step down in the proto-décollement to ~300 m above basement at 44°46’N, 
approximately 13 km south of previous interpretations of the step down, based on a relative shift 
observed in our inversion and AVA results as well as changes in horizon characteristics within 
PSDM data. Analysis of inversion and AVA parameters suggests that this step down region may 
be a transition zone of inferred increased fluid content and complex stress states within the 
accretionary wedge. North of the step down the proto-décollement is identified at approximately 
300 m above basement to 45°25’N, where a buried seamount interrupts local sediment stratigraphy. 
This buried seamount is overlain by anomalously high densities that are likely the result of 
mineralization associated with fluid flow focused along faults that bound the top of the seamount. 
 97 
North of the seamount the proto-décollement is identified as a horizon ~200 m above basement to 
45°50’N, north of which the proto-décollement is interpreted to be coincident with the top of 
oceanic crust. At 45°50’N a midlevel detachment horizon can be identified atop a layer of distinct 
sediment properties that may be experiencing active diagenesis. Our transect crosses the Astoria 
and Nitinat fans, which have distinct sedimentary characteristics inferred from our results, with 
the Astoria fan characterized by more chaotic packages of sandy sediments and the Nitinat fan by 
more continuous layered horizons of mixed silt and sand. Within the Astoria and Nitinat fans we 
interpret a horizon dated at 0.46 Ma which marks a boundary in AVA and inversion results and 
can be traced along much of the margin, suggesting a major regional event. We further describe 
the sedimentary characteristics of a confluence zone between the two fans that appears to have 
sediment influxes from both sources and is crosscut a long-lived heretofore unknown buried 
channel at 46°34’N as well as the two modern channels which are recently developed features.  
1.2 Introduction 
The amount, composition, and physical properties of incoming sediments play an important 
role in both the development of the accretionary wedge and in subduction zone processes. The 
properties of the sediment section have been inferred to influence the style of deformation within 
the accretionary wedge (e.g. Adam et al., 2004). Sediments entering a subduction zone have been 
inferred to play a role in the up-dip extent of megathrust rupture (e.g. Gulick et al., 2011), and may 
act as a control on the potential for tsunamigenic slip (e.g. Geerson et al., 2013). There have been 
no great subduction zone earthquakes along the Cascadia margin in recorded history, however 
paleoseismic studies show that Mw 8-9 quakes have occurred during the Holocene, with a 
proposed recurrence interval of 200-500 years (e.g. Atwater, 1987; Adams, 1990; Goldfinger et 
al., 2003; 2012; 2017). The seismically quiescent nature of this region makes it difficult to assess 
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the slip behavior of the plate interface and how it may vary along the margin (e.g. Wang and Trehu, 
2016). Studies suggest that offshore Washington the plate interface is strongly locked, while 
aseismic slip is thought to be accommodating a significant portion of convergence offshore Oregon 
from approximately 43° to 46° N. (Burgette et al., 2009, McCaffrey et al., 2013, Schmalzle et al., 
2014). Characterizing the physical properties of the downgoing sediment can provide crucial 
insight to the geologic factors that may play a role in shallow seismic rupture.  
In this study, we present analysis of multichannel seismic (MCS) data from the MARGIN 
transect which is located ~5-20 km seaward of the deformation front spanning approximately 350 
km along the Cascadia margin from 44.3°N, 125.3°W to 47.8°N, 126.4°W (Fig. 1), collected as a 
part of the Ridge to Trench experiment. The Ridge to Trench experiment collected MCS reflection 
and coincident wide-angle refraction data along three transects, including the MARGIN transect 
and two transects crossing the JdF plate from near the ridge axis to the Cascadia subduction zone 
(the Oregon and Washington transects). Previous studies of the MARGIN transect have provided 
constraints on the along trench structure of the crust utilizing MCS reflection data (Han et al., 
2018), the velocity structure and velocity-inferred water contents of the sediments, crust and upper 
mantle utilizing joint refraction/reflection ocean bottom seismometer (OBS) data (Canales et al., 
2017), and calculated Vp/Vs ratios within the sediment section from OBS records (Zhu et al., 
2020). In our study we utilize MARGIN transect MCS data in order to characterize properties of 
the sediments prior to subduction from central Oregon to Washington, spanning regions of marked 
change in accretionary wedge structure and inferred locking status of the megathrust. 
1.2.1 Geologic setting 
The Cascadia subduction zone extends from the Mendocino triple junction of northern 
California to Vancouver Island offshore British Columbia, spanning over 1,000 km (Fig. 1A). In 
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this region the Juan de Fuca (JdF) and Gorda plates subduct underneath the North American plate 
at rates ranging 30-45 mm/yr, with faster rates generally in the north as compared to the south 
(DeMets et al., 2010). The JdF plate forms at the intermediate spreading Juan de Fuca ridge less 
than 400 km from the subduction zone, making this an anomalously young warm endmember in 
the global subduction system, with the plate between 6 and 10 Ma in age at the onset of subduction 
(Wilson & Kirby, 2002). 
The Cascadia sedimentary basin lies on the JdF plate (Fig. 1A). During the Pleistocene 
epoch the basin has experienced sediment influxes from the continent via the Astoria and Nitinat 
fans, two major deep-sea fans formed during deglaciations and fed by the Columbia and Fraser 
Rivers respectively, which are also the primary sediment depocenters located offshore Oregon and 
Washington (e.g. Nelson, 1974; Hayes & Ewing, 1970; O'Connor & Baker, 1992, Underwood et 
al., 2005). A number of distributary channels contributed to the formation of these fans, and have 
been identified extending beyond the fans in the abyssal plain using bathymetry and side-scan data 
(Griggs & Kulm, 1973; Hampton et al., 1989; Karl et al., 1989; Underwood et al., 2005; Zühlsdorff 
et al., 2005).  
Cascadia terrigenous sediments are effectively trapped within the basin by the topographic 
high of the JdF ridge axis. At the ridge axis sedimentary thickness is negligible but accumulates 
eastward to thicknesses of up to 3 km just seaward of the Cascadia deformation front (Han et al., 
2016; 2017; Ferguson et al., 2018). Sediment thickness along the MARGIN transect ranges 1.5 to 
3 km, with thicker sediments found in the south offshore Oregon, thinning northward to 46.5°N 
before thickening again to the northern extent of our study area (Fig. 2). The Cascadia accretionary 
wedge, which overlies the shallow portion of the megathrust, is variable in structure and thickness 
north-south along the trench. Fold and thrust belts are present within the wedge, with dominant 
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landward-vergent thrust faults offshore Washington and northern Oregon transitioning southward 
to mixed vergence and eventually fully seaward-vergent at 44°42’N offshore central and southern 
Oregon (Fig. 1B) (MacKay, 1995; MacKay et al., 1992, 1995; Adam et al., 2004; Han et al., 2017).  
Nine WNW trending left-lateral strike slip faults (SSFs) are apparent in bathymetric and 
side-scan sonar data on the continental slope along the Oregon and Washington margin with strikes 
of 282-292° (Appelgate et al.,1992; Goldfinger et al., 1992, 1996b; 1997; Han et al., 2018). Of 
these, five SSFs cross the MARGIN transect. From south to north these faults are: Alvin Canyon, 
Daisy Bank, Wecoma, South Nitinat, and North Nitinat Fault (Fig. 1A).  
Direct information about the sediment composition at Cascadia is provided by a suite of 
drill holes through the sediment section acquired during the Ocean Drilling Project (ODP) and 
Deep Sea Drilling Project (DSDP) including: DSDP Leg 18 Site 174 and 175 (Shipboard Scientific 
Party, 1973), ODP Leg 146 Sites 888-892 (Shipboard Scientific Party, 1994; Westbrook et al., 
1994), and ODP Leg 168 Sites 1023-1032 (Fisher and Davis, 2000; Shipboard Scientific Party, 
1997a). While there are regional variations, these cores support the presence of two main 
lithological units within the sediment section – a deep unit of Quaternary hemipelagic mud (Unit 
II) overlain by a shallower unit of turbidite sands and silts (Unit I). Unit I can be further subdivided 
into subunits: the shallower Unit IA which is defined by sand and silt turbidites and debris flow 
deposits interlaced with hemipelagic mud; the deeper Unit IB made up of thin interbeds of silt 
turbidites and hemipelagic mud. The presence and extent of these units varies between drill 
locations, likely caused by a combination of variations in basement topography, and processes 
including channel switching, overbank flow, local slumping, and local debris flows (Underwood 
et al., 2005). 
1.2.2 Stratigraphic framework 
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Several MCS studies have assessed the depth to the décollement near the deformation front 
between 47°24’N and 44°33’N on the Cascadia margin by identifying the horizon at which the 
thrust faults that dominate  deformation within the active accretionary wedge end or shoal along 
seismic lines oriented roughly perpendicular to the margin (Adam et al., 2004; Booth-Rea et al., 
2008; MacKay et al., 1992;  MacKay, 1995). Han et al. (2017) compiled previous interpretations 
of the décollement measured within 2 km of the deformation front from transects that cross or 
come within ~5 km of crossing the MARGIN transect, including tie points at crossings with the 
margin normal Washington and Oregon lines, providing constraints on the depth to proto-
décollement along our transect (Fig. 2B). These line-crossing constraints indicate the proto-
décollement corresponds with a shallow horizon approximately 1.4-1.7 km above the basement 
from the southern end of the MARGIN transect to 44°51’N (Fig. 2). Within this region Han et al. 
(2017) also identify reversed polarity reflectors approximately 500 m below the proto-décollement, 
with a group of seaward-vergent proto-thrusts (dips of 35°–45°) shoaling into these reflectors. 
From her compilation of the existing data, Han et al. (2017) locate a step down in the proto-
décollement coincident with where the MARGIN transect crosses the Daisy Bank fault.  
North of the Daisy Bank fault the décollement is consistently identified in prior studies less 
than 0.6 km above the basement to the northern extent of our profile (Fig. 2). Previous studies have 
identified two detachments in this region, a basal detachment coincident with the top of oceanic 
crust and a mid-level detachment (MLD) up to 600 m above the top of oceanic crust (Adam et al., 
2004; Booth-Rea et al., 2008). The proto-décollement is generally thought to be coincident with 
the basal detachment north of 45°54’N, while the MLD may mark the boundary between overlying 
sediment and a change in lithology, compaction, and/or diagenesis (Peterson & Karanen, 2019).   
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Describing the depth extent of the Astoria and Nitinat fans within the Cascadia sedimentary 
basin is essential for understanding the structure of the accretionary wedge, and characterizing the 
types of sediments that may be coupled with the plate during subduction. Rohr et al. (2019) utilized 
the available drill core data from ODP leg 168 tied to regional MCS profiles in order to provide 
constraints on the depth and age of the base of the Nitinat fan as well as age constraints for the 
major stratigraphic units identified in these drill cores from the plate interior. The base of the 
Nitinat fan was found to be 0.76 Ma, within unit IB. The transition between unit IB and shallower 
unit IA, from silty turbidites to coarser turbidites with sands and debris flows, is dated at 0.46 Ma. 
Within unit IA Rohr et al (2019) also identify a transition to increasingly abundant debris flows at 
0.28 Ma. Each of these horizons was identified on Washington MCS transect, which crosses the 
MARGIN transect, allowing for the tracing of these horizons within our dataset (Fig. 2B).  In the 
region of the Nitinat fan these horizons can be confidently traced, however at greater distances the 
horizon is interrupted by local changes in stratigraphy (e.g. fan sediment packages and channels), 
and interpretation becomes more speculative (indicated by dashed lines in Figure 2B). The 0.46 
horizon interpreted as possibly present within the southern Astoria Fan portion of our profile, 
though this is particularly speculative as the horizon cannot be continuously traced along our 
transect. We identify the base of the Astoria fan based on a prominent unconformity evident in the 
Oregon MCS transect which was identified in early seismic data from this region and provided the 
primary motivation for drilling at DSDP 174.  
2. Data and Methods 
Multichannel Seismic data used for our study were acquired aboard the R/V Langseth and 
presented in Han et al. (2017; 2018). Data acquisition was conducted using the R/V Langseth’s 
6,600 cubic inch airgun fired every 37.5 m and recorded with an 8-km long, 636 hydrophone 
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receiver array at a sampling rate of 2 ms. MCS processing steps included band-pass filtering, trace 
editing, spherical divergence correction, despiking, predictive deconvolution, and Radon filtering 
(Han et al. 2017; 2018). Data was sorted into 6.25 m spaced common reflection point gathers 
(CRPs), and split into four sections due to memory limitations when applying Kirchhoff analysis. 
Velocity models from pre-stack time migration were used as starting models for Kirchhoff pre-
stack depth migration (PSDM), which were updated using semblance analyses at every 1,250 m 
(200 CRP) (Han et al., 2017). The PSDM section and the full PSDM velocity model are shown in 
Figures 2 and S1A respectively.  
Examples of CRP gathers migrated using 2D Kirchhoff Prestack depth migration with the 
PSDM velocity model are presented in Figure 3. We invert the PSDM section for acoustic 
impedance and density, and perform Amplitude Variation with Angle (AVA) analysis on CRP 
gathers in order to characterize properties within the incoming JdF plate sediment section prior to 
subduction. We utilize Hampson Russel Software (HRS) licensed by CGG to invert for impedance 
and density in addition to calculating AVA results.  
2.1 Impedance and Density Inversions 
Impedance inversions are generated using as input the (1) PSDM sections, (2) a starting 
impedance model, (3) an estimated source wavelet, (4) and a set of digitized horizons used to guide 
the initial model. Industry standard impedance inversions using HRS utilize well log data in order 
to generate the starting impedance model. However, in the absence of available well log data for 
this region we generate a starting impedance model by extracting ‘pseudo-wells’ from our velocity 
model. We attempted to generate a starting model utilizing OBS derived Vp/Vs ratios (Zhu et al., 
2020) along our profile but found the sampling interval from that study within the sediment section 
to be too coarse and irregular to provide adequate resolution for our inversion.  
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We generate our starting model by first extracting pseudo-wells from our PSDM velocity 




Where 𝜌 is density (g/cc), Vp is our input velocity in m/s, and 𝛼	and 𝛽 are empirically derived 
constants where we utilize Gardner’s constants 0.310 and 0.25 (Gardner et al., 1974). While it is 
standard to use well log data to calibrate these values in industry, Gardner shows that these 
constants are reasonable averages in a variety of different rock types. Impedance can then be 
estimated as the product of the density of the medium multiplied by the velocity. 
Using this relationship between velocity and density with impedance, we created pseudo-
wells of impedance and density spaced every 15 km along the MARGIN transect. The pseudo-
wells are then imported into HRS along with seafloor and top of basement horizons picked from 
the PSDM sections and are used to construct the starting impedance model. We utilize a HRS 
generated source wavelet using a bandpass linear phase filter with a low frequency cutoff of 3 Hz, 
lowpass of 7, highpass of 30, and highcut of 50 Hz  (Fig. S2). In order to generate a starting 
impedance model, HRS linearly interpolates between input impedance pseudo-wells laterally and 
with depth along the input horizons of seafloor and top of basement for our case. Starting 
impedance models for each of the four sections of the MARGIN transect are shown in Figure S3.  
HRS utilizes the starting impedance model, source wavelet, and PSDM sections to invert 
for a final impedance model (Fig. S4) by convolving the source wavelet and the starting impedance 
model to generate synthetic seismic data. The synthetic seismic data is then differenced with the 
input PSDM section and perturbations are made to the impedance model to reduce differences 
between the synthetic and true PSDM section. The inversion is run iteratively, repeatedly altering 
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the impedance model, in order to generate a final impedance model that minimizes error between 
the synthetic and true seismic data.  
Variations in impedance reflect changes in lithology, porosity, and fluid content. Here we 
present the percent change in impedance between our input and inverted models (Fig. 4A). Percent 
change in impedance provides constraints on how the reflectivity in our PSDM data requires 
impedance variations from the input smooth impedance model, highlighting the presence of 
horizons and regions of changing and/or anomalous impedance. Variations in percent change in 
impedance observed in our dataset are up to ± 5 %, with positive percentages (red) indicating an 
increase in impedance as compared to the starting model and vis versa. Our percent change 
impedance results do not indicate regions of broadly increasing nor decreasing impedance, but do 
indicate that some horizons and regions within our dataset require large excursions in impedance 
(± 5 %). These horizons/regions of more variable impedance highlight intervals of step-wise 
changes in lithology and/or fluid content.  
Inverting for density follows the same process. We input starting density wells calculated 
with Gardner’s Equation to HRS, which then inverts for best-fit model density (Fig. 4B). We 
present the results of our density inversion directly rather than difference between input and 
inverted density (Fig. S5) in order to provide a more straightforward geologically interpretable 
parameter.  
2.2 Residual Velocity 
 Residual velocity (ΔVp) presented here is calculated as the difference between the PSDM 
velocity model (Fig. S1A) as described above and a reference velocity model (Fig. S1B) assumed 
to reflect normal sediment consolidation, both of which are described in Han et al., 2017. The 
reference velocity model is calculated by averaging velocity profiles from 40-45 km seaward of 
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the deformation front extracted from the Oregon and Washington transects to depths of 1.5 km 
below the seafloor, and assumes uniaxial deformation driven by sediment burial with pore fluid 
pressure equivalent to hydrostatic pressure. To extend the reference velocity model representing 
normal consolidation to depths of 1.5 – 5.5 km below seafloor, Han et al. (2017) utilized sediment 
velocities reported from the Makran margin (Minshull & White, 1989), with linear extrapolation 
of velocities for depths greater than 5.5 km. We utilize Han et al.’s (2017) combined normal 
consolidation reference velocity model as our reference Vp across our profile (Fig. 4C).  
Because the reference velocity model is assumed to represent a normal consolidation state 
of sediments along the transect while the PSDM Vp model derives velocity estimates from the 
MCS data, the residual velocity, ΔVp, facilitates the identification of differences in consolidation 
state along the MARGIN transect (Fig. 4C). Changes in consolidation state have been linked to 
variations in horizontal compression within the sedimentary section, with over-consolidated 
sediments linked to low fluid contents, and normal to under-consolidated sediments associated 
with increased fluid contents (Han et al., 2017). ΔVp results presented here show variations of up 
to ± 1 km/s, and are displayed with red values inferred to be under-consolidated sediments and 
blue to over-consolidated relative to the reference plate interior model of normal compaction.  
2.3 Amplitude Variation with Angle analysis 
Amplitude variation with angle analysis is a pre-stack inversion method based on the 
observation that variations in seismic reflection amplitude with the angle of incidence are 
dependent upon changes in velocity, density, and Poisson’s Ratio within the lithologic section. 
The variations in amplitude of reflection as a function of angle of incidence are described by the 
Knott-Zoeppritz equations (Zoeppritz, 1919), however, due to the complexity of these equations, 
linearizing approximations are often used. Following standard applications, we utilize the two term 
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Aki-Richards equation (Richards & Aki, 1980) approximation to calculate intercept A, the normal-
incident reflection coefficient, and slope B, the reflection-coefficient gradient.  
Inputs to AVA analysis are the CRP gathers and the PSDM velocity model. Datasets are 
loaded into HRS, and CRP gathers are transformed from source-receiver offset distance gathers to 
angle gathers using the PSDM velocity model, which is the fundamental step differentiating 
Amplitude Variation with Offset (AVO) analysis as compared to the AVA analysis performed 
here. In relatively simple geologic settings AVO and AVA can be used interchangeably, however, 
in regions with more complex velocity structures AVA is preferable (e.g. Sheriff & Geldart, 1995). 
We select an angle range of 0-30º based on conventional industry practice, where A is generally 
calculated from near angle stack data of incident angles less than 20º and B calculated from the 
mid-angle stack at 20-30º (Fig. 3).  
Outputs of AVA are A and B coefficients calculated for every 50 CRP angle gathers 
sampled at 5 m depth intervals along each gather (Fig. S10). We combine seismic attributes of A 
and B and present AVA crossplots for regions of interest (Figs. 5, S6-S8). AVA crossplots of the 
intercept (A) and slope (B) attributes provide a method for discriminating between background 
‘standard’ lithology as compared to anomalous regions that may be fluid rich or hydrocarbon 
bearing (e.g. Castagna & Swan, 1997). Because sandstones and shales that commonly make up 
sedimentary sections tend to fall along a well-defined background trend, AVA cross plot 
interpretation is largely based on evaluating the difference between intercept-slope relationships 
and the background trend (e.g. Castagna et al., 1998).  
The interpretation of cross plots is traditionally done through the lens of the Rutherford 
and Williams (1989) classification, which divide A-B relationships into three classes based upon 
the polarity of the A and B terms for a horizon of interest and was later extended by Castagna and 
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Smith (1994) to include a fourth class. This classification system serves to distinguish between 
background ‘non-pay’ lithology and anomalous lithology that may indicate the presence of 
hydrocarbons for oil and gas exploration (Castagna et al., 1998). Here our aims are different – we 
do not expect to identify hydrocarbons within our region; however, we can follow the same logic 
of evaluating the difference between A-B values along horizons of interest in order to assess areas 
that may be lithologically anomalous e.g. due to presence of fluids. Castagna et al. (1998) further 
show that it is possible to derive Vp/Vs values based on the background trend defined by A-B 
crossplots assuming constant density and constant Vp/Vs relationship. We follow this 
methodology to define the relationship between A-B and Vp/Vs  using equation 1: 






 which is called the fluid line for the special case of Vp/Vs = 2, where the slope is equal to 
-1. The background trend is defined as the direction of the major axis of the smallest ellipse that 
encompasses all the A-B points in a given crossplot (Figs. 5D, S6-S8). We compile the background 
trends and calculated Vp/Vs values for all AVA regions of interest as well as trendlines for 
endmember Vp/Vs values in Figure 5A & B, with the locations each trendline is calculated from 
highlighted on the PSDM section in Figure 5C. Increasing Vp/Vs values correspond with 
counterclockwise rotation of the background trend which is associated with increasing fluid 
content (Castagna et al. 1998). Vp/Vs values under 2 suggest well consolidated sediments, while 
Vp/Vs values over 2 are often found in shallow, under-consolidated sediments. The background 
trend changes dramatically for Vp values below 2.5 km/s (e.g. Fig. S7, Section 5), making it 
difficult to establish a well-defined background trend (Castagna et al., 1998), and so sediments 
found at depths shallower than ~4 km (~1 km below seafloor) are generally not included in this 
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analysis. While a counterclockwise rotation of trend line indicates increasing Vp/Vs and can be an 
indicator of increased fluid content, multiple combinations of Vp and Vs can yield the same Vp/Vs. 
 Crossplots of A and B parameters provide a means of visualizing these parameters for 
specific horizons or sub regions of interest (i.e. horizons that might cap higher fluid pressure 
sediments). However, alternate visualizations are necessary to evaluate these parameters across 
the entire seismic section. The product of intercept and slope (A*B) is used in hydrocarbon 
applications to identify regions of low impedance gas sands relative to overlying shales where both 
intercept and slope are strongly negative and will therefore appear as a strong positive excursion 
(Castagna & Smith, 1994). Castagna & Smith (1994) also suggested use of (A+B)/2, which they 
show is approximately equivalent to the reflectivity difference Rp-Rs, where Rp is the P-wave 
normal-impedance reflectivity and Rs is S-wave normal impedance reflectivity. We present results 
of A*B  and (A+B)/2 analysis (Figs. 4D & E) in order to assess along transect variations after 
normalizing values to between -1 and 1. HRS provides a framework for normalization that makes 
interpretation of these parameters more straightforward, first setting values with amplitudes in the 
bottom 10% of all amplitudes to zero to avoid skewing results to low values, and then normalizing 
to between -1 and 1.  
There does not exist a standard in the literature for evaluating A*B and (A+B)/2 outputs in 
the context of a sedimentary basin outside of hydrocarbon exploration, nor any experimental 
constraints to discriminate lithology or potential fluid presence based on their values. We therefore 
provide a basic framework for interpreting these parameters through the lens of relative variations 
in A*B and (A+B)/2 in the context of our transect. We utilize knowledge of the sediment lithology 
in the region from drilling constraints in order to better describe how relative variations in these 
parameters may be related to physical parameters. In our application, regions of consistently 
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negative values of A*B correlate with higher amplitude ± variations in (A+B)/2 (Figs. 4D & E) – 
this pattern is primarily observed in the shallow sediment section where coring constraints indicate 
more sand rich sediments are present. Positive A*B values correlate with lower amplitude (closer 
to zero) variations in (A+B)/2, and are often found deeper in the sediment section below the 
interpreted base of fan horizons, potentially indicating regions of more clay rich sediments. 
Horizons often appear as strong +/-/+ anomalies in (A+B)/2 results, suggesting that (A+B)/2 may 
be a good indicator of thin regions where lithology changes. Tracing individual horizons within 
A*B results is generally not as clear as horizons in (A+B)/2 on the stack scale (Fig. 4D), though 
changes across horizons are observed, with transitions usually from more negative A*B to positive 
with increasing depth.  
3. Results  
In this section we describe results of interpretation of the PSDM section, inversions of 
impedance and density, AVA parameters, and residual velocity (ΔVp) analysis from the MARGIN 
transect. Figures are shown with distances along our transect measured from an origin at the 
Oregon Transect line crossing, with negative distances indicating regions south of the Oregon line 
crossing, and the Washington Transect line crossing at ~315 km 
3.1 Interpretation of proto-décollement along our profile 
 Previous studies identify the depth/two-way traveltime of the proto-décollement on 13 
margin-crossing MCS profiles that intersect the MARGIN transect, providing constraints on the 
depth to this horizon at various points along our profile (Section 1.2; Fig. 2B). We use these studies 
to help identify the candidate proto-décollement horizon on our transect at the tie point locations 
and interpret the proto-décollement across the entire transect based on horizon characteristics 
including reflection amplitude, frequency and continuity. Here we describe our interpretation of 
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the proto-décollement horizon and its depth and reflection amplitude characteristics from the 
PSDM section and from our AVA and impedance inversion results. We also compare AVA and 
impedance inversion results for the sediment section above and below the proto-décollement.  
3.1.1 Character of the proto-décollement in PSDM section 
 At the southern extent of our profile the proto-décollement horizon coincides with a bright 
reflector at depths of 4500 m below sea level (~1500 m above basement, Fig. 2). Moving north the 
horizon transitions to a longer wavelength/low frequency reflector at distances of -5 km, and 
extends in this broad form northwards to 13 km, where the amplitude of the reflector abruptly 
decreases (Figs. 2, 6). While this shallow horizon does continue north of 13 km, it becomes a 
diffuse low amplitude reflector that is more difficult to trace.  
At the southern end of our profile a high amplitude horizon is present in the PSDM section 
at depths of ~5000 m (~1000 m above basement), which was identified in Han et al. (2017) as a 
region of reversed polarity reflectors (Fig. 2). This horizon is overlain by a region of reduced 
reflectivity in the PSDM section starting just below the overlaying shallow proto-décollement 
(~4500 m depth) (Fig. 6). In the region of low frequency shallow proto-décollement another 
anomalous low frequency bright reflector emerges at distances of -5 km and depths of 5200 m 
(300 m above basement), which based on the prior seismic studies corresponds with the location 
of the proto-décollement ~40 km to the north. This deeper reflector continues as a lower frequency 
bright event from -5 km to the Daisy Bank Fault at 26 km. North of Daisy Bank the reflector 
continues as a higher frequency bright event to 70 km, where its amplitude reduces north of the 
Wecoma SSF at a smaller local fault in the deep sediment section. North of this fault there are 2 
candidate proto-décollement horizons ~135 m apart, with the shallower one slightly brighter. 
There are no crossing lines to constrain the proto-décollement horizon between 70 and 85 km, and 
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we consider both of these two reflectors as candidates. At distances of 85 – 95 km a buried 
seamount is present that rises ~1.2 km above local basement, disrupting identification of the proto-
décollement horizon.  
North of the buried seamount a horizon is present at the same depth within the sediment 
section as the deeper of the two candidate proto-décollement horizons south of the seamount, 
underlain by a region of reduced reflectivity in the PSDM section (Fig. 2). There are no margin-
crossing lines to constrain the proto-décollement horizon is this region, however the similarity 
between this horizon and the one just south of the seamount is compelling. This potential proto-
décollement horizon shoals with basement northward from depths of 5000 m (~150 m above 
basement) near the seamount to 4800 m (~100 m above basement) at 110 km, where the horizon 
becomes a higher amplitude reflection in the PSDM section to distances of 140 km. At 140 km the 
horizon diminishes in amplitude and can no longer be traced. A prior margin crossing transect at 
140 km places the décollement as coincident with the top of oceanic crust. 
 Previous studies have identified the presence of a mid-level detachment (MLD) beneath 
the accretionary wedge in the offshore Washington margin region (Fig. 2B). While the MLD has 
only been identified in these studies at the northern extent of our profile (distances > 220 km), the 
horizon identified as the MLD from the crossing line constraints can be traced south to kilometer 
140 at depths of 4500 m (500 m above basement). The MLD is a bright horizon underlain by 
reduced reflectivity in the PSDM section. This horizon crosses several faults where it is slightly 
offset, and a small gap is present at 215 km, but it remains traceable as a bright reflector to the 
northern extent of our profile.  
3.1.2 Character of the proto-décollement in AVA and impedance inversion  
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Percent change in impedance inversion results show a strong excursion at the depth of the 
shallow proto-décollement (4500 m) at distances of -35 to -13 km (Fig. 4A). Below the proto-
décollement percent change impedance values are markedly low to the reflector at ~5000 m (Figs. 
4A & 6A). The excursion in percent change impedance at this horizon becomes negligible north 
of 13 km, while the deeper candidate proto-décollement horizon (5200 m depth) emerges as a 
strong excursion underlain by several prominent layered excursions to the basement. These 
underlying layers extend below the deep proto-décollement to distances of ~48 km where they 
fade, but the proto-décollement horizon continues to be prominent as an impedance anomaly 
further north to 70 km. At distances of 70 km to 85 km, where there are two possible horizons 
candidate for the proto-décollement, the shallower of the two is more prominent than the deeper 
in percent change impedance results. North of the seamount percent change impedance shows a 
negative excursion at the depth of the candidate proto-décollement horizon, with faint layered 
positive and negative excursions underlying the horizon.  
The proto-décollement is apparent in the (A+B)/2 results as a strong excursion particularly 
apparent at the southern extent of the transect (Fig. 4E). (A+B)/2 results follow the same pattern 
as the PSDM section and percent change impedance – a strong excursion is present in the shallow 
proto-décollement region to distances of 13 km where the horizon diminishes, at which point the 
deeper proto-décollement emerges as a strong excursion in (A+B)/2 results. However, this horizon 
is less prominent in (A+B)/2 than in the PSDM and percent change impedance results, and 
becomes intermittent and difficult to trace north of 30 km.   
Crossplots of A-B results are presented for 7 analysis windows surrounding the shallow 
proto-décollement and the extension of this horizon to the north (Figs. 5A, 5C, S6-S8, Table 1), 
with section numbers increasing to the north. The shallow proto-décollement horizon in section 1 
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shows a poorly defined background trend (Table 1, Fig. S6). Vp/Vs ratios calculated from the  A-
B background trends decrease moving north along the shallow proto-décollement. Crossplots of 
A-B results are also presented for 9 analysis windows along the deep proto-décollement and the 
extension of this horizon to the south (Fig. 5B, 5C, S6-S8, table 1). At the deeper proto-
décollement Vp/Vs values are highest near the step down and decrease northwards.  
3.1.3 Nature of sediments above and below the proto-décollement  
 At the southern extent of our profile, where the proto-décollement is interpreted to be 1500 
m above the basement, the PSDM section shows reduced reflectivity and lower amplitudes 
immediately underneath the proto-décollement, and there exists transition in inversion and AVA 
parameters (Fig. 4). In order to facilitate fine scale interpretation of variations at locations of 
interest along the proto-décollement we generate 1D profiles of average inversion and AVA 
parameters extracted from the region of the shallow proto-décollement (-15 to -10 km), 
approaching the proto-décollement step down but still to the south (-2.5 to 2.5 km), within the 
region of the step (15 to 20 km), and north of the step down (42 to 47 km) shown in Figure 6. 
Depending on the nature of the change in parameter, in some cases variations across the proto-
décollement are more apparent in the transect scale visualizations (Fig. 4) and in other cases in the 
extracted 1D profiles (Fig. 6).  
The 1D profiles reveal that, in the south, where the proto-décollement is shallow, it marks 
a subtle transition from higher frequency/amplitude variations to lower frequency and amplitude 
variations in percent change impedance and density. The same transition in frequency/amplitude 
is not observed across the same depth interval/horizon in 1D profiles extracted further north (panel 
6B compared with 6D). Inverted impedance and density show lower impedance and density values 
below the shallow proto-décollement as compared to extracted profiles to the north of the inferred 
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step down in the proto-décollement. Just north of the proto-décollement step down, at ~13 km, a 
change in percent change impedance and density are apparent in both the PSDM section and the 
extracted profiles that are not present further south. We observe high density values of over 2.4 
g/cc below the deep proto-décollement at distances of 10 - 70 km, while further south (< 10 km) 
densities at similar depths are consistently lower (< 2.3 g/cc).  
 In sediments above the shallow proto-décollement A*B values are generally negative 
while below the proto-décollement values transition to being near zero or positive (Figs. 4B & 6G). 
At distances of ~13 km this mid-section transition between dominantly negative versus positive 
A*B values diminishes, and while shallow sediments continue to display dominantly negative 
values, deeper sediments (i.e. 4500-5200 m) display a mix of positive and negative A*B values. 
This transition is more apparent in the transect scale results shown in Figure 4 than in the 1D 
profiles. The pattern of more negative A*B values in sediments above the proto-décollement 
transitioning to more positive A*B values below the proto-décollement is also apparent for the 
deeper proto-décollement horizon. A transition in (A+B)/2 properties is also present at the proto-
décollement, though less apparent, with sediments below the proto-décollement generally lower 
amplitude values (near zero) and those above the proto-décollement largely higher amplitude and 
more variable.  
 3.2 Astoria and Nitinat fan sediments 
The Astoria fan extends from the southern extent of the MARGIN transect to just north of 
where the Willapa channel intersects our transect at 180 km (Fig. 1A). From 180 to 225 km, where 
the Juan de Fuca channel crosses the transect, there exists a confluence zone where sediments from 
both the Astoria and Nitinat fan may be present (Fig 1A: Juan de Fuca Channel is located directly 
north of a westward bend beyond which it is known as Cascadia Channel as labelled on Fig. 1A). 
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North of 225 km the shallow portion of our profile is dominated by Nitinat fan sediments. As with 
the evaluation of the proto-décollement, we extract 1D profiles of average inversion and AVA 
parameters over 5 km wide regions from comparable locations on the southern flank of the Nitinat 
(centered at 315 km) and Astoria fans (75 km), and within the confluence zone (210 km) (Fig. 7).   
 Astoria fan sediments are characterized by packages of more chaotic, short discontinuous 
reflections bounded by more laterally continuous horizons in the PSDM section (Figs. 2, S12). 
Packages are generally less than 200 m thick and total fan sediment thickness is up to 1.6 km under 
the fan apex (Fig. 2). The proximal fan region is characterized by chaotic and variable seismic 
reflections, chaotic yet low amplitude percent change impedance, and anomalously low amplitudes 
in shallow (A+B)/2 and A*B results. These characteristics change moving away from the fan apex 
to the more distal fan reaches to the north and south. Astoria fan sediments show a marked 
difference in the character of the sediments within the fan as compared with those directly 
underlaying it, with the chaotic sediment package within the fan transitioning abruptly to a lower 
sediment section dominated by laterally continuous reflections. Faulting in this region is confined 
to below the base of the Astoria fan horizon, which in the south is interpreted to coincide with the 
shallow proto-décollement (section 3.1).  
Extracted 1D profiles for percent change impedance for the Astoria fan show moderate 
variations (± 2 % Δ m/s*g/cc) in the shallow sediment section above the 0.46 Ma horizon, which 
corresponds with a large excursion, below which amplitudes are muted (< ± 1 % Δ m/s*g/cc) 
compared to above the horizon (Fig. 7A). Percent change impedance amplitudes and frequencies 
continue decreasing with depth to the base of the Astoria fan. Inverted impedance values are high 
within the Astoria fan as compared to the confluence zone and a change in slope is observed at the 
approximate depth of the interpreted 0.46 Ma horizon, with impedance increasing less with depth 
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as compared to above the horizon. A*B results show dominantly negative values with short 
wavelength variations to the interpreted 0.46 Ma horizon, below which values remain negative but 
decrease in amplitude. Below the fan horizon A*B values transition to generally closer to zero 
with two regions of negative excursions at depths of ~1550 m and ~1700 m below seafloor. The 
(A+B)/2 parameter shows a modest decrease in amplitudes beneath the interpreted 0.46 Ma 
horizon, but to a lesser degree than other parameters.  
In the PSDM section, Nitinat fan sediments are characterized by markedly more laterally 
continuous reflections as compared to the Astoria fan, with little difference in reflection 
characteristics compared with sediments below the interpreted base of fan (Figs. 2, S12). Total 
Nitinat fan thickness is up to 1.4 km thick at the northern extent of our profile. In the shallow 
sediment section above the 0.28 Ma horizon percent change impedance shows relatively low 
frequency variations as compared to between 0.28 and 0.46 Ma horizons where variations are 
higher frequency (Figs. 4, 7). Below the 0.46 Ma horizon percent change impedance variations 
become lower frequency again with somewhat dampened amplitudes. Inverted impedance within 
the Nitinat fan region shows a slope change that appears to occur at the approximate depth of the 
0.46 Ma horizon in this region, similar to the Astoria fan. The A*B parameter is largely negative 
within the fan, decreasing in amplitude with depth, and show regions of large amplitude excursions 
at approximately 200, 400 and 575 m depths. The (A+B)/2 parameter shows high amplitude 
variations in the shallow section, with slightly decreasing amplitudes at depth and excursions at ~ 
the same depths as the high amplitude excursions identified in A*B.  
 In the PSDM section, the confluence zone between the Astoria and Nitinat fans is 
characterized by low amplitude thin, closely spaced, laterally continuous horizons interwoven with 
more chaotic discontinuous reflectors (Figs. 2, 7, S12). Percent change impedance results show 
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high amplitude/frequency variations above the 0.46 Ma horizon, below which variations reduce in 
frequency with amplitudes decreasing with depth. The A*B parameter shows discrete intervals of 
higher amplitude at depths shallower than 0.46 Ma, with higher amplitude events identified at 
approximately 190, 400 and 540 m below seafloor. The 0.46 Ma horizon at ~ 700 m appears to 
mark a transition to lower amplitude A*B results below.  
Unlike within the Astoria and Nitinat fan sections, we do not observe a slope change in 
inverted impedance within the confluence zone, values of impedance are lower in shallow 
sediments and higher within the basal sediment section within the confluence zone as compared 
to the two fans. ΔVp results are consistently low in the region of the confluence zone as compared 
to within the fans (Fig. 4C).  
3.3 Channels within the confluence region  
 There are several channels which cross the MARGIN transect, including the Astoria south 
channel at 100 km, Astoria north channel at 132 km, the Willapa channel at 180 km, and Juan de 
Fuca channel at 225 km, all of which are modern channels on the margin (Figs. 1, 2). We also 
identify a heretofore unknown buried channel at a distance of 218 km extending from 300 m below 
the seafloor through the sediment section to the top of oceanic crust characterized in the PSDM 
section by decreased seismic amplitudes and discontinuous horizons (Fig. 8). While all of the 
modern channels can be identified in bathymetry data as local depressions, none of them appear 
to extend deeper than uppermost 300 m of sediment, under which there is no evidence of channel 
structure. However, the buried channel (which has no seafloor expression) is clearly identifiable 
in most of our results: A*B values are positive within this channel, AVA (A+B)/2 and percent 
change impedance values are low in amplitude, and density gradient is decreased (Fig. 8).  
3.4 The buried seamount 
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 A seamount is present centered at a distance of approximately 90 km that is 15 km wide at 
the base and rises 1.2 km above the surrounding oceanic crust, buried by 1.5 km of sediment (Fig. 
9). Two faults are identified bounding the apex of the seamount that extend ~1 km through the 
overlying sediment package to within 500 m of the seafloor. Density results indicate that the 
sediment between these two faults may be anomalous, with higher density values found between 
these faults than in the sediments at the same stratigraphic level to south and north. ΔVp values 
are high, indicating that the region between the faults at the top of the seamount may be over-
consolidated.  
Tracing horizons in the sediments in the ~ 1 km directly above the seamount is challenging. 
On both sides of the seamount horizons shoal approaching seamount from the basal sediment 
section to ~1 km above the top of the seamount, above which sediment horizons are horizontal. 
The seamount appears to mark a boundary in ΔVp, which shifts from being dominantly negative 
south of the seamount to positive throughout the sediment section north of the seamount.  
4. Discussion 
Results of analysis of the PSDM section, impedance and density inversions, and AVA 
analysis provide new insights into the characteristics of the sediment section along the MARGIN 
transect. Here we present interpretation of major findings from our analysis, focusing first on the 
proto-décollement – both our interpretation of the properties of the shallow-level proto-
décollement found in the south as compared to previous studies  (4.1), and a new interpretation of 
the location of the step down in the proto-décollement (4.2). We discuss the presence of a horizon 
that corresponds with a previously identified mid-level detachment at the base of the offshore 
Washington accretionary wedge (4.3). Next, we explore the differences in the stratigraphic 
character of the Astoria and Nitinat fan and the observed confluence zone between them, as well 
 120 
at the presence of channels crossing our transect that have likely provided influxes of sediments to 
the fan regions (4.4). Finally, we compare our results to results of previous studies that describe 
the crustal characteristics of the MARGIN transect as well as estimates of seismic slip and the 
locked megathrust portion (4.5).  
4.1 Characteristics of the proto-décollement at the southern end of the MARGIN transect  
Interpretations of the décollement near the deformation front from previous margin 
crossing studies provide constraints on the depth to this horizon and how it may vary along our 
transect. We are able to confidently identify the proto-décollement horizon in the southern section 
of our study based on the line crossing constraints, and identify the horizon as a high amplitude 
reflector below which sediment reflectivity is diminished in the PSDM section (Figs. 2, 6). The 
lack of reflectivity in the ~500 m directly underlying this horizon as well as the low amplitudes in 
percent change impedance results are consistent with prior studies which find evidence for 
increased fluid content within this layer. Zhu et al. (2020) conduct a study utilizing ocean bottom 
seismometer data from the MARGIN transect to derive Vp/Vs ratios and find anomalously high 
Vp/Vs values at one location immediately below their interpretation of the proto-décollement as 
compared to layers above and below it, which they interpret as a section of trapped fluids capped 
by a low permeability layer. However, Zhu et al. (2020) interpret the proto-décollement as ~300 
m below the interpretation of Han et al. (2017; 2019) and our study. Han et al. (2017) identify low 
residual velocities within the sediment section underlying the proto-décollement (at 4500 m depth) 
in this region in addition to finding a series of proto-thrust faults extending from near the seafloor 
to reversed polarity reflectors approximately 500 m below the proto-décollement in the margin 
crossing Oregon transect. Han et al. (2019) conducted 2-D elastic full waveform inversion of MCS 
data, showing that a low-velocity zone exists below the proto-décollement (4500 m depth), which 
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they interpret as a region of anomalous high porosity that developed in response to horizontal 
compression from the accretionary wedge. 
We utilize the same ΔVp analysis as Han et al. (2017), and so our observations of low 
residual velocities are the same in this area. Han et al. (2019)’s observation of a low-velocity zone 
directly underneath the proto-décollement interpreted as a fluid rich region aligns well with our 
observations. Calculated A*B and (A+B)/2 parameters also indicate the proto-décollement 
represents a boundary in sediment properties, with a transition from strongly negative to positive 
A*B values and step-like transition to lower (A+B)/2 amplitudes below the proto-décollement 
(Figs. 4, 6). Our interpretation of the proto-décollement in this region is coincident with the horizon 
previously interpreted as marking the base of the Astoria fan (Han et al., 2017; Cochrane et al., 
1994). Because the décollement is the boundary between sediments accreted to the wedge and 
subducted with the plate, the interpretation of the proto-décollement as the base of the Astoria fan 
boundary implies that the ~1.5 km of subducting sediments corresponds with the plate interior 
distal silty turbidites and deep hemipelagic clays.   
Our findings of changes in sediment properties are consistent with previous inferences of 
a fluid rich sediment package beneath the shallow proto-décollement and allow us to confidently 
locate the step-down in the proto-décollement depth.  
4.2 Location of the step down of the proto-décollement 
The transition from a shallow décollement to a deep décollement near or at top of the 
oceanic crust was evident from the early MCS studies along the Cascadia margin, and sediment 
properties in the region of this transition was a particular focus of our study. Previous seismic 
studies have placed the location of the step down in the proto-décollement at 45°N (a distance of 
26 km along our transect), coincident with the Daisy Bank fault crossing of our profile (Han et al, 
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2017, MacKay et al., 1992; MacKay, 1995). This interpretation is primarily based on the depth to 
which thrust faults have been interpreted to extend in margin crossing seismic profiles as well as 
changes in inferred sediment consolidation along the MARGIN transect (Han et al., 2017). Results 
of our study suggest that the location of this step down in the proto-décollement occurs not at the 
Daisy Bank fault but ~13 km to the south at 44°46’N (at distance 13 km).  
Interpretation of the PSDM section as well as results of impedance and density inversions 
and AVA parameters are all strongly suggestive of a shift in sediment properties at 13 km (Fig. 6). 
The horizon identified as the proto-décollement on the PSDM section transitions to a high 
amplitude low frequency reflector moving north to 13 km before fading significantly, while a 
deeper horizon (~300 m above basement) emerges as a high amplitude, low frequency reflector. 
Theoretical calculations and physical modeling studies have shown that low frequency seismic 
responses can be indicative of fluid saturated layered media (e.g. Li & Rao, 2020). At ~13 km we 
also observe a transition to higher amplitude percent change impedance and (A+B)/2, and negative 
A*B values extending deeper into the sediment section as compared to further south. In addition, 
there is a transition to increased basal densities within the sediment section at 13 km as well as an 
increase in ΔVp. We do not observe transitions in our parameters at the previously interpreted 
location of the proto-décollement step down at 26 km. Based on these observations we interpret 
the proto-décollement as shallow  (~1.5 km above basement) to distances of ~5 km, where there 
exists a ~10-15 km transition region where the shallow proto-décollement horizon overlaps with 
the deep  anomalous horizon, with the deep horizon  becoming brighter  at 13 km where the shallow 
proto-décollement horizon fades (Fig. 6). The deep proto-décollement horizon remains 
anomalously high amplitude and low frequency in character until ~Daisy Bank fault but can be 
traced northward to the seamount. The change in amplitude and frequency character at the Daisy 
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Bank fault could reflect fluid drainage at the fault which is a known site of fluid venting at the 
seafloor (Goldfinger et al., 1996a) 
Our interpretation of the location of the step down in the proto-décollement is in apparent 
conflict with prior interpretations of one margin crossing described in MacKay (1995). In that 
study line, OR-18, which comes within 2 km of crossing the MARGIN transect at 21 km, was 
interpreted as having mixed vergence thrust faults that extend to two-way travel times of 1 second 
above basement. We reexamine this MCS transect and find that, while quality is poor and 
interpretation is difficult, the data do not require a shallow proto-décollement and thrust faults may 
extend to near basement in this region.   
An important question is what gives rise to the step down in the proto-décollement in this 
region. We find no changes in the sediment stratigraphy at this location that could be linked to the 
abrupt step down – the base of fan horizon can be traced continuously north of the step down and 
there is no change in the underlying pre-fan sediment stratigraphy. We therefore attribute the 
development of a shallow proto-décollement in this region to in situ stresses rather than changes 
in preexisting sediment properties. Our interpretation is consistent the interpretation with Han et 
al (2017) who speculate that the shallow décollement has developed updip of the subducted 
seamounts identified under the accretionary wedge between 44° and 45°N, as the plate interface 
steps-up over the seamount obstructions and exploits preexisting weak layers in the sediment 
section.   
  Several prior studies have described the vergence direction of thrust faults within the 
Cascadia accretionary wedge transitioning from south to north from seaward vergent  to mixed 
(landward and seaward) vergent thrusts at 44°42’N (~5 km distance on our transect), to landward 
vergent thrusts offshore Washington extending from  44°52’N (25 km) to 48°07’N (Mackay et al., 
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1992; MacKay, 1995; Booth-Rhea et al., 2008; Fig. 1B). Further, prior studies have noted a 
correlation between these regional changes in vergence and location of the décollement (Han et 
al., 2017; MacKay et al 1992). Our interpretation of the location of the proto-décollement step 
down aligns well with the regional changes in vergence, with seaward vergence observed in the 
region of the shallow proto-décollement, mixed vergence in our transition region, and landward 
vergence identified where we interpret a deep proto-décollement. The presence of mixed vergence 
thrust faults in our proto-décollement transition region is particularly interesting, as landward and 
seaward vergent regions are sometimes found immediately adjacent to one another (not requiring 
a transition region of mixed vergence) (MacKay et al., 1992, Booth-Rhea et al., 2008). 
Landward vergent thrust faults are globally unusual and not easily explained by classic 
Mohr-Coulomb critical wedge theory, and as a result there is significant debate in the literature 
regarding the physical properties at the plate boundary and in the wedge that may give rise to these 
structures. Studies suggest that landward vergence may result from a seaward-dipping backstop 
(Byrne & Hibbard, 1987), high basal pore pressure (Underwood, 2002), passive delamination 
(Adam et al., 2004), a ductile basal layer (Gutscher et al., 2001), a combination of low basal shear 
stress with an arcward dipping décollement and a relatively strong wedge (MacKay et al., 1992; 
Mackay, 1995), or a particularly strong accretionary wedge (Cubas et al., 2016; Han et al., 2017; 
Peterson & Karanen, 2019).  
That the transition region over which the proto-décollement steps from shallow to deep 
along our transect coincides with the transition region of mixed vergence is suggestive of a change 
in the stress state and/or the properties of the sediment section, supported by the observed changes 
in our impedance inversion and AVA parameter results (Fig. 4A, D-E). The emergence of a high 
density basal layer within this transition zone as compared to densities at the same depth in the 
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south (Fig. 4B) indicates the presence of a strong accretionary wedge basal layer that may be 
diagenically altered, perhaps contributing to the transition to landward vergence.  
4.3 The presence of a mid-level detachment horizon  
In addition to identifying the basal décollement at top of oceanic crust in the offshore 
Washington region, previous studies identify the presence of a detachment horizon 200-600 m 
above basement referred to as the “midlevel detachment” (Adams et al., 2004; Booth-Rhea et al., 
2008). We utilize the depth constraints provided by the margin crossing lines to identify the 
midlevel detachment reflector, and can trace this horizon from the northern end of our transect 
south to 140 km where the horizon diminishes in amplitude (Fig. 2). The MLD horizon appears to 
mark a transition in impedance inversion and AVA parameter results – sediments underneath the 
MLD show reduced PSDM reflectivity, low percent change impedance and (A+B)/2 amplitudes, 
high inverted densities and ΔVp, and generally positive small amplitude A*B values.  
Previous studies have interpreted this MLD as separating the accretionary wedge into two 
complexes – a basal region characterized by dominantly seaward vergent thrusts and an overlying 
seaward or landward dipping imbricate thrust stack (Adams et al., 2004; Booth-Rhea et al., 2008). 
This horizon corresponds with the top of a basal sedimentary unit of anomalously high Vp (> 5 
km/s) identified in Peterson & Karanen (2019) from margin crossing lines and interpreted as a low 
porosity sedimentary package that is likely to be drained of fluid and diagenetically altered. Adam 
et al. (2004) interpret this horizon as the boundary between Unit I distal silty turbidites and Unit 
II hemipelagic mud. Our results agree with the interpretation of this horizon as a boundary between 
distinct sedimentary units.   
4.4 Stratigraphic differences between the Nitinat and Astoria Fans  
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 Results of our study show that the internal stratigraphy of the Astoria and Nitinat fans differ 
markedly, likely due to differences in sediment sources for the two fans (Figs. 2, 4, 7). The Nitinat 
fan is characterized by closely spaced, laterally continuous sediment horizons that extend from the 
northern extent of our transect to the Juan de Fuca channel at 225 km. Astoria fan sediment 
stratigraphy is far more chaotic, with packages of short discontinuous reflectors bounded by more 
laterally continuous reflectors. Results of AVA A*B analysis show lower amplitude variations 
within the proximal Astoria fan region as compared to the distal regions of both fans, and we 
attribute the differences in stratigraphy and seismic parameters to presence of the more sand rich 
sediment packages expected within the proximal Astoria fan and more silty sediments at the distal 
reaches of both.  
Both fans overlie deeper Plio-Pleistocene sediments, deposited in the plate interior as a 
combination of occasional turbidite sequences and hemipelagic sediments (Underwood et al., 
2005). The base of the Nitinat fan is dated at 0.76 Ma, within the stratigraphic unit IB (Rohr et al., 
2019), and is believed to have initiated when the Fraser river flow was reversed and diverted to 
the Pacific Ocean (Andrews et al., 2012). The age of the base of the Astoria fan is  a source of 
debate, with most studies favoring an age of  0.76 Ma (Ingle, 1987; Goldfinger et al., 1996b), but 
with the study of Prytulak et al. (2006)  placing the base of fan deeper in the sediment section at 
an interval dated at 2.5Ma based on studies of sediment section sampled at DSDP hole 174. The 
base of fans mark a transition in our results, with inversion and AVA parameters generally 
indicating a change in character below the base of fan horizon. While this change in parameters 
may reflect changes in lithology within the fans as compared to pre-fan sediments, other factors 
(e.g. consolidation state and/or fluid content) may play a role in the parameter variations observed.  
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Based on surface morphology the confluence zone between the two fans is located in the 
vicinity of the Juan de Fuca and Willapa Channels. Horizons within the Nitinat fan cannot be 
confidently traced south of the Juan de Fuca and buried channels identified at 225 and 218 km 
respectively. Our study results show that the modern Juan de Fuca channel is a relatively young 
feature at the location of its current crossing of the MARGIN profile, transecting only the upper 
~200 m of the sediment section (Fig. 8). In contrast, the buried channel located just to the south of 
the Juan de Fuca channel can be traced as a local depression in sediment horizons and low 
amplitude reflectivity extending through the entire sediment section above a local low in basement 
topography. We interpret this channel as the paleo Juan de Fuca/Cascadia channel, which was 
present in the same location throughout the Plio-Pleistocene and likely acted as a boundary for 
Nitinat fan sediments during the early history of the fan. The chaotic sediment packages of the 
Astoria fan extend under the Willapa channel at 180 km. Our AVA and impedance inversion 
results indicate distinct properties of the fan sediments which comprise the upper ~900 m of the 
sediment section within the confluence region. Percent change impedance results show markedly 
higher amplitude values associated with confluence zone sediments than are found in the fan 
section to the north or south. The fan confluence region also is a region of lower velocity, possibly 
under-consolidated sediment as inferred from ΔVp results.  
Previous drilling studies provide age constraints on several prominent horizons within the 
Nitinat fan, including two horizons dated at 0.28 and 0.46 Ma. The 0.28 Ma boundary, which 
marks a transition to increasingly abundant debris flows (Rohr et al., 2019), does not correlate with 
a shift in any of the impedance inversion or AVA parameters and can only be traced a short 
distance along our transect (Figs. 2, 4). The 0.46 Ma horizon, conversely, is apparent in many of 
our AVA and inversion parameters as a high amplitude event that can be speculatively traced 
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across much of our transect and marks a transition in parameters above as compared to below it. 
Within the Nitinat fan region and confluence zone there are 3 major excursions particularly 
apparent in our A*B results (roughly every 200 m) above the 0.46 Ma horizon, indicating a 
recurrence interval of ~115 ka, aligning well with the pacing of glacial cycles over the last 1 Ma 
(e.g. Lisiecki & Raymo, 2005). The lower two of these excursions correspond with prominent 
reflectors that can be traced for the full extent of the Nitinat fan region along our transect. The 
shallowest excursion may also correspond with a regional horizon although it cannot be clearly 
traced continuously. It is possible that these excursions reflect an increase in debris flows related 
to deglaciations. The presence of a horizon extending across most of the Cascadia margin at 0.46 
Ma is strongly suggestive of a major regional event – a local climatic or geographic event such as 
the bursting of a glacial lake or volcanic eruptions in the Cascades that disrupted regional drainage 
patterns could be responsible (K. Rohr, personal communication).   
4.5 Impacts of crustal structure and regional tectonics on MARGIN transect sediments 
We compare characteristics of our MARGIN transect results with previous studies of 
Cascadia in order to assess whether there is evidence within our study of variations in the sediment 
section associated with changes in crustal characteristics, or earthquake rupture boundaries. 
Paleoseismic studies as well as inferences of locking status of the plate interface at present indicate 
a history of rupture segmentation at Cascadia (Fig. 1B).  Wang et al. (2013) utilize estimates of 
coastal subsidence based on microfossil studies and infer significant segmentation in rupture along 
the margin during the great 1700 A.D. Cascadia earthquake. Goldfinger et al. (2012) analyze 
turbidite records to infer rupture lengths for older Holocene earthquakes along the Cascadia margin. 
Schmalzle et al. (2014) utilize land-based geodetic observations in order to assess the locking 
extent of the megathrust at present, showing that the plate interface is currently largely locked 
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except offshore Central Oregon (43 - 46° N) where aseismic slip may be taking up a significant 
portion of plate convergence. Collectively these observations support a change near 46° in both 
past and current slip properties on the megathrust.  
From visual inspection of our results, there are no apparent transitions in sediment 
stratigraphy nor impedance inversion and AVA parameters associated with the projected locations 
of these boundaries in current locking and paleo-rupture segmentation along the MARGIN transect 
(Figs. 1B, 4). However, there is suggestion of a change in the nearest basement sediment properties 
near 46°N. In previous studies of MARGIN transect crustal properties Han et al., (2018) and 
Canales et al. (2017) find a prominent change in crustal structure at 45°50’N (at distance 135 km), 
noting an abrupt decrease in crustal reflectivity and decrease in Vp-derived estimates of lower 
crustal / upper mantle water content to the north of this boundary. This location coincides with the 
northernmost extent to which we interpret the deep proto-décollement as within the sediments 
above top of oceanic crust (Figs. 2 & 4). Our interpretation of a proto-décollement horizon from 
the north flank of the buried seamount to 135 km is not constrained by any previous crossing MCS 
studies, but at ~135 km this horizon becomes significantly less bright and difficult to trace. Further, 
a prior margin crossing line places the décollement at top of basement at kilometer 140. In this 
same region the interpreted MLD horizon becomes prominent approximately 500 m above 
basement. It is possible that the shift we observe in the depth to the proto-décollement and the 
emergence of the MLD as a bright reflector is related to the change in crustal structure identified 
in this region, though the mechanisms by which these structures would be related is unclear. Future 
studies focused on these deepest sediments above top of oceanic crust will be needed to further 
explore the nature and significance of this possible transition at 140 km. 
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Also of interest in assessing subduction properties is the impact of buried seamounts, with 
studies suggesting these features may place a role in earthquake activity and the depth of the 
décollement (Trehu et al., 2012; Han et al., 2017). Han et al. (2018) identified faults that extend 
from the top of the buried seamount at ~85 km along our transect. They suggest that these faults 
may be local pathways for fluids to drain from the crust and/or deep sediment section to the 
seafloor as this region nears the deformation front and begins to experience subduction related 
compression. The results of our study, particularly the locally increased density values atop the 
seamount, indicate the sediment between these faults is anomalous, higher in density than the 
sediments at the same stratigraphic level to south and north. We speculate that this region of higher 
density sediments could be due to mineralization associated with fluid flow that is focused along 
the bounding faults, and that has initiated in this near deformation front region due to compression 
and dewatering as the plate enters to subduction regime. 
5. Summary of Findings and Future work 
Through analysis of the MARGIN transect PSDM seismic section, inversion for impedance 
and density, and AVA analysis we characterize the sediment section near the Cascadia deformation 
front for ~350 km along the Cascadia margin. Our major findings are as follows: 
1. We trace the proto-décollement as a shallow reflector (~1.5 km above basement) from 
the southern extent of our study area to 44°46’N, where it steps down to near basement. The 
shallow proto-décollement is identified in our parameters as a horizon underlain by a region of 
under-consolidated sediment that includes a 400-500 m thick layer directly beneath the 
décollement horizon of increased fluid content, supporting previous interpretations of the proto-
décollement as a low permeability layer capping a more hydrous sediment section.  
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2. We interpret the step down in the proto-décollement at 44°46’N, ~13 km south of 
previous interpretations. This step down is apparent as a change in the inverted impedance and 
density results and in AVA parameters. No change in sediment stratigraphy is observed in this 
region that could be linked to the abrupt step down.  
3. Within the proto-décollement step down region there is a transition zone where shallow 
and deep proto-décollement horizons overlap. The shallow and deep horizons in this region are 
both prominent low frequency events, suggestive of fluid presence. This transition zone coincides 
with a region over which mixed vergent thrust faults have been documented within the 
accretionary wedge, suggesting complex stress state within this portion of the wedge (MacKay et 
al., 1992).  
4. North from ~45°50 a midlevel detachment horizon previously identified under the 
accretionary wedge offshore Washington can be identified as a distinct horizon along the 
MARGIN transect. This horizon bounds a layer of distinct seismic properties and is interpreted as 
the hemipelagic sediment layer identified in deep ocean drilling within the Cascadia basin as Unit 
II. We infer that sediments may be more consolidated under the MLD and may be experiencing 
active diagenesis and fluid expulsion (Peterson & Karanen, 2019).  
5. We identify differences in the sedimentary characteristics of the Astoria and Nitinat fans, 
with the Nitinat fan characterized by closely spaced, laterally continuous sediment horizons and 
Astoria fan sediment stratigraphy far more chaotic, with packages of short discontinuous reflectors 
bounded by more laterally continuous reflectors. The confluence zone between the two fans is 
characterized by mixed laterally continuous reflectors and more chaotic packages as well as 
anomalously high amplitude variations in percent change impedance results. This confluence zone 
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is crosscut by three channels, including a long-lived heretofore unknown buried channel at 
46°34’N that may be the location the paleo Juan de Fuca/Cascadia channel.  
6. We identify a horizon which may extent across much of our transect that has been dated 
at 0.46 Ma, and which marks a transition in sediment properties measured from ocean drilling 
studies. This horizon can be confidently traced in the Nitinat fan region, and speculatively traced 
along the southern portion of our transect within the Astoria fan, and marks a stark boundary in 
our inversion and AVA analysis results consistent with a regional-scale change in sediment 
properties. The previously unrecognized regional extent of this horizon and the change in sediment 
properties is strongly suggestive of a major climatic or geographic event (e.g. the bursting of a 
glacial lake) at 0.46 Ma that led to a change in sediment discharge along the margin.  
7. The buried seamount identified along our transect at 45°25’N is overlain by a region of 
high density sediments that we interpret as due to mineralization associated with fluid flow focused 
along the bounding faults.  
8. The shift in crustal parameters previously identified at 45°50’N (Han et al., 2018; 
Canales et al., 2017) appears to mark a boundary in the deepest sediment section of the MARGIN 
transect. South of this boundary we interpret the proto-décollement as (~200 m) above the top of 
oceanic crust. North of 45°50’N the proto-décollement is interpreted to be coincident with the top 
of oceanic crust and the midlevel detachment emerges as a prominent reflector.  
Results of our study support the use of impedance inversion and AVA analysis to provide 
greater understanding of the characteristics of sediment sections where appropriate MCS data is 
available, as these parameters can provide constraints on lithology, porosity and sediment type.  In 
typical applications of these methods, information from deep drill holes is used to calibrate the 
derived parameters to provide constraints on sediment physical properties. Given the absence of 
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this information in our setting, we conducted our study as a proof of concept and focus on relative 
variations in seismic parameters and relationships with the sediment stratigraphy.  Further work 
will be needed to calibrate results and in particular, AVA derived Vp/Vs ratios and further explore 




Figure 1. Regional and bathymetric maps of Juan de Fuca plate. (A) Physiography of Cascadia 
basin (after Karl et al., 1989 and Underwood et al., 2005) with major channels and extent of Astoria 
and Nitinat fan deposits labeled, DSDP Leg 18 and ODP leg 146 drilling sites indicated by open 
circles and labeled with site numbers. ODP Leg 168 sites 1023-1032 are indicated with green dots. 
Location of Ridge to Trench seismic transects are shown in blue; our study focusses on the 
MARGIN transect shown in bolded blue with hash marks superimposed every 50 km along the 
line, with distance measured from an origin at the Oregon transect line crossing. The MARGIN 
transect runs approximately parallel to the Cascadia deformation front, indicated by the barbed 
heavy black line. Approximate positions of major faults that intersect the MARGIN transect are 
indicated in red dashed lines -- South to North: Alvin Canyon Fault, Daisy Bank Fault, Wecoma 
Fault, South Nitinat Fault, North Nitinat Fault. Inset map shows regional context of Cascadia basin. 
(B) Bathymetric map for the MARGIN transect region with depth contours every 200 m and colors 
as indicated in legend. The MARGIN transect is indicated with a bold black line with hash marks 
superimposed every 50 km, with distance from the Oregon transect crossing labeled in white. 
Coloring superimposed on the MARGIN transect indicates regions of seaward (green, SV), mixed 
(black-green dashed, MV), and landward (black, LV) vergence for thrust faults in the accretionary 
wedge as interpreted by MacKay et al. (1992), MacKay, 1995, and Booth-Rhea et al. (2009). The 
red arrow indicates the location of a change in crustal structure and intraplate reflectivity identified 
in previous MARGIN transect studies (Han et al., 2018; Canales et al., 2017). Regions outlined by 
bold white lines indicate inferred high slip patches during the 1700 A.D. Cascadia earthquake from 
a 3D model of slip generated using estimates of coastal subsidence based on microfossil studies 
(Wang et al., 2013). The magenta vertical line indicates latitudes where land-based geodetic 
observations suggest that the plate may be experiencing aseismic slip at present, while the gray 
line indicates latitudes where full locking of the megathrust is inferred (Schmazle et al., 2014). 
The extent of paleo-earthquake rupture segments inferred from turbidite records are shown with 
yellow vertical bars (Goldfinger et al., 2012).  
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Figure 2. Prestack depth migrated multichannel seismic image of the MARGIN transect. Data is 
presented both uninterpreted (A) and with interpretation superimposed (B), and plotted with 
distance from the Oregon transect line crossing. Dashed vertical white lines indicate the Oregon 
(0 km) and Washington (315 km) line crossings. Dashed black vertical lines indicate the edges of 
the PSDM sub sections of the transect. Vertical grey bars indicate locations of missing seismic 
shots during acquisition due to shut downs for marine mammal mitigation. Interpretation in (B) 
shows horizontal black bars at the top of the Figure marking the extent of propagator wakes and 
black dots with corresponding ages label the crustal age from regional magnetic anomalies (Wilson, 
1993; Wilson & Kirby, 2002). The locations of channels that cross our transect are indicated with 
horizontal white bars and labels: Astoria south at 100 km, Astoria north at 132 km, the Willapa 
channel at 180 km, a heretofore unknown buried channel at 218 km, and the Juan de Fuca channel 
at 225 km. The seafloor and top of oceanic crust (basement) are traced in bold black lines. Dark 
blue lines mark the location of major strike slip faults (S to N: Alvin Canyon (ACF) which 
terminates just to east of MARGIN transect, Daisy Bank (DBF), Wecoma (WF), South Nitinat 
(SNF), and North Nitinat (NNF)). Yellow lines indicate identified faults in Han et al., (2018) and 
in this study. Maroon dots mark the depth/location of previously identified picks for the 
décollement from lines that orthogonally cross the margin (see text for details). Our interpretation 
of the location of the proto-décollement (PD) horizon constrained by the picks of previous studies 
is in red (regions of uncertainty indicated by a dashed line). Lime green dots indicate the location 
of previously identified depth to the midlevel detachment (MLD), with our interpretation of the 
MLD horizon in dark green. Locations of horizons identified by Rohr et al. (2019) are 
superimposed in cyan (0.28 Ma), orange (0.46 Ma), and sky blue (0.76 Ma). Each of these horizons 
was identified on the R2T Washington transect, which crosses the MARGIN transect, allowing for 
the tracing of these horizons within our dataset. Interpretation considered high confidence shown 
in solid line and more speculative (horizon continuity less clear due to zones of diminished 





is well constrained from the Oregon transect crossing in the southern portion of our study area and 
more speculative further north (dashed magenta line). We also interpret a high amplitude reflection 
~500 m below the shallow proto-décollement in the southern portion of our study area indicated 





Figure 3. Examples of Prestack Depth Migrated common reflection point gathers. (A) Common 
reflection point (CRP) gathers migrated using 2D Kirchhoff Prestack Depth Migration (PSDM). 
(B) CRP gathers with colors indicating angle ranges as calculated using the PSDM velocity model: 
CRP gathers are transformed from source-receiver offset distance gathers to angle gathers using 
the PSDM velocity model, which is the fundamental step differentiating Amplitude Variation with 
Offset analysis as compared to the AVA analysis. For this study we tested AVA inversions using 
angle ranges of 0-30° and 0-50° but found little difference in results. We chose to use 0-30° which 







Figure 4. Results of inversion, delta Vp and AVA analyses for the full MARGIN section with 
horizons of interest superimposed. (A). Percent change in impedance between our input and 
inverted models with positive percentages (red) indicating an increase in impedance as compared 
to the starting model and negative percentages (blue) indicating a decrease in inverted impedance 
as compared to our starting model. Starting impedance model and final impedance model after 
inversion are shown in Figures S3 and S4 respectively. (B). Density inversion model. Difference 
between starting density model and inversion results are shown in Figure S5. (C) Residual velocity 
(ΔVp) calculated as the difference between the PSDM velocity model (Fig. S1A) and a reference 
velocity model (Fig. S1B) assumed to reflect normal sediment consolidation, both of which are 
described in Han et al., (2017) and section 2.2. (D) The product AVA parameters of intercept and 
slope A*B, normalized to between -1 and 1. (E) AVA parameters (A+B)/2, which Castagna and 
Smith (1994) show is approximately equivalent to the reflectivity difference Rp-Rs. (F) Annotation 
to facilitate interpretation as in Figure 2B. On all panels the locations of the Oregon transect (0 
km) and Washington transect (315) line crossings are indicated with vertical dashed lime green 
lines. Blue horizontal boxes on panels A, B, D & E indicate the distances over which the profiles 
shown in Figures 6 and 7 were averaged. Gray horizontal bars indicate the location of channels 
crossing our transect. All other annotation is as in Figure 2B. Unannotated results are shown in 







Figure 5. AVA cross plot results with calculated Vp/Vs ratios and AVA analyses locations for 
proto-décollement and MLD horizons. (A) Background trends from A-B crossplots for analysis 
windows along the shallow proto-décollement in the south (locations shown in panel C), as well 
as comparative regions in the shallow sediment section. Crossplots for all these sections are shown 
in Figures S6 and S7. Background trends are defined as the direction of the major axis of the 
smallest ellipse that encompasses all the A-B points in a given crossplot (as in panel D). Vp/Vs 
ratios are calculated from these background trends using equation 1 (see text), and annotated with 
section numbers in the legend and reported in Table 1. Bounding calculated trend lines are shown 
in grey for Vp/Vs ratios of 1.25 and 2 - counterclockwise changes in Vp/Vs along a single horizon 
are an indicator of higher fluid contents. (B) Background trends from A-B crossplots taken for 
analysis windows along the deep proto-décollement and MLD, as in A. Crossplots for these 
sections are provided in Figures S6-S8.  (C) Locations of AVA cross-plot analysis windows with 
cyan boxes indicating their approximate extent, section numbers as in A, B, D, table 1, and Figures 
S6-S8. Annotations as in Figure 2B. (D) A versus B cross plot for analysis window 2 along the 
proto-décollement horizon. Coloring of A-B pairs indicates the distance in depth within the 
analysis window from the proto-decollement, with negative values (blue/green coloring) 
indicating locations deeper than the proto-decollement, and positive values (red/yellow coloring) 
indicating locations shallower than the proto-decollement. The solid black line indicates the best-





Figure 6. Seismic parameter results from the proto-décollement step down region. 1D profiles 
shown are extracted averages from: the region of the shallow proto-décollement (-15 to -10 km) 
shown in green, approaching the location of the step down in the proto-décollement (-2.5 to 2.5 
km) in black, north of the step down (15 to 20 km) in blue, and in the region of the deep proto-
décollement (42 to 47 km) in brown (locations are also indicated with blue rectangles in Fig. 4, 
and with horizontal bars in panel O). In all profiles the topmost ~100 m of sediment are thought to 
be unconsolidated and fluid rich. Panels (A-D) show profiles of percent change impedance (Fig. 
4A) with horizontal dashed red lines showing interpreted depth of the proto-decollement (PD), and 
orange dashed lines the depth to the speculatively interpreted 0.46 Ma horizon (46). In the region 
of the shallow proto-décollement and the step down (A-C) we also indicate the location of the 
deeper high amplitude reflector that marks the Base of the region of Low Amplitudes (purple, 
section 3.1.1, BLA) which is interpreted to mark the base of a fluid rich layer capped by the proto-
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decollement. In the region of the deep proto-décollement (C & D) we indicate the depth of the 
base of the Astoria fan horizon (magenta, BOAF). All horizontal dashed lines indicating depth to 
horizons are colored as in Figures 2 and 4. (E) Shows inverted impedance (Fig. S4) for all four 
location (colors as in A-D). (F) Inverted density (Fig. 4B). (G-J) AVA A*B results with 
amplitudes normalized between -1 and 1 (section 2.3; Fig. 4D). (K-N) AVA (A+B)/2 results with 
amplitudes normalized between -1 and 1 (Fig. 4E). (O) Zoom in of PSDM section (from Fig. 2A) 
in the region of the proto-décollement step down. Distances used for 1D averages are indicated 
with horizontal bars above the seafloor, with colors matching the panels above. Blue diagonal lines 
indicate the location of major strike slip faults, the Alvin Canyon (ACF) at -8 km and Daisy Bank 
(BDF) at 25 km. Arrows are overlain to facilitate interpretation – the red arrow indicates the depth 
of the horizon that we interpret as the proto-décollement (PD) in the southern section of our study 
area, which is underlain by a region of low reflectivity (indicated by dual ended cyan arrow). The 
yellow arrow points to where this shallow proto-décollement horizon reduces in amplitude 
significantly. Deeper in the sediments, the orange arrow points to an emergent low frequency high 
amplitude reflector that we interpret as the proto-décollement north of the step down beginning at 














Figure 7. Seismic parameter results from the fan regions and confluence zone. 1D profiles are 
extracted averages over 5 km distances, the Astoria fan (red) profile is centered at 75 km, the 
confluence zone (black) at 210 km, and the Nitinat fan at 315 km (locations are also indicated with 
blue rectangles in Fig. 4). Panels (A-C) show profiles of percent change impedance (Fig. 4A) for 
the Astoria fan (A) with the depth to the  interpreted base of fan indicated with a dashed magenta 
line (BOAF); the confluence zone with depth to the interpreted base of fan sediments indicated 
with a gray dashed line (BOC) (B); and the Nitinat Fan (C) with the 0.28 Ma horizon indicated in 
cyan (28) and the base of fan 0.76 Ma horizon in sky blue (76, also base of Nitinat fan, BONF). 
The orange dashed line indicates our interpreted depth to the 0.46 Ma horizon on all profiles (46). 
(D) Shows inverted impedance (Fig. S4) for all three location (colors as in A-C). (E) Inverted 
density (Fig. 4B). (F-H) AVA A*B results with amplitudes normalized between -1 and 1 (see 
section 2.3). (I-K) AVA (A+B)/2 results with amplitudes normalized between -1 and 1.  
 
 
























































Figure 8. Close up of PSDM section, inversion results, delta Vp and AVA parameters within the 
fan confluence zone. Three channels are indicated with horizontal bars above seafloor -- from 
south to north, the Willapa Channel (180 km), a heretofore unknown buried channel (218 km), and 
the Juan de Fuca channel (225 km). The extent of the buried channel is indicated with a black box 
on all panels. (A)  PSDM section of confluence zone, annotated as in Figure 2B. (B-F) Inversion 






































Figure 9. Close up of PSDM section, impedance inversion, delta Vp and AVA parameters for the 
buried seamount region. (A)  PSDM section near seamount, annotated as in Figure 2B. (B-F) 



































Table 1. Locations and calculated Vp/Vs from AVA analysis
Section # CMPs Distances Horizon Calculated Vp/Vs
1 1200-3000 -37 to -26 Shallow PD 1.63
2 3000-5000 -26 to -13 Shallow PD 1.50
3 5000-7000 -13 to -1 Shallow PD 1.44
4 7000-9000 -1 to 12 Shallow PD 1.42
5 2000-4000 -32 to -19 3800 ±100 m 1.59
6 2000-4000 -32 to -19 5000 ± 10 0m 1.72
7 2000-4000 -32 to -19 5600 ± 100 m 1.40
8 7000-9000 -1 to 12 Deep PD 1.56
9 9000-11000 12 to 24 Deep PD 1.46
10 15000-17000 50 to 63 Base Astoria 1.56
11 25000-27000 112 to 125 Deep PD 1.43
12 29500-31100 140 to 150 Deep PD 1.31
13 29500-31100 140 to 150 MLD 1.50
14 39000-41000 200 to 210 MLD 1.41
15 47000-49000 250 to 260 MLD 1.39
16 55000-57000 300 to 310 MLD 1.56
 146 




Figure S1. Velocity models of the MARGIN transect. (A) P-Wave velocity (Vp) model of the 
sediment section derived from prestack depth migration (PSDM) utilizing long source-receiver 
offset (8km) data. (B) Reference velocity model representing normal consolidation state of the 
sediment section, defined here as uniaxial deformation in the vertical direction, pore fluid pressure 
equivalent to hydrostatic pressure. Residual velocity (ΔVp) presented in our results (Fig. 4B) is 
calculated as the difference between the PSDM velocity model (A) and the reference velocity 





Figure S2. Source wavelet used in impedance and density inversions. Source wavelet generated 








Figure S3. Initial Impedance models for each of the 4 PSDM sections. We generate our starting 
models by first extracting pseudo-wells from our PSDM velocity model every 15 km along the 
MARGIN transect, and convert from Vp to density using Gardner’s equation. The pseudo-wells 
are then imported into HRS along with seafloor and top of basement horizons picked from the 
PSDM sections and are used to construct the starting impedance model. The MARGIN section 
was split into four sections for PSDM analysis due to memory limitations when applying the 




























































Figure S4. Final inverted impedance model. HRS utilizes the starting impedance model (Fig. S3), 
a source wavelet (Fig. S2), and PSDM sections (Fig. 2) to invert for a final impedance model by 
convolving the source wavelet and the starting impedance model to generate synthetic seismic data 
which is then differenced with the input PSDM section. Perturbations are made iteratively to the 
impedance model to reduce differences between the synthetic and input PSDM section to generate 
a final impedance model that minimizes error between the synthetic and true seismic data. Grey 
bars indicate the location of missing shots, dashed black vertical lines indicate the edges of PSDM 
sections, dashed green lines the locations of the Oregon transect (0 km) and Washington transect 
(315 km) line crossings. Blue horizontal boxes indicate regions of 1D average profiles shown in 




Figure S5. Difference between inverted and starting density models. HRS utilizes input density 
wells to generate a starting density model which is then used to invert for best-fit model density. 
Here we present the difference between our final density inversion and the starting density model 








Figure S6 A versus B cross plots extracted along the proto-décollement horizon. Section numbers 
reflect the crossplots analysis windows, as in Figure 5 and Table 1. Coloring of A-B pairs indicates 
the distance in depth from the proto-decollement, with negative values (blue/green coloring) 
indicating locations deeper than the proto-decollement, and positive values (red/yellow coloring) 
indicating locations shallower than the proto-decollement. Solid black lines indicate the 
background trend of the A-B plot, defined as the direction of the major axis of the smallest ellipse 
that encompasses all the points in a given crossplot. Vp/Vs ratios calculated from the background 
trend (see text) are indicated on each plot. Dashed gray lines indicate the background trend inferred 
from a Vp/Vs value of 1.25, solid gray lines the background trend for the special case of the fluid 






Figure S7. A versus B crossplots extracted from the sediment section away from the proto-
décollement. Section numbers reflect the location that the crossplots are extracted from, as in 
Figure 5 and Table 1. Coloring of A-B pairs indicates depth below sea level as indicated in each 
legend (note that depth bounds change between sections). Annotated as in Figure S6. Section 5 is 
extracted from a region where Vp values are thought to be consistently under 2.5 km/s, making it 





Figure S8. A versus B cross plots extracted along the deep proto-décollement or the midlevel 
detachment (MLD) horizon. Section numbers reflect the crossplots analysis windows shown in 






Figure S9. Results of inversion and AVA analyses without interpretation superimposed. Panels 
are as described in Figure 4, but without interpretation overlain to facilitate examination of 












Figure S10. AVA derived A and B coefficients for the MARGIN transect. Coefficients are 
calculated for every 50 CRP angle gathers sampled at 5 m depth intervals along each gather, shown 






Figure S11. Average 1D profiles from proto-décollement step down region. As in Figure 6, we 
show profiles extracted from the region of the interpreted proto-décollement step down, here from 
(A-D) the PSDM section (Fig. 2), (E) the starting velocity model utilized in inversions (Fig. S1A), 
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Figure S12. Average 1D profiles from fan and confluence regions. As in Figure 7, we show 
profiles extracted from the Astoria fan (red), confluence zone (black) and Nitinat fan (blue) regions. 
(A-D) the PSDM section (Fig. 2), (E) the starting velocity model utilized in inversions (Fig. S1A), 
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Mid-ocean ridge melt supply and glacial cycles: long time series studies of 




Recent studies suggest that eustatic sea level fluctuations induced by glacial cycles 
in the Pleistocene may influence mantle-melting, the volume of mantle melts, and volcanic 
eruptions at mid-ocean ridges, with variations predicted with spreading rate. Analyses of 
bathymetry as a proxy for crustal thickness show significant spectral energy at frequencies 
linked to Milanković cycles of 1/23, 1/41, and 1/100 ks-1. The likelihood of detecting 
glacial scale variability in bathymetry data may be spreading rate dependent, with some 
studies stating that intermediate spreading rates are best for detecting this signal and others 
suggesting that the best place to identify glacial scale variability may be at fast spreading 
rates where faulting is less prominent. We investigate climate driven periodicity in mid-
ocean ridge magmatism utilizing spectral analysis, time series comparisons, and statistical 
characterization of bathymetry data, basement topography, layer 2a thickness, and crustal 
thickness information from the intermediate spreading Juan de Fuca ridge as well as 
bathymetry data from the fast spreading East Pacific Rise. We compare these datasets to 
δ18O climate records in order to identify potential links between climate forcing and magma 
supply to mid-ocean ridges. These datasets span a minimum of 2 Ma, making it possible to 
test whether the dominant spacing observed in abyssal hill topography and crustal 
parameters change at crustal ages where the pacing of glacial cycles are known to have 
changed. Datasets are subdivided at the Mid-Pleistocene Transition (MPT) in order to 
ascertain whether the MPT shift in spectral power identified in climate records appears in 
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our data. Results from the Juan de Fuca Ridge do not show a clear relationship with glacial 
cycles. Data from the fast spreading East Pacific Rise are suggestive of a relationship 
between sea level and bathymetry.  
A.1. Introduction 
Several studies have investigated the proposed relationship between glacial cycles 
and melt supply to mid-ocean ridges (MOR) utilizing bathymetry data to assess whether 
the spacing of abyssal hills varies on the same timescale as glacial cycles (Crowley et al., 
2015; Tolstoy et al., 2015; Goff, 2015; 2018). Others have investigated this hypothesis 
utilizing numerical models of faulting at abyssal hills (Olive et al., 2015), and evaluation 
of hydrothermal records (Lund and Asimow, 2011; Lund et al., 2016; Middleton et al., 
2016; Costa et al., 2017). Crowley et al. (2015) suggests that intermediate spreading rates 
have admittance ratios best tuned for detecting this signal, while Tolstoy (2015) and Goff 
(2015) suggest that the best place to identify these peaks may be at fast spreading rates 
where faulting is less prominent. Boulahanis et al. (2020) analyzed a unique bathymetry 
and crustal thickness dataset derived from a 3D multi-channel seismic (MCS) investigation 
of the fast spreading East Pacific Rise, noting that oceanic crustal thickness provides a 
direct measure of magma flux to the crust over the width of the active accretion zone and 
therefore provides the most direct test of the hypothesis that production of oceanic crust is 
modulated by glacially driven sea level variation.		
In addition to providing crustal thickness measurements, MCS surveys provide 
detailed images of the topography of the top of oceanic crust, often referred to as basement. 
In young crust seafloor bathymetry corresponds with basement depth, but as sediment 
cover increases with distance from the ridge axis the crustal topography is obscured and 
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seismic reflection data are needed to determine true depth. MCS studies can also provide 
constraints on the thickness of seismic layer 2A, thought to correspond approximately with 
the extrusive component of MOR crustal accretion (e.g. Carbotte et al., 1997).  
While multiple studies have identified variations in abyssal hill topography at 
frequencies associated with glacial growth and ablation during the Pleistocene, other 
studies suggest that these patterns are more likely to reflect fault-growth processes rather 
than temporal fluctuations in mantle melt supply. One key test of this hypothesis is 
assessing whether the dominant spacing observed in abyssal hill topography changes at 
crustal ages where the pacing of glacial cycles are known to have shifted. Glacial growth 
and ablation is recorded by proxy records such as benthic δ18O (Fig. 3), which yield 
information about past climate and sea level (Lisiecki & Raymo, 2005). Spectral analysis 
on these records indicate that during the Pleistocene epoch glacial cycles are periodic at 
frequencies of ~1/100 ka-1, 1/41 ka-1, and 1/23 ka-1 (Fig. 3B) leading to the hypothesis that 
glacial cycles are driven by orbital parameters as defined by Milanković. A prominent 
feature of glacial proxy records of the last 2 Ma is the Mid-Pleistocene Transition (MPT), 
where the periodicity of glacial cycles transitioned from being dominated by frequencies 
of 1/41 ka-1 to 1/100 ka-1 (Raymo & Huybers, 2008).  
Here we analyze bathymetry data as well as MCS derived measures of depth to 
basement, crustal thickness, and layer 2a thickness from four profiles from the intermediate 
spreading Juan de Fuca (JdF) ridge (Fig. 1) and three long bathymetry profiles from the 
fast spreading East Pacific Rise (EPR) (Fig. 2). We utilize analyses in the time and 
frequency domain in order to assess whether these datasets vary on the timescale of glacial 
growth and ablation, and whether data show any evidence of a change at the MPT. 
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Analyses of data from both the JdF ridge and the EPR facilitates a comparison of dominant 
variations in data at intermediate and fast spreading ridges.  
A.2. Methods and Area of Study 
We analyze datasets from the Juan de Fuca ridge (Fig. 1) and the northern East 
Pacific Rise (Fig. 2) in order to investigate the proposed relationship between Milanković 
cycles and oceanic crustal properties. From the JdF we utilize two multichannel seismic 
(MCS) datasets, the first consisting of three transects extending on either side of the ridge 
axis to ~5 Ma (Carbotte et al., 2008). We split profiles at the ridge axis, with the east and 
west side of each transect considered individually. The second JdF dataset, collected as a 
part of the JdF Ridge to Trench survey (Carbotte et al., 2013), extends east of the ridge axis 
to distances of up to 9 Ma. These datasets provide 2D profiles of depths to basement, layer 
2A thickness, and crustal thickness. JdF has a half spreading rate of ~2.6 cm/y and a 
dominant fault spacing of 3 km (Macdonald, 1983), equivalent to a dominant periodicity 
of approximately 115 ka. 
 At the EPR we analyze a collection of ~110 km (~2 Ma) long bathymetric transects 
from ~8-11°N extracted from regional gridded swath sonar bathymetry data (Ryan et al., 
2009). EPR transects represent averages over multiple profiles spaced 150m apart covering 
lateral distances up to 1.5km in order to minimize the effect of short wavelength variations 
and identify consistent signals between profiles. The half spreading rate in this region is 
~5.5 cm/y, with a sedimentation rate of 16 m/Ma (Lonsdale 1980), and the dominant fault 
spacing is 2 km, or ~36 ka (Carbotte and Macdonald, 1994).  
Spectral analysis is utilized to assess the prevalence of Milanković frequencies in 
bathymetry data at the EPR as well as in basement depth, layer 2a thickness, and crustal 
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thickness in the JdF dataset. We first present results of spectral analysis of the Lisiecki & 
Raymo (2005) benthic δ18O stack conducted following the same methodology as our 
spectra of JdF and EPR records (Fig. 3). This analysis provides a source for comparison 
for the frequencies that dominate glacial cycles before and after the MPT. 
 Profiles are divided at the MPT into pre-MPT (1 – 2.7 Ma) and post-MPT (0 – 1 
Ma) subsets in order to assess whether there is a shift in spectral peaks between subsets in 
our data as is seen in climate proxies. There is debate (e.g. Raymo et al., 1997; Maash, 
1987) about the exact timing of the MPT (from 780 ka to 1.1 Ma); we experimented with 
MPT values across this range and found it made negligible difference in our results. JdF 
profiles extend to crust older than the Pleistocene epoch (> 2.7 Ma), and are thus further 
divided into a third subset.  
In order to prepare data for spectral analysis, distance from the ridge axis is 
converted to time using the locations of magnetic anomalies (Carbotte & Macdonald, 1992, 
Wilson, 1988; 1993), assuming a constant spreading rate between anomalies. Data are 
linearly interpolated to achieve an even sampling interval, detrended using a linear fit, and 
prewhitened by taking the first derivative of the data (Percival & Walden, 1993). Spectral 
analysis is undertaken using a multitaper method following Crowley et al. (2015). Spectral 
significance is calculated using a standard Chi-squared distribution for 90% confidence. 
Many peaks reported here do not exceed 90% confidence intervals, however the consistent 
location of peaks particularly at the EPR suggests that these are features rather than noise.  
In order to assess relationships within the time domain we also visually compare 
normalized and linearly detrended plots of profiles with a normalized and linearly 
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detrended Liseicki & Raymo (2005) benthic δ18O stack. This visual comparison is then 
quantified by calculating the coherence between datasets.  
Converting distance from the ridge axis to age assuming a constant spreading rate 
between magnetic anomalies measured at the sea surface is the only available method for 
calculating abyssal hill age in our study region. Spectral analysis requires an age model 
that is well-resolved on the same wavelengths as the signal of interest. However, age 
constraints in the oceans are limited to the typically many hundreds of thousand years 
spacing of magnetic reversals and the assumption of a constant spreading rate between 
reversals is likely to be inadequate given presence of fine scale ridge jumps and small ridge 
offsets (e.g. Scheirer and Macdonald, 1993). This is an unavoidable source of error that 
can impact analysis and which was investigated in Boulahanis et al (2020).  
We utilize the methodology of Goff (1988) in order to statistically characterize 
abyssal hill height and width. This analysis is applied to data without conversion to age; 
consequently, it is insensitive to uncertainties associated with the constant spreading rate 
assumption. Transects are split at the MPT in order to assess whether there is a difference 
in abyssal hill height and width pre- and post-MPT. If sea level variations driven by 
Milanković cycles shape abyssal hills then we would expect shorter and narrower abyssal 
hills prior to the MPT versus taller and wider abyssal hills post-MPT.  
A.3. Results 
A.3.1 East Pacific Rise 
Analysis of composite long time series bathymetry profiles A, B, and C at the EPR 
(Fig. 4A) suggests a spectral shift at the MPT. Results broadly show greater power 
concentrated at higher frequencies (< 1/100 ka-1) in crust formed prior to the MPT whereas 
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there is more power at lower frequencies in post-MPT topography (Fig. 4F). The spectral 
shift is most apparent where data quality is best and volcanic overprint is minimal. Data 
quality of both Composite Profiles B and C decreases in crust older than the MPT, and 
Composite C appears to have volcanic overprinting in post-MPT crust.  
Time domain comparisons between composite profiles and the δ18O stack are 
weakly suggestive of periods of low sea level associated with deeper bathymetry (Fig. 4D). 
This pattern is most apparent after the MPT when sea level variations were larger and 
occurred predominantly at the 1/100 ka-1 frequency. Calculated coherence between 
composites and δ18O shows a peak to ~58% coherence in all three datasets at ~1/107 ka-1 
(Fig. 4E). Composites A and B display increases in coherence at 1/42 ka-1, with Composite 
A displaying a sharp peak to 58% coherence while Composite B has a broad increase in 
coherence to ~25%. Composite C also shows a broad increase in this region at 1/45 ka-1 to 
37%. No profiles show increases in coherence at 1/21 ka-1. 
Statistical analysis of abyssal hill RMS height for all three composite profiles shows 
an increase in RMS height in post-MPT bathymetry compared to pre-MPT bathymetry 
(Fig. 4B). In pre-MPT profiles average RMS height is 65 ± 7 m whereas in post-MPT 
topography average RMS height is 81 ± 9 m. Two of three composite profiles show an 
increase in characteristic width post-MPT. Average characteristic width pre-MPT is 2.3 ± 
0.4 km, whereas post-MPT average characteristic width is 3.0 ± 0.6 km. Profiles A & C 
are wider post-MPT by 1.5 km and 0.9 km respectively, while profile B’s width decreases 
by 0.4 km (Fig. 4C).  
A.3.2 Juan de Fuca 
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While some spectral analysis results from JdF data split into before and after the 
MPT show an indication of the predicted shift in the power spectra (Fig. 5), many do not 
(Figs. 6-8). Basement profiles suggest a shift in spectral power at the MPT at the Endeavor 
segment (Fig. 5C), but not at Northern Symmetric, the Oregon Transect, or the Cleft 
Segments. Layer 2A data also arguably shows this shift in spectral power at Western 
Endeavor (Fig. 5D), West Northern Symmetric and both Cleft profiles (Figs. 6D & 7D). 
This shift is not observed in crustal thickness profiles (Figs. 5-8).  
Observations in the time domain show some suggestion of a long-term (~million 
year) correlation between the δ18O stack and basement depth (Fig. 5F). Shorter timescale 
visual comparisons between climate proxies and basement are less striking than those at 
the EPR. Coherence with the δ18O stack increases in some profiles near 1/100 ka-1, but not 
consistently across transects or crustal layers. 
Statistical analysis of abyssal hill topography along each profile indicates 
differences that are consistent with the predicted shift at the MPT in both RMS height and 
characteristic width in 2 out of 5 profiles (Fig. 9, Table 1) where comparisons can be made. 
Two additional transects have seamounts overlying post-MPT topography and so are 
excluded from this comparison. Six of seven profiles show greatest characteristic widths 
and all 7 profiles show their greatest RMS heights at crustal ages greater than 2.7 Ma.  
A.4. Discussion 
A.4. 1 Testing the Sea level Hypothesis: EPR 
Results from East Pacific Rise bathymetry data show spectral peaks at Milanković 
frequencies, supporting the suggestion that magma supply to the MOR may be modulated 
by glacial cycles (Fig. 4). The dominant fault spacing of ~36 ka (2km) measured from 
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seafloor sonar studies (e.g. Carbotte et al., 1994) cannot explain the power seen at 
wavelengths of ~100 ka (5.5 km). These results align well with previous EPR bathymetry 
studies (Tolstoy, 2015; Boulahanis et al., 2020), hydrothermal studies (Lund, 2016), and 
crustal thickness analysis (Boulahanis et al., 2020).  
Observations of a shift in spectral energy and abyssal hill height/width at the MPT 
in composite profiles A and C are suggestive that the known change in the dominant 
periodicities of sea level variations may be reflected in EPR abyssal hill characteristics. 
However, the dataset examined is small and effects of increasing sedimentation with crustal 
age need to be further examined (section 4.3) 
A.4.2 Testing the Sea Level Hypothesis: JdF 
Data presented here from the intermediate spreading JdF ridge are not strongly 
suggestive of a relationship between MOR volcanism and Milanković cycle variations in 
crustal accretion. Previous studies have suggested that the likelihood of detecting 
Milanković scale variability may be spreading rate dependent (e.g. Crowley et al., 2015; 
Goff et al., 2015). While Crowley (2015) suggests that intermediate spreading rates have 
admittance ratios best tuned for detecting this signal, Tolstoy (2015) and Goff (2015) 
suggests that the best place to identify these peaks may be at fast spreading rates where 
faulting is less prominent. Olive (2015; 2016) highlights the impacts of faulting, pointing 
out that at intermediate spreading rates, the dominant fault spacing of 3 km is likely to be 
the source of any signal at approximately 1/100 ka-1.  
It is possible that the dominant fault spacing at 3 km (~115 ka) is permeating the 
record at the JdF ridge, making it difficult to identify any shift from pre-MPT to post-MPT. 
Results from statistical analysis of abyssal hill relief place average JdF abyssal hill width 
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for pre- and post-MPT within error of 3km (Fig. 9B), supporting faulting as the primary 
source of both statistical and spectral signals in this dataset. Abyssal hill height and width 
do however increase at crustal ages greater than 2.7 Ma, during a time of relatively reduced 
sea level variability (Fig. 3B). It is noteworthy that the characteristic width in this older 
crust (formed at similar spreading rates to the present) is much greater than the fault spacing 
predicted by Olive (2015) for intermediate spreading rates – clearly factors other than 
spreading rate contribute to fault spacing and abyssal hill relief over long time periods. 
Chapter two of this thesis explores variations in crustal characteristics on the Juan de Fuca 
plate over long time periods (millions of years), with results indicating a spatially 
heterogeneous JdF plate inherited from changes in mode of accretion at the paleo-JdF ridge 
A.4.3 Geologic Noise at MORs 
Sources of geologic noise in our data include: an abundance of off axis seamounts 
with volcanic aprons that overprint topography for tens of kilometers; the presence of small 
and large ridge discontinuities disrupting abyssal hill fabric that leave oblique trending 
wakes in seafloor topography; and variations in magma supply to the ridge axis changing 
the characteristic abyssal hill height and width (e.g. Scheirer and Macdonald 1992; 
Carbotte et al., 1992, 1994). 
EPR transects used in this study are selected on the basis of optimizing the quality 
and length of bathymetry data utilized. Ideally, we would select ridge perpendicular 
transects representing a single flow line formed at one ridge segment, but the above factors 
limit regions where flow lines of sufficient length can be extracted. The use of seafloor 
bathymetry data necessitates consideration of the impact of sedimentation on abyssal hill 
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relief. Sedimentation rates of 16m/Ma (Lonsdale, 1980) could certainly account for the 
differences observed here between pre- and post-MPT RMS heights.  
Of the 7 profiles presented from the JdF, all are known to be affected by geologic 
complexity – the Oregon transect and Western North Symmetric segment have volcanic 
overprint from seamounts in post- MPT data, both Cleft and Endeavor Segment transects 
experienced an increase in magma supply 700 ka which may have lead to decreased abyssal 
hill height and width (Carbotte et al., 2008). The second chapter of this thesis highlights 
seismic evidence of periods of more and less abundant magma supply during crustal 
formation over timescales of millions of years at the JdF. Further, all JdF transects 
presented here cross propagator wakes (Wilson, 1993; 2002). Propagator wakes are a type 
of ridge axis discontinuity where one ridge segment grows (or “propagates”) into 
preexisting crust formed at an adjacent “dying” ridge segment (Hey et al., 1980; Wilson, 
1988), leaving large scale wakes of rotated and sheared crust transferred from one plate to 
another. Undoubtedly the presence of these wakes will diminish our ability to discern 
whether abyssal hills spacing varies at particular timescales.   
A.4. 4 Prior Statistical Approaches vs Spectral Analysis  
Previous statistical studies of abyssal hill width of Goff et al., (1993, 1997, 2015) 
include profiles extending up to 1.2 Ma. Placing our comparable post-MPT bathymetry 
(EPR) and basement (JdF) results within the context of Goff’s compilation of abyssal hill 
width (Fig. 10) aligns well with the interpretation of a shift at intermediate spreading rates 
of 3.7 cm/yr from characteristic width decreasing with spreading rate to increasing width 
with spreading rate. Goff (2015) suggests that this increase in characteristic width at higher 
spreading rates may be induced by Milanković cycle-driven volcanism. 
	 180	
Results from the statistical characterization of abyssal hills at the EPR using Goff’s 
approach show increased characteristic width after the MPT to 3 ± 0.6 km (Fig. 4C), but 
spectral analysis of abyssal hill width shows variation happening at longer ~100 ka (5km) 
wavelengths (Fig. 4F). The discrepancy between these results is indicative of the 
limitations and sensitivities of the statistical and spectral techniques. As shown in figure 
11, bathymetry results can be approximated as a combination of variations at differing 
frequencies. Our data indicate that the Goff statistical approach detects variation happening 
on shorter (~41 ka) timescales, obscuring the 100 ka signal that emerges using other 
techniques. In appendix two of this thesis we provide a more detailed comparison of 
different techniques for the characterization of abyssal hill relief.  
A.5. Conclusions 
Results from JdF data are inconclusive regarding a relationship between sea level 
and melt supply, which we attribute to the small dataset, expected uncertainty in the age 
model, faulting, and the important role of other geologic factors (including volcanic 
overprint, ridge discontinuities etc.). EPR results show variations at periodicities associated 
with sea level change as well as a shift in bathymetric characteristics at the MPT, 
suggesting that there may be a relationship with sea level and EPR abyssal hill topography. 
However, the impacts of geologic noise and particularly sedimentation in this region may 





Figure 1. Bathymetric map of region of study from Juan de Fuca ridge with locations of 






Figure 1. Bathy t i  map of region f study from Juan de Fuca ridge with locations of 
multichannel seismic lines superi d i .
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Figure 2. Bathymetric map of region of study from the East Pacific Rise, derived from a 
compilation of swath sonar data from multiple cruises at 100m grid spacing. Locations of 








Figure 2. Bathymetric map f region of study from the East Pacific Rise, derived 
from a compilation of swath sonar data from multiple cruises at 100m grid spacing. 




Figure 3. Analysis of Lisiecki & Raymo benthic δ18O climate record. A. Lisiecki & Raymo (2005) 
benthic δ18O stack constructed by the correlation of 57 globally distributed benthic δ18O records, 
a proxy for climate and sea level. The time-series is truncated here to concentrate on the 
Pleistotcene epoch. Green line denotes pre MPT (0-1 Ma) and black line denotes post-MPT (1-2.7 
Ma). B. Lisiecki & Raymo (2005) benthic δ18O stack as in A, showing record extending to 5 Ma. 
C. Spectral analysis of δ18O stack for 0-2.7 Ma. Peaks of interest are located at frequencies of 
~1/100 ka-1, 1/41 ka-1, and 1/23 ka-1, associated with Milanković orbital parameters at the same 
frequencies and highlighted in this figure with dashed black lines. D. Spectral analysis of pre-MPT 
data (green) versus post-MPT data (black) shows that while both subsets retain power 
at  the Milanković frequencies, pre-MPT analysis shows greater power in the 1/41 ka-1 frequency 
and post-MPT data has greater power at longer frequencies near 1/100 ka-1. This shift from higher 
frequency power in pre-MPT data to low frequency power in post-MPT data provides a basis of 
comparison with bathymetry and crustal thickness data – if sea level acts as a control on crustal 
thickness then a similar shift should be observable in these datasets. In all spectral plots statistical 
significance is indicated by the bar near the top left of the panel: spectral peaks rising further than 
the distance between the mean background continuum (corresponding to the dot) and 90th 
percentile (top of bar) are interpreted as significant.  
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Figure 4. Results of EPR analysis. A. Locations of long time series  bathymetry composite profiles 
A, B, and C. Superimposed black lines show where profiles are estimated to be of ages less than 1 
Ma (post-MPT), and green lines indicate where crustal ages are 1-2.7 Ma (pre-MPT). Gray shading 
indicates regions of decreased data quality, red shading indicates regions of volcanic overprint. B. 
Results of statistical characterization of abyssal hill RMS height (see text for details) and C. 
abyssal hill characteristic width. Black triangles indicate post-MPT abyssal hill statistics, green 
stars pre-MPT, and blue circles show results for the entire profile. Error bars correspond with 1 
standard deviations. D. Bathymetry of Composites A, B and C (red) compared  with Lisiecki & 
Raymo (2005) benthic δ18O stack (blue). Gray shading highlights regions where benthic δ18O 
levels were low, indicating interglacial high sea level periods. E. Coherence calculated in the 
frequency domain between bathymetry lines and benthic δ18O stack. Maximum  coherence (1) 
would indicate that the profiles are perfectly in phase at that frequency. Frequencies of Milanković 
cycles are shown with dashed black lines. F. Spectral analysis of Composites A, B, and C split 
into Early Pleistocene data (green) versus Late Pleistocene data (black). Frequencies of Milanković 





















































































Figure 4. Results of EPR analysis. A. Locations of long time series  bathymetry composite profi les A, B, and C. Superimposed black lines show where profi les are estimated to be of ages 
less than 1 Ma (post-MPT), and green lines indicate where crustal ages are 1-2.7 Ma (pre-MPT). Gray shading indicates region  of decreased data quality, red shading indicates regions of 
volcanic overprint. B. Results of statistical characterization of abyssal hill RMS height (see text for details) and C. abyssal hill characteristic width. Black triangles indicate post-MPT abyssal 
hill statistics, green stars pre-MPT, and blue circles show results for the ntire profi le. Error bars correspond with 1 standard deviations. D. Bathymetry of C mposites A, B and C (red) 
compared  with Lisiecki & Raymo (2005) benthic δ18O stack (blue). Gray shading highlights regions where benthic δ18O levels were low, indicating interglacial high sea level periods. E. 
Coherence calculated in the frequency domain between bathymetry lines and benthic δ18O stack. Maximum  coherence (1) would indicate that the profi les are perfectly in phase at that 
frequency. Frequencies of Milanković cycles are shown with dashed black lines. F. Spectral analysis of Composites A, B, and C split into Early Pleistocene data (green) versus Late 




Figure 5. Results from JdF Endeavor Segment. A. Coherence calculated for  East Endeavor (dark 
red) and West Endeavor (light red) bathymetry(top), Layer 2A (middle), crustal thickness 
(bottom)  and benthic δ18O stack as a function of frequency. Maximum (100%) coherence would 
indicate 2 time series are perfectly in phase at that frequency. Frequencies of Milanković cycles 
are shown with dashed black lines. B. West and East Endeavor compared (red) with Lisiecki & 
Raymo (2005) benthic δ18O stack (blue) . Gray shading highlights regions where benthic δ18O 
levels were low, indicating interglacial high sea level periods. C. Spectral analysis of East 
Endeavor (top) and West Endeavor (bottom) basement depth split into Early Pleistocene data 
(green) versus Late Pleistocene data (black). Frequencies of Milanković cycles are indicated. D. 
Spectral analysis of East Endeavor (top) and West Endeavor (bottom) layer 2A thickness split into 
Early Pleistocene data (green) versus Late Pleistocene data (black). E. Spectral analysis of East 
Endeavor (top) and West Endeavor (bottom) crustal thickness split into Early Pleistocene data 
(green) versus Late Pleistocene data (black). F. Long time scale comparison of normalized and 
linearly detrended Lisiecki & Raymo (2005) benthic δ18O stack (blue) with normalized and 



























































































































































Figure. 5 Results from JdF Endeavor Segment. A. Coherence calculated for  East Endeavor (dark red) and West Endeavor (light red) bathymetry(top), Layer 2A (middle), crustal thickness 
(bottom)  and benthic δ18O stack as a function of frequency. Maximum (100%) coherence would indicate 2 time series are perfectly in phase at that frequency. Frequencies of Milanković 
cycles are shown with dashed black lines. B. West and East Endeavor compared (red) with Lisiecki & Raymo (2005) benthic δ18O stack (blue) . Gray shading highlights regions where 
benthic δ18O levels were low, indicating interglacial high sea level periods. C. Spectral analysis of East Endeavor (top) and West Endeavor (bottom) basement depth split into Early 
Pleistocene data (green) versus Late Pleistocene data (black). Frequencies of Milanković cycles are indicated. D. Spectral analysis of East Endeavor (top) and West Endeavor (bottom) layer 
2A thickness split into Early Pleistocene data (green) versus Late Pleistocene data (black). E. Spectral analysis of East Endeavor (top) and West Endeavor (bottom) crustal thickness split into 
Early Pleistocene data (green) versus Late Pleistocene data (black). F. Long time scale comparison of normalized and linearly detrended Lisiecki & Raymo (2005) benthic δ18O stack (blue) 
with normalized and linearly detrended basement depths for East (left) and West (right) Endeavor segments. 
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Figure 6. Results from JdF North Symmetric Segment. A. Coherence calculated for East North 
Symmetric (dark red) and West North Symmetric (light red) bathymetry(top), Layer 2A (middle), 
crustal thickness (bottom) and benthic δ18O stack as a function of frequency. Maximum (100%) 
coherence would indicate that 2 time series are perfectly in phase at that frequency. Frequencies 
of Milanković cycles are shown with dashed black lines. B.  West and East North Symmetric 
layered (red) compared with Lisiecki & Raymo (2005) benthic δ18O stack (blue). Gray shading 
highlights regions where benthic δ18O levels were low, indicating interglacial high sea level 
periods. C. Spectral analysis of East North Symmetric (top) and West North Symmetric (bottom) 
basement depth split into Early Pleistocene data (green) versus Late Pleistocene data (black). 
Frequencies of Milanković cycles are indicated. D. Spectral analysis of East North Symmetric (top) 
and West North Symmetric (bottom) Layer 2A thickness split into Early Pleistocene data (green) 
versus Late Pleistocene data (black). E. Spectral analysis of East North Symmetric (top) and West 
North Symmetric (bottom) crustal thickness split into Early Pleistocene data (green) versus Late 
Pleistocene data (black). F. Long time scale comparison of normalized and linearly detrended 
Lisiecki & Raymo (2005) benthic δ18O stack (blue) with normalized and linearly detrended 









































































































































Figure. 6 Results from JdF North Symmetric Segment. A. Coherence calculated for East North Symmetric (dark red) and West North Symmetric (light red) bathymetry(top), Layer 2A (middle), 
crustal thickness (bottom) and benthic δ18O stack as a function of frequency. Maximum (100%) coherence would indicate that 2 time series are perfectly in phase at that frequency. 
Frequencies of Milanković cycles are shown with dashed black lines. B.  West and East North Symmetric layered (red) compared with Lisiecki & Raymo (2005) benthic δ18O stack (blue). 
Gray shading highlights regions where benthic δ18O levels were low, indicating interglacial high sea level periods. C. Spectral analysis of East North Symmetric (top) and West North 
Symmetric (bottom) basement depth split into Early Pleistocene data (green) versus Late Pleistocene data (black). Frequencies of Milanković cycles are indicated. D. Spectral analysis of East 
North Symmetric (top) and West North Symmetric (bottom) Layer 2A thickness split into Early Pleistocene data (green) versus Late Pleistocene data (black). E. Spectral analysis of East North 
Symmetric (top) and West North Symmetric (bottom) crustal thickness split into Early Pleistocene data (green) versus Late Pleistocene data (black). F. Long time scale comparison of 




















Figure 7. Results from JdF Cleft Segment. A. Coherence calculated for East Cleft (dark red) and 
West Cleft (light red) bathymetry(top), Layer 2A (middle), crustal thickness (bottom) with and 
benthic δ18O stack and benthic δ18O stack as a function of frequency. Maximum (100%) 
coherence would indicate that the 2 time series are perfectly in phase at that frequency. Frequencies 
of Milanković cycles are shown with dashed black lines. B.  West and East Cleft layered (red) 
compared with Lisiecki & Raymo (2005) benthic δ18O stack (blue). Gray shading highlights 
regions where benthic δ18O levels were low, indicating interglacial high sea level periods. C. 
Spectral analysis of East Cleft (top) and West Cleft (bottom) basement depth split into Early 
Pleistocene data (green) versus Late Pleistocene data (black). Frequencies of Milanković cycles 
are shown are indicated. D. Spectral analysis of East Cleft (top) and West Cleft (bottom) Layer 2A 
thickness split into Early Pleistocene data (green) versus Late Pleistocene data (black). E. Spectral 
analysis of East Cleft (top) and West Cleft (bottom) crustal thickness split into Early Pleistocene 
data (green) versus Late Pleistocene data (black). F. Long time scale comparison of normalized 
and linearly detrended Lisiecki & Raymo (2005) benthic δ18O stack (blue) with normalized and 
























































































































































Figure. 7 Results from JdF Cleft Segment. A. Coherence calculated for East Cleft (dark red) and West Cleft (light red) bathymetry(top), Layer 2A (middle), crustal thickness (bottom) with and 
benthic δ18O stack and benthic δ18O stack as a function of frequency. Maximum (100%) coherence would indicate that the 2 time series are perfectly in phase at that frequency. Frequencies 
of Milanković cycles are shown with dashed black lines. B.  West and East Cleft layered (re ) compared with Lisiecki & Raymo (2005) ben hic δ18O stack (blue). Gray shading highlights 
regions where benthic δ18O levels were low, indicating interglacial high sea level periods. C. Spectral analysis of East Cleft (top) and West Cleft (bottom) basement depth split into Early 
Pleistocene data (green) versus Late Pleistocene data (black). Frequencies of Milanković cycles are shown are indicated. D. Spectral analysis of East Cleft (top) and West Cleft (bottom) 
Layer 2A thickness split into Early Pleistocene data (green) versus Late Pleistocene data (black). E. Spectral analysis of East Cleft (top) and West Cleft (bottom) crustal thickness split into 
Early Pleistocene data (green) versus Late Pleistocene data (black). F. Long time scale comparison of normalized and linearly detrended Lisiecki & Raymo (2005) benthic δ18O stack (blue) 


















Figure 8. Results from JdF Oregon Transect. A. Coherence calculated for Oregon  basement (top), 
layer 2A(middle) and crustal thickness (bottom) data  (dark red) and benthic δ18O stack vs 
frequency. Maximum (100%) coherence would indicate that the 2 time series  are perfectly in 
phase at that frequency. Frequencies of Milanković cycles are shown with dashed black lines. B. 
Comparison of normalized and linearly detrended Lisiecki & Raymo (2005) benthic δ18O stack 
(blue) with normalized and linearly detrended basement depths for Oregon Transect. C. Oregon 
Transect basement depth (red ) compared with Lisiecki & Raymo (2005) benthic δ18O stack (blue).  
Gray shading highlights regions where benthic δ18O levels were low, indicating interglacial high 
sea level periods. D. Spectral analysis of Oregon Transect Basement depth (left), Layer 2A 




Figure 9. Average abyssal hill RMS heights (A) and characteristic widths (B) for Juan de Fuca 
bathymetry calculated using the least squares linear inversion methodology of Goff (1988). Data 
from crust formed post-MPT (0-1 Ma) is shown in black, data from crust formed pre-MPT (1-2.7 
Ma) is shown in green, and data from prior to 2.7 Ma is shown in red. West flank N. Symmetric 
and the Oregon transect post-MPT results are omitted due to the presences of seamounts obscuring 








Figure 10. Characteristic width as a function of half spreading rate modified from Goff (2015). 
Black symbols are from axial valley MORs, open symbols axial highs, and gray symbols are 
transitional. We add post-MPT data from the EPR (purple) and JdF (blue) as well as dashed lines 





Figure 11. An illustration of how processes occurring at various frequencies may contribute to 
observations of abyssal hill variations. EPR Composite bathymetry line A (black) with sample 
time series at frequencies at 1/500 ka-1 (yellow), 1/100 ka^-1 (orange), 1/41 ka-1 (blue), and 1/16 










Table 1: Results from Goff statical analysis of abyssal hill width and height split into Post-MPT 






A case study of high resolution East Pacific Rise data: evaluating the role of 
segmentation and comparing methods of describing mid-ocean ridge 
generated crustal characteristics. 
 
B.1. Motivation  
Boulahanis et al. (2020) utilize high-resolution crustal imaging of a 25 km long 
region (9°42`N to 9°57`N) of the East Pacific Rise (EPR) extending to crustal ages 
averaging 235 ka to reveal three prominent ridge-parallel zones of 200-800 m thicker crust, 
implying temporally variable crustal production in this region on ∼80 ka timescales. The 
variations observed in crustal thickness and bathymetry data from the EPR are consistent 
with models of mantle melting in response to sea level variations of the Pleistocene, and 
support the hypothesis that variations in sea level may modulate melt supply to mid-ocean 
ridges (MOR).  
One important observation made possible by the high-resolution crustal thickness 
coverage available in this study region is that characteristics of crustal thickness and 
bathymetry may vary along axis at MOR segments delineated by fine scale ridge axis 
discontinuities that were previously thought to be short lived (tens of ka) features. Here we 
present a case study in which we re-examine the crustal thickness and bathymetry data 
from the northern EPR in order to assess (1) how fine-scale segmentation of the ridge axis 
is reflected in our datasets and (2) how different methodological approaches to describing 
MOR generated topography may alternately elucidate and obscure characteristic signals of 
variations in crust and bathymetry.  
B.1.1 A brief overview of segmentation within our study area 
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Three previously identified fine-scale discontinuities are located along the EPR 
ridge axis within our study area, centered at ~9°44’N, 9°48-49’N, and 9°51.5’N (Haymon 
et al., 1991; White et al., 2002, 2006; Haymon and White, 2004; Carbotte et al., 2013). 
Seismic imaging shows disruptions in the mid-crust axial magma lens (Carbotte et al., 
2013) as well as local zones of lower and higher melt content in the uppermost mantle melt 
reservoir (Toomey et al., 2007) from which along-axis segmentation of the modern-day 
magmatic system from crust to upper mantle is inferred (Marjanović et al., 2018). Early 
models suggested that fine-scale discontinuities, like those in our study region, define 
boundaries between short-lived (tens of ka) crustal accretionary units or segments 
(Langmuir et al., 1986; Macdonald et al., 1988) possibly confined to the shallow crust 
(Haymon et al., 1991). 
  High-resolution crustal thickness coverage available in the study region shows that 
some of these small offsets are longer-lived (hundreds of ka) features and that they reflect 
crustal-scale boundaries (Aghaei, 2013; Aghaei et al., 2014). The longevity of these small 
offsets is evident in changes in the character of the Moho reflection at the 9°51.5’ and 
9°56–58’N offsets (Aghaei et al., 2014) and in the v-shaped zone of offset ridges of thicker 
crust extending on the ridge flanks associated with the 9°48-49’N offset (Fig. 1B). While 
previous identification of bathymetric expressions of fine scale segmentation has been 
confined to the ridge axis, here we show changes in characteristics of ridge flank 
bathymetry and crustal thickness roughly coincident with some of these segment 
boundaries, suggestive of long-term differences in accretion processes from one segment 
to the next. 
B.2. Methods 
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We utilize bathymetry and crustal thickness data centered on the EPR from 9°42`N 
to 9°57`N (Fig. 1). For a complete description of the geologic setting and dataset 
processing, see Boulahanis et al. (2020). We exclude data from the northwest portion of 
our study area as data is dominated by the presence of off axis volcanism associated with 
the Lamont seamounts (Fornari et al., 1998). Prior to all analyses we divide our data at the 
ridge axis, evaluating the east and west flank separately. We assess crustal thickness and 
bathymetry data utilizing three different methodological approaches – spectral analysis, 
statistical evaluation of characteristic width, and Empirical Orthogonal Function (EOF) 
analysis. Each of these techniques have been asserted to be well suited to describing abyssal 
hill topographic variations in past studies, but no prior study has investigated how these 
different techniques compare to one another when applied to the same dataset.   
 Spectral analysis presented here follows the methodology of Crowley et al. (2015), 
and provides an assessment of the spacings at which abyssal hills are most periodic (Figs. 
2A-5A). We extract profiles perpendicular to the ridge axis every 150 m along axis from 
the bathymetry data and every 300 m along axis from the crustal thickness data. Profiles 
are prepared for spectral analysis by prewhitening (taking the first derivative of the data) 
in order to reduce the slope of the background continuum, facilitating the identification of 
spectral peaks (e.g. Percival & Walden, 1993). Spectral analysis is applied to all 
bathymetric and crustal thickness profiles using a windowed periodogram with a single 
discrete prolate spheroidal sequences taper (ibid). While in the past spectral analysis of 
bathymetry data is often conducted after conversion to crustal age, here we conduct this 
analysis in the spatial domain, and so we do not require any assumptions regarding 
spreading rate history.  
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 Characteristic width calculations are conducted using the methodology described 
in Goff & Jordan (1988) and Goff (1991), and provide a statistical measure of distance 
between the most prominent peaks in our dataset (Fig. 2). This approach models the 
seafloor as a stationary, zero-mean, Gaussian random field that can be described by an 
auto-covariance function which can be solved for using a linearized least squares inversion 
(Goff & Jordan, 1988; Goff 1991). Because of the time investment required for this 
analysis we calculate characteristic width only on selected bathymetric profiles on the 
eastern flank of our dataset. Prior to inverting for characteristic abyssal hill width, we 
downsample bathymetry data to 100 m spacing in order to prepare data for inversion, and 
detrend using a fourth order polynomial fit in order to remove long wavelength trends 
related to crustal subsidence (Goff, pers. comm.). Profiles are shown after down sampling 
and detrending (Fig. 2C), and inversion results including characteristic widths and RMS 
heights of abyssal hills are reported in Table 1.  
EOF analysis is conducted following the methodology of Small et al. (1994), and 
provides a representation of the patterns present within our dataset as well as quantifying 
the percent contribution of each of those patterns to the overall variability of the dataset 
(Figs. 2B-4B). EOF analysis utilizes a singular value decomposition to separate a matrix 
of data into orthogonal modes or basis functions, identifying independent spatial modes 
that best describe the components of variability within the dataset. Because of this, unlike 
the other two methodologies presented here, EOF analysis is not conducted on individual 
profiles but rather on combined profiles making up larger swaths of data. In order to assess 
north-south variations in our dataset we first divide our study area into three sections 
guided by the known locations of ridge axis discontinuities – the south section at 9°38’N 
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to 9°45’N , the mid section at 9°45-9°50’, and the north section at 9°50’ to 9°57N (Fig. 1). 
These sections are defined in these specific locations primarily based on the traceable (in 
crustal thickness data) wake of the fourth-order discontinuity currently located at 9°48’N.  
 Small (1994) showed that the majority of variation in bathymetry can be captured 
by the first 5 modes of the EOF analysis, with the importance of modes (amount of 
variability they explain in the data) decreasing with increasing mode number. EOF results 
for the top 5 modes are presented for each of our sections as well as the entire study area 
on both flanks for the crustal thickness and bathymetry data (Figs 2B-5B). Unfortunately, 
EOF analysis does not provide any quantification of periodicity/spacing of the variability 
within each mode. In order to provide a sense of spatial scale to the output modes, we 
conduct spectral analysis on each mode (as described above) and extract the period of peak 
variability for each mode, reported along with the percentage of variability the mode 
accounts for in Tables 2-5.  
 B.3. Results  
B.3.1 Analyses of bathymetry  
Results of east flank bathymetry spectral analysis show increased spectral power at 
shorter periods (narrower abyssal hills) in the south as compared to the north (Fig. 2A). 
We evaluate our spectral results within the framework of the south, mid, and north sections 
as defined for the EOF analysis in order to better facilitate comparison. Southern section 
spectral results are dominated by power at 1 km, with intermittent power between 1.5 and 
2 km. The mid section shows power concentrated between 1.75 and 2.5 km. In the northern 
section power is dominantly found at periods greater than 3.5 km. This analysis indicates 
a dominant abyssal hill spacing of ~1 km in the south transitioning to closer to 2 km in the 
	 198	
mid section, which then transitions to ~4 km in the north section.  
 The characteristics widths of abyssal hills on the eastern flank of our study area 
indicate variations along axis as well – the northernmost profile analyzed (profile A) width 
is 3.05 ± 0.82 km, profiles B and C 1.14 ± 0.25 and 1.65 ± 0.37 km respectively, and the 
southernmost profile (profile D) at 1.82 ± 0.41 km. Errors reported are one standard 
deviation. Inversions for characteristic width also yield RMS height results for the same 
profiles, reported in Table 1, where we do not observe significant along axis variations 
(average RMS heights are 30 m).  
 EOF analysis of east flank bathymetry is presented for the entire flank as well as 
the north, mid, and south sections (Fig. 2B, Table 2). It is clear from Figure 2B that the 
first mode is dominated by the ridge axis topographic high. Higher order modes likely 
reflect the abyssal hill spacing of our sections. Across modes 2-5 the northern section 
consistently shows power at greater abyssal hill spacings (longer periods) than the mid and 
southern sections.  
 Changes in patterns of variability along axis in west flank bathymetry are less clear 
than those observed on the east flank (Fig. 3). Spectral analysis shows variations at periods 
between 2 and 3 km south of 9.7°N, north of which spectral power shifts to be focused at 
periods of 1 to 1.5 km, with intermittent power at longer periods. No north-south trends in 
dominant periodicity of modes are observed in EOF analysis, with the spacing of maximum 
power consistently between 1 and 2 km for all modes except the first.  
B.3.2 Analyses of crustal thickness 
 Unlike bathymetry, when we evaluate spectral periodicity and EOF mode 
variability in crustal thickness data we are not necessarily measuring abyssal hill width. 
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Crustal thickness fluctuations, thought to be closely related to variations in seafloor relief 
(e.g. Boulahanis et al., 2020), measures the distance between top of oceanic crust and the 
Moho. East flank crustal thickness analysis indicates increased spectral power at ~2.5 km 
south of 9.74°N, at which point spectral power shifts to 4 – 5 km periods. Throughout the 
east flank there is also intermittently increased spectral power at ~0.6 km. Unlike 
bathymetry, in crustal thickness EOF analysis the first mode is not dominated by ridge axis 
morphology and can therefore yield insights regarding the dominant periods of variation, 
and the first mode also does not capture the majority of variation in the dataset. On the east 
flank mode one indicates variations across the entire flank at periods of 3.66 km, with the 
longest periods in the mid section (5.5 km), following by the south (2.2 km) and then the 
north (1.57 km). This pattern is not preserved at higher order modes, however, with the 
south showing the longest periods in mode two, and the north in mode three.  
 West flank crustal thickness results indicate power at 0.76 km in the southernmost 
section (< 9.72°N) before transitioning to power concentrated primarily at 4.5 -5 km for 
most of the south section. In the mid section power abruptly transitions to being 
concentrated between 1 and 1.5 km. In the north section power is more diffusely 
distributed, with intermittent peaks between 0.5 and 4 km. The first mode of EOF analysis 
shows long period variation in the south section at 5.5 km, the mid section dominated by 
widths of 1.37 km, and the north at 1.22 km.  
B.4. Interpretation of results 
B.4.1 Comparison of methodologies for describing MOR accreted crust 
 Previous studies have utilized EOF analysis (Small, 1994), statistical 
characterization (e.g. Goff 1991), and spectral analysis (e.g. Crowley et al., 2015) to 
	 200	
provide quantitative descriptions of the characteristics of seafloor abyssal hill relief. Here 
we provide a comparison study of these three techniques, utilizing the same methodology 
as previous studies, in order to ascertain how these techniques compare when applied to 
the same dataset. In eastern flank bathymetry spectral analysis and EOF analysis indicate 
that there are multiple periods of variability within the dataset, with periods ranging from 
0.75 km to 4.5 km and the dominant period of variation changing from north to south in 
our study area. Statistical characterization of abyssal hill width also indicates variation 
along axis, however this analysis provides only one measure of “characteristic” abyssal hill 
width and height for each profile. All techniques show that for eastern bathymetry, the 
northern section of our study area presents the widest abyssal hills, transitioning to variable 
widths in the mid section, and narrower widths in the south. Generally, these techniques 
broadly agree with one another regarding the dominant abyssal hill spacing/width in each 
region analyzed, but each technique has strengths and shortcomings.  
Spectral analysis provides a relatively straightforward means of describing the 
dominant periods of variability within a bathymetry dataset. However, the usefulness of 
this analysis is dependent on the length of the dataset analyzed and is sensitive to sampling 
interval/data quality. Spectral analysis requires some data preprocessing, and an 
understanding of transformations between the spatial and frequency domain. Quantifying 
uncertainty in spectral analysis presents a challenge and is often overlooked altogether, as 
is physical interpretation of the meaning of increased spectral power in the geologic 
context. A further complication of this technique exists in the various approaches to 
spectral analysis – here we utilize the multitaper method after Crowley et al. (2015), 
however there are a variety of valid approaches for spectral analysis (e.g. Welch method 
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as used in Tolstoy, 2015) that often yield disparate results, and there does not exist a 
concise, clear, open-access guide in the literature comparing the pros and cons of each 
spectral technique.  
Characteristic width calculations are perhaps the most direct means of 
quantitatively evaluating abyssal hill characteristics, with inversion results returning a 
measure of abyssal hill height/width (among other measures not discussed here) along with 
one standard deviation uncertainty. However, this analysis requires the assumption that 
bathymetric variations occur dominantly at a single period and ignores the presence of any 
other variations at different periodicities within the dataset. This simplifying assumption is 
not supported by the other techniques explored in this study, and visual examination of 
bathymetric profiles show evidence of variation at multiple periods. Comparing 
calculations of characteristic width with results of spectral analysis match in overall trends 
(i.e. wider hills are found in our north section as compared to the south), however the exact 
measures are different between these analyses. Comparing these differences with a visual 
examination of EPR profiles (Fig. 2C) suggests that the characteristic width calculation 
may be most sensitive to the high amplitude shorter period variations in data. A further 
complication in characteristic width analysis of this type is that, while the mathematical 
framework is provided in Goff & Jordan (1988), implementing this analysis in practice is 
complex and no distributed software or open source programming package is available to 
make this type of analysis universally utilizable.  
 EOF analysis decomposes data into the primary modes of variability, providing 
evidence of multiple periods within a dataset and quantifying the percent of data variability 
that can be attributed to each mode. However, this analysis does not provide any 
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quantitative description of the characteristics of output modes, making it insufficient to 
describe abyssal hill width without utilizing an additional technique aimed to describe 
mode variability. In this study we utilize spectral analysis to provide a quantitative measure 
of the period of variability of each mode, however this approach is imperfect in its current 
implementation in that it requires the use of an additional technique and simplifies modes 
to varying at a single characteristic periodicity which is likely to seldom be the case. 
 Each of these techniques provides a reasonable means of describing abyssal hill 
width, and nothing in our comparison suggests there is a best approach to this analysis. 
Each approach provides its own insight into components of abyssal hill width, and ideally, 
they can be used in concert with one another to provide the most comprehensive description 
of bathymetric variations.  
B.4.2 Evidence of segment scale variations in MOR generated topography 
 Results of this study indicate that fine scale ridge segmentation plays a role in 
shaping MOR generated crust. East flank analyses are particularly striking, with both 
bathymetry and crustal thickness results indicating shifts in data north and south of the 
discontinuity at ~9°48’N. In the south, abyssal hills are generally narrower on the east flank 
as compared to the north. East flank crustal thickness data shows the same pattern, with 
southern section crustal thickness variations narrower than those observed in the northern 
section. This along axis variability is less clear in western flank bathymetry analyses, 
however there is some suggestion of along axis changes in west flank crustal thickness 
analysis. West flank crustal thickness results indicate longer period variability in the 
southern section as compared to the mid and northern sections – this observation of south 
to north decreasing period of variability is opposite in sense from the east flank. Differences 
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across these two flanks have been attributed to asymmetric spreading accommodated by 
small (hundreds of meters to kilometer-scale) jumps in the locus of accretion within 
individual spreading segments (e.g. Boulahanis et al., 2020). 
 Observations presented here support the presence of two separate accretionary 
regions within our study area – one south of the fourth order discontinuity at ~9°48’N, and 
one north of it, with a region of crust/bathymetry disrupted by the wake of this 
discontinuity. It is noteworthy that this high order discontinuity, which was previously 
considered to be a short lived ephemeral feature, presents such a significant boundary in 
our data. This observation warrants further consideration of the role that higher order 
segmentation may play in shaping MOR generated crust.  
  
 




Figure 1. Seafloor bathymetry and crustal thickness data from the East Pacific Rise. (A) 
Bathymetry with outline of region of crustal thickness data superimposed (white line). Data 
subdivision for EOF analysis sections are outlined – the south section at 9°38’N to 9°45’N in red, 
the mid section at 9°45-9°50’N in blue, and the north section at 9°50’ to up to 9°57N in green – 
all boundary latitudes are approximate. Each of these subsets are further divided at the ridge axis, 
with the east and west flank evaluated separately (Figs. 2-5). In the case of the northern section 
the eastern flank includes data extending further north than the western flank due to the presence 
of Sasha Seamount, located in the northwest corner of the study region. Yellow dashed lines 
indicate the profiles where we calculate characteristics width and RMS height, with letters 
indicating profile names (Fig. 2C). (B) Map of crustal thickness as in Aghaei (2013) and 
Boulahanis et al., (2020). Boundaries of subsections are superimposed, and are somewhat different 
from those indicated in bathymetry data (A) in order to account for the presence of data gaps. 
Numbers indicate the location of thick crust regions described in Boulahanis et al. (2020). Also 
indicated are the presence of previously identified ridge-axis discontinuities (black boxes), and 




Figure 2. Results of eastern flank bathymetry analyses. (A) Spectral analysis of eastern flank 
bathymetry profiles using the multitaper method with a single taper after prewhitening (section 2) 
plotted by latitude of the ridge axis crossing of each profile, with warmer colors indicating greater 
spectral energy. Red, blue, and green boxes outline the south, mid, and north sections (as in Fig. 
1A) respectively. Black arrows indicate the geographic locations of characteristic width statistical 
analysis profiles A-D (lettered north to south). (B) Empirical orthogonal function (EOF) analysis 
results for the whole eastern flank (bold black), south (red), mid (blue), and north (green) sections 
for the top five modes (Table 2). Values on the y-axis are normalized, providing a dimensionless 
intuition for height. (C) Bathymetric profiles A-D extracted from locations as indicated in Figure 





Figure 3. Results of western flank bathymetry analyses. (A) Spectral analysis of western flank 
bathymetry profiles using the multitaper method with a single taper after prewhitening (section 2) 
plotted by latitude of the ridge axis crossing of each profile, with warmer colors indicating greater 
spectral energy. Annotated as in 2A. (B) EOF analysis results for the whole western flank (bold 
black), south (red), mid (blue), and north (green) sections for the top five modes (Table 3). Values 




Figure 4. Results of eastern flank crustal thickness analyses. (A) Spectral analysis of eastern flank 
crustal thickness profiles using the multitaper method with a single taper after prewhitening 
(section 2) plotted by latitude of the ridge axis crossing of each profile, with warmer colors 
indicating greater spectral energy. Annotated as in 2A. (B) EOF analysis results for the whole 
eastern crustal thickness dataset (bold black), south (red), mid (blue), and north (green) sections 
for the top five modes (Table 4). Values on the y-axis are normalized, providing a dimensionless 





Figure 5. Results of western flank crustal thickness analyses. (A) Spectral analysis of western 
flank crustal thickness profiles using the multitaper method with a single taper after prewhitening 
(section 2) plotted by latitude of the ridge axis crossing of each profile, with warmer colors 
indicating greater spectral energy. Annotated as in 2A. (B) EOF analysis results for the whole 
western crustal thickness dataset (bold black), south (red), mid (blue), and north (green) sections 
for the top five modes (Table 5). Values on the y-axis are normalized, providing a dimensionless 


















Table 1. Characteristic width & RMS heights of east flank bathymetry 
 RMS Height (m) Characteristic Width (km) 
Profile A 35 ± 6 3.05 ± 0.82 
Profile B 27± 3 1.14 ± 0.25 
Profile C 30 ± 4 1.65 ± 0.37 
Profile D 38 ± 5 1.82 ± 0.41 
 
Table 2.  EOF analysis of east flank bathymetry 
Mode  % Variability Spacing of Max Power (km) 
  W N M S W N M S 
1 44 59 62 54 1.92 4.17 4.17 1.92 
2 6 7 6 6 3.13 5.00 0.83 3.13 
3 4 4 3 4 5.00 3.13 2.50 1.56 
4 3 3 3 3 2.50 2.50 0.50 0.93 
5 2 2 2 2 3.13 1.79 0.69 1.04 
W indicates EOF analysis conducted across the whole east flank, N the north section, M the 
mid section, S the southern section. 
% variability reports the percent of total profile variability that can be described by each 
mode.  
Spacing of max power reports the period at which each mode shows maximum spectral 
power.  
 
Table 3.  EOF analysis of west flank bathymetry 
Mode  % Variability Spacing of Max Power (km) 
  W N M S W N M S 
1 38 50 58 50 25.00 12.50 1.39 25.00 
2 9 12 9 5 1.92 1.92 1.32 1.09 
3 4 6 4 5 1.14 1.79 1.92 1.39 
4 4 5 3 3 1.39 1.39 0.51 1.32 
5 3 3 2 3 1.09 1.92 0.58 1.79 
W indicates EOF analysis conducted across the whole east flank, N the north section, M the 
mid section, S the southern section. 
% variability reports the percent of total profile variability that can be described by each 
mode.  





Table 4.  EOF analysis of east flank crustal thickness 
Mode  % Variability Spacing of Max Power (km) 
  W N M S W N M S 
1 27 42 38 37 3.66 1.57 5.49 2.20 
2 11 12 14 19 2.75 0.58 0.85 2.75 
3 8 8 8 8 0.61 1.00 0.85 0.61 
4 6 6 5 4 3.66 0.58 0.61 0.61 
5 5 4 3 4 1.00 0.48 0.78 0.61 
W indicates EOF analysis conducted across the whole east flank, N the north section, M the mid 
section, S the southern section. 
% variability reports the percent of total profile variability that can be described by each mode.  
Spacing of max power reports the period at which each mode shows maximum spectral power.  
 
 
Table 5.  EOF analysis of west flank crustal thickness 
Mode  % Variability Spacing of Max Power (km) 
  W N M S W N M S 
1 20 26 32 38 3.66 1.22 1.37 5.49 
2 13 20 15 14 5.49 1.00 1.37 0.78 
3 10 8 12 10 1.00 1.10 1.00 0.69 
4 6 7 6 7 1.22 0.85 0.73 2.20 
5 4 5 4 4 1.22 2.75 0.78 1.37 
W indicates EOF analysis conducted across the whole east flank, N the north section, M the mid 
section, S the southern section. 
% variability reports the percent of total profile variability that can be described by each mode.  
Spacing of max power reports the period at which each mode shows maximum spectral power.  
 
